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Preface

This book is the sequel to Palaeomagnetism and Plate Tectonics written by
Michael W. McElhinny, first published in 1973. The aim of that book was to
explain the intricacies of paleomagnetism and of plate tectonics and then to
demonstrate that paleomagnetism confirmed the validity of the new paradigm.
Today it is no longer necessary to explain plate tectonics, but paleomagnetism
has progressed rapidly over the past 25 years. Furthermore, magnetic anomaly
data over most of the oceans have been analyzed in the context of sea-floor
spreading and reversals of the Earth’s magnetic field. Oceanic data can also be
used to determine paleomagnetic poles by combining disparate types of data,
from deep-sea cores, seamounts, and magnetic anomalies. Our aim here is to
explain paleomagnetism and its contribution in both the continental and the
oceanic environment, following the general outline of the initial book. We
demonstrate the use of paleomagnetism in determining the evolution of the
Earth’s crust.

Our intention has been to write a text that can be understood by Earth-science
undergraduates at about second-year level. To make the text as accessible as
possible, we have kept the mathematics to a minimum. The book can be
considered a companion volume to The Magnetic Field of the Earth by Ronald
T. Merrill, Michael W. McElhinny, and Phillip L. McFadden, which was
published in the same series in 1996. There is inevitably some overlap between
the books, occurring mostly in Chapter 4. However, the emphasis is different,
with this text concentrating more on the geological aspects.

Chapter 1 introduces geomagnetism and explains the basis of paleomagnetism
in that context. It follows the original book quite closely. Chapter 2 is about rock
magnetism and the magnetic minerals that are important in paleomagnetism. The
theory of rock magnetism is an essential part of understanding how and why
paleomagnetism works. Chapter 3 deals with field and laboratory methods and
techniques. The chapter concludes with a summary of some methods for
identifying magnetic minerals. Chapter 4 describes the evidence for magnetic
field reversals and their paleomagnetic applications. The development of the

xi



xii Preface

geomagnetic polarity time scale and its application to magnetostratigraphy are
highlighted, together with the analysis of reversal sequences.

Oceanic paleomagnetism, including the modeling and interpretation of marine
magnetic anomalies, is discussed in Chapter 5. Methods for determining pole
positions using oceanic paleomagnetic data are also covered. Global maps in
color show the age of the ocean floor and of the evolution of the Pacific Ocean.
Chapter 6 summarizes the results from continental paleomagnetism and includes
methods of data selection and combination to produce apparent polar wander
paths. Reference apparent polar wander paths are then compiled and presented
for each of the Earth’s major crustal blocks.

Chapter 7 puts it all together and relates the results to global tectonics. Here we
emphasize only the major features of global tectonic history that can be deduced
from paleomagnetism. Van der Voo (1993) gives an excellent detailed account of
the application of paleomagnetism to tectonics, and it is not our intention, in a
single chapter, to provide readers with that level of detail and analysis. Color
paleogeographic maps illustrate continental evolution since the Late Permian. A
new and exciting development in global tectonics is the hypothesis of a
Neoproterozoic supercontinent named Rodinia. Paleomagnetism is playing and
will continue to play an important role in determining its configuration and
evolution. With this in mind we discuss Earth history from 1000 Ma to the
present through a combination of geology with paleomagnetism.

In writing the book we have had discussions with many colleagues. We thank
Jean Besse, Dave Engebretson, Dennis Kent, Zheng-Xiang Li, Roger Larson,
Dietmar Miiller, Andrew Newell, Neil Opdyke, Chris Powell, Phil Schmidt,
Chris Scotese, Jean-Pierre Valet, and Rob Van der Voo for their assistance in
providing us with materials. Our special thanks go to Charlie Barton, Steve
Cande, Jo Lock, Helen McFadden, Ron Merrill, and Sergei Pisarevsky, who read
parts of the book and made valuable comments. Mike McElhinny thanks Vincent
Courtillot and the Institute de Physique du Globe de Paris for providing financial
assistance for a visit to that institute in 1997, during which time he commenced
writing the book. Phil McFadden thanks Helen Hunt and Christine Hitchman for
their assistance in preparing the manuscript, and Neil Williams and Trevor
Powell for their continued support.

Hat Head and Canberra Michael W. McElhinny
April 1999 Phillip L. McFadden



Chapter One

Geomagnetism and Paleomagnetism

1.1 Geomagnetism

1.1.1 Historical

The properties of lodestone (now known to be magnetite) were known to the
Chinese in ancient times. The earliest known form of magnetic compass was
invented by the Chinese probably as early as the 2 century B.C., and consisted
of a lodestone spoon rotating on a smooth board (Needham, 1962; see also
Merrill et al., 1996). It was not until the 12" century A.D. that the compass
arrived in Europe, where the first reference to it is made in 1190 by an English
monk, Alexander Neckham. During the 13® century, it was noted that the
compass needle pointed toward the pole star. Unlike other stars, the pole star
appeared to be fixed in the sky, so it was concluded that the lodestone with
which the needle was rubbed must obtain its “virtue” from this star. In the same
century it was suggested that, in some way, the magnetic needle was affected by
masses of lodestone on the Earth itself. This produced the idea of polar lodestone
mountains, which had the merit at least of bringing magnetic directivity down to
the Earth from the heavens for the first time (Smith, 1968).

Roger Bacon in 1216 first questioned the universality of the north-south
directivity of the compass needle. A few years later Petrus Peregrinus questioned
the idea of polar lodestone deposits, pointing out that lodestone deposits exist in
many parts of the world, so why should the polar ones have preference? Petrus
Peregrinus reported, in his Epistola de Magnete in 1269, a remarkable series of
experiments with spherical pieces of lodestone (Smith, 1970a). He defined the
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concept of polarity for the first time in Europe, discovered magnetic meridians,
and showed several ways of determining the positions of the poles of a lodestone
sphere, each method illustrating an important magnetic property. He thus
discovered the dipolar nature of the magnet, that the magnetic force is both
strongest and vertical at the poles, and became the first person to formulate the
law that like poles repel and unlike poles attract. The Epistola bears a remarkable
resemblance to a modern scientific paper. Peregrinus used his experimental data
as a source for new conclusions, unlike his contemporaries who sought to
reconcile observations with pre-existing speculation. Although written in 1269
and widely circulated during the succeeding centuries, the Epistola was not
published in printed form under Peregrinus’ name until 1558.

Magnetic declination was known to the Chinese from about 720 A.D.
(Needham, 1962; Smith and Needham, 1967), but knowledge of this did not
travel to Europe with the compass. It was not rediscovered until the latter part of
the 15™ century. By the end of that century, following the voyages of Columbus,
the great age of exploration by sea had begun and the compass was well
established as an aid to navigation. Magnetic inclination (or dip) was discovered
by Georg Hartmann in 1544, but this discovery was not publicized. In 1576 it
was independently discovered by Robert Norman. Mercator, in a letter in 1546,
first realized from observations of magnetic declination that the point which the
needle seeks could not lie in the heavens, leading him to fix the magnetic pole
firmly on the Earth. Norman and Borough subsequently consolidated the view
that magnetic directivity was associated with the Earth and began to realize that
the cause was not the polar region but lay closer to the center of the Earth.

In 1600, William Gilbert published the results of his experimental studies in
magnetism in what is usually regarded as the first scientific treatise ever written,
entitled De Magnete. However, credit for writing the first scientific treatise
should probably be given to Petrus Peregrinus for his Epistola de Magnete;
Gilbert, whose work strongly influenced the course of magnetic study, must
certainly have leaned heavily on this previous work (Smith, 1970a). He
investigated the variation in inclination over the surface of a piece of lodestone
cut into the shape of a sphere and summed up his conclusions in his statement
“magnus magnes ipse est globus terrestris” (the Earth globe itself is a great
magnet). Gilbert’s work, confirming that the geomagnetic field is primarily
dipolar, thus represented the culmination of many centuries of thought and
experimentation on the subject. His conclusions put a stop to the wild
speculations that were then common concerning magnetism and the magnetic
needle. Apart from the roundness of the Earth, magnetism was the first property
to be attributed to the body of the Earth as a whole. Newton’s theory of
gravitation came 87 years later with the publication of his Principia.
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1.1.2 Main Features of the Geomagnetic Field

If a magnetic compass needle is weighted so as to swing horizontally, it takes up
a definite direction at each place and its deviation from geographical or true
north is called the declination (or magnetic variation), D. In geomagnetic studies
D is reckoned positive or negative according as the deviation is east or west of
true north. In paleomagnetic studies D is always measured clockwise (eastwards)
from the present geographic north and consequently takes on any angle between
0° and 360°. The direction to which the needle points is called magrnetic north
and the vertical plane through this direction is called the magrnetic meridian. A
needle perfectly balanced about a horizontal axis (before being magnetized), so
placed that it can swing freely in the plane of the magnetic meridian, is called a
dip needle. After magnetization it takes up a position inclined to the horizontal
by an angle called the inclination (or dip), I. The inclination is reckoned positive
when the north-seeking end of the needle points downwards (as in the northern
hemisphere) or negative when it points upwards (as in the southern hemisphere).
The main elements of the geomagnetic field are illustrated in Fig. 1.1. The
total intensity F, declination D, and inclination /, completely define the field at
any point. The horizontal and vertical components of F are denoted by H and Z.
Z is reckoned positive downwards as for /. The horizontal component can be

X North (geographic)

Fig. 1.1. The main elements of the geomagnetic field. The deviation, D, of a compass needle from
true north is referred to as the declination (reckoned positive eastwards). The compass needle lies in
the magnetic meridian containing the total field F, which is at an angle /, termed the inclination (or
dip), to the horizontal. The inclination is reckoned positive downwards (as in the northern
hemisphere) and negative upwards (as in the southern hemisphere). The horizontal (H) and vertical
(Z) components of [ are related as given by (1.1.1) to (1.1.3). From Merrill et al. (1996).
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resolved into two components, X (northwards) and Y (eastwards). The various
components are related by the equations:

H=Fcosl, Z=Fsinl, tanl=Z/H; (1.1.1)
X=HcosD, Y=HsinD, tanD=Y/ X ; (1.1.2)
FaH 172 = X2+ V2 1 22, (1.1.3)

Variations in the geomagnetic field over the Earth’s surface are illustrated by
isomagnetic maps. An example is shown in Fig. 1.2, which gives the variation of
inclination over the surface of the Earth for the year 1995. A complete set of
isomagnetic maps for this epoch is given in Merrill ef al. (1996). The path along
which the inclination is zero is called the magnetic equator, and the magnetic
poles (or dip poles) are the principal points where the inclination is vertical, i.e.
1+90°. The north magnetic pole is situated where / = +90°, and the south magnetic
pole where I = -90°. The strength, or intensity, of the Earth’s magnetic field is
commonly expressed in Tesla (T) in the SI system of units (see §2.1.1 for
discussion of magnetic fields). The maximum vaiue of the Earth’s magnetic field
at the surface is currently about 70 uT in the region of the south magnetic pole.
Small variations are measured in nanotesla (1 nT = 10”° T).

Gilbert’s observation that the Earth is a great magnet, producing a magnetic
field similar to a uniformly magnetized sphere, was first put to mathematical
analysis by Gauss (1839) (see §1.1.3). The best-fit geocentric dipole to the
Earth’s magnetic field is inclined at 10%° to the Earth’s axis of rotation. If the
axis of this geocentric dipole is extended, it intersects the Earth’s surface at two
points that in 1995 were situated at 79.3°N, 71.4°W (in northwest Greenland)

Fig. 1.2. Isoclinic (lines of constant inclination) chart for 1995 showing the variation of inclination
in degrees over the Earth’s surface.
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Geomagnetic

north pole\l Qj Geographic pole
North magnetic
pole (I = +90%)
™ 1o
Geographic
equator Al Go oma?,\\e‘
/ ,,""7_\ T, - cq“,)XOY
Magnetic cquator Best fitting
(=0) dipole
South magnetic
¢ pole ({ = -90°)
S \Geomagnetic
Geographic pole south pole

Fig. 1.3. Illustrating the distinction between the magnetic, geomagnetic, and geographic poles and
equators. From McElhinny (1973a).

and 79.3°S, 108.6°E (in Antarctica). These points are called the geomagnetic
poles (boreal and austral, or north and south respectively) and must be carefully
distinguished from the magnetic poles (see preceding paragraph). The great
circle on the Earth’s surface coaxial with the dipole axis and midway between
the geomagnetic poles is called the geomagnetic equator and is different from
the magnetic equator (which is not in any case a circle). Figure 1.3 distinguishes
between the magnetic elements (which are those actually observed at each point)
and the geomagnetic elements (which are those related to the best fitting
geocentric dipole).

In 1634, Gellibrand discovered that the magnetic inclination at any place
changed with time. He noted that whereas Borough in 1580 had measured a
value of 11.3°E for the declination at London, his own measurements in 1634
gave only 4.1°E. The difference was far greater than possible experimental error.
The gradual change in magnetic field with time is called the secular variation
and is observed in all the magnetic elements. The secular variation of the
direction of the geomagnetic field at London and Hobart since about 1580 is
shown in Fig. 1.4. At London the changes in declination have been quite large,
from 11£°E in 1576 to 24°W in 1823, before turning eastward again. For a
similar time interval the declination changes in Hobart have been less extreme.
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Declination
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Fig. 1.4. Variation in declination at London, England (51.5°N) and at Hobart, Tasmania (42.9°S)
from observatory measurements. The earliest measurement in the Tasmanian region was made by
Abel Tasman at sea in 1642 in the vicinity of the present location of Hobart. Pre-observatory data
have been derived also by interpolation from isogonic charts. From Merrill and McElhinny (1983).

The distribution of the secular variation over the Earth’s surface can be
represented by maps on which lines called isopors are drawn, joining points that
show the same annual change in a magnetic element. These isoporic maps show
that there are several regions on the Earth’s surface in which the isoporic lines
form closed loops centered around foci where the secular changes are the most
rapid. For example, there are several foci on the Earth’s surface where the total
intensity of the geomagnetic field is currentlly changing rapidly, with changes of
up to about 120 nT yr'1 (from -117 nT yr~ at 48.0°S, 1.8°E to +56 nT yr'1 at
22.5°S, 70.8°E). Isoporic foci are not permanent but move on the Earth’s surface
and grow and decay, with lifetimes on the order of 100 years. The movements
are not altogether random but have shown a westward drifting component in
historic times. Because declination is the most important element for navigation,
records of it have been kept by navigators since the early part of the 16" century.
These records show that the point of zero declination on the equator, now
situated in northeast Brazil, was in Africa four centuries ago.

Spherical harmonic analysis of the geomagnetic field (§1.1.3), first undertaken
by Gauss in 1839, has been repeated several times since for succeeding and
earlier epochs. When the field of the best fitting geocentric dipole (the main
dipole) is subtracted from that observed over the surface of the Earth, the
residual is termed the nondipole field, the vertical component of which is
illustrated in Fig 1.5 for epoch 1995. The magnetic moment of the main dipole
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g 7 9 e
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Fig. 1.5. The vertical component of the nondipole field for 1995. Contours are labeled in units of
1000 nT.

has decreased at the rate of about 6.5% per century since the time of Gauss’ first
analysis (§1.1.4). However, the largest (percentage) changes in the geomagnetic
field are associated with the nondipole part of the field. Bullard et al. (1950)
analyzed geomagnetic data between 1907 and 1945 and determined the average
velocity of the nondipole field to be 0.18° per year westward, the so-called
westward drift of the nondipole field. Bloxham and Gubbins (1985, 1986) used
the records of ancient mariners to extend the spherical harmonic analyses back to
1715. The general view is that the westward drift is really only a recent
phenomenon and has been decreasing up to the present time. The dominant
feature of secular variation is, in fact, growth and decay.

1.1.3 Origin of the Main Field

In the absence of an appropriate analysis, it was not known whether the magnetic
field observed at the surface of the Earth was produced by sources inside the
Earth, by sources outside the Earth or by electric currents crossing the surface.
Gauss (1839) was the first to express the problem in mathematical form, and to
determine the general location of the source. In the absence of currents crossing
the surface of the Earth, the field there can be derived from a potential function
V that satisfies Laplace’s equation (i.e., vy = 0) and can be expanded as a series
of surface spherical harmonics. If the field is of internal origin (which means that
the field should decrease as a function of increasing distance r from the center of
the Earth) and the Earth is assumed to be a sphere of radius ¢, then the potential
V (in units of ampere) at colatitude (i.e., 90° minus the latitude) 6 and longitude
¢ can be represented as a series of spherical harmonics in the form:
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o0

! I+1
V=—a—zz 4 P"(cosB) g/ cosmd+ A" sinm), (1.1.4)
Ko I=1 m=0 r

where F" is the Schmidt quasi-normalized form of the associated Legendre
function P, of degree / and order m. See Merrill et al. (1996) for more detail.
The coefficients g and A" are called the Gauss coefficients (Chapman and
Bartels, 1940, 1962). In order to have the same numerical value for these
coefficients as they had in the cgs emu system of units, they are now generally
quoted in nanotesla (units of magnetic induction, see Table 1.1). Therefore, in
(1.1.4) the factor , is included to correct the dimensions on the right-hand side
for g, A in nT. It is apparent from (1.1.4) that the surface harmonic for a given r
is simply a Fourier function around a line of latitude (colatitude) multiplied by
an associated Legendre function along a line of longitude. In his analysis, Gauss
(1839) included terms for sources outside the Earth, whose variation with
distance from the center would take the form (#/a) instead of (a/#)*! as in
(1.1.4). He showed there were no electric currents crossing the Earth’s surface
and, importantly, that any coefficients relating to a field of external origin were
all zero. He concluded, therefore, that the magnetic field was solely of internal
origin. In practice the external field is not totally absent but a small contribution
from electric currents in the ionosphere is present, amounting to about 30 nT.
The International Association of Geomagnetism and Aeronomy (IAGA)
publishes estimates of the values of the coefficients g" and 4" at five-yearly
intervals that are referred to as the International Geomagnetic Reference Field
(IGRF), together with estimates of the secular variation to be expected in these

TABLE 1.1

IGRF 1995 Epoch Model Coefficients up to Degree 4
Main field (nT) Secular change (nT yr'1)

! m g h g h

1 0 -29,682.0 0.0 17.60 0.00
1 1 -1,789.0 5,318.0 13.00 -18.30
2 0 -2,197.0 0.0 -13.20 0.00
2 1 3,074.0 -2,356.0 3.70 -15.00
2 2 1,685.0 -425.0 -0.80 -8.80
3 0 1,329.0 0.0 1.50 0.00
3 1 -2,268.0 -263.0 -6.40 4.10
3 2 1,249.0 302.0 -0.20 220
3 3 769.0 -406.0 -8.10 -12.10
4 0 941.0 0.0 0.80 0.00
4 1 782.0 262.0 0.90 1.80
4 2 291.0 -232.0 -6.90 1.20
4 3 -421.0 98.0 0.50 2.70
4 4 116.0 -301.0 -4.60 -1.00
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coefficients over the next 5 years. The 1995 epoch IGRF has Gauss coefficients
truncated at degree 10 (corresponding to 120 coefficients) and degree 8 for the
secular variation; this is regarded as a practical compromise to produce a well-
determined main field model. The IGRF 1995 epoch model coefficients up to
degree 4 are listed in Table 1.1; for degrees greater than 4 the magnitude of the
coefficients falls off quite rapidly with increasing degree. Harmonics of order
zero are referred to as zonal harmonics, with coefficients gf) , gg, gg , etc which
are the coefficients for the geocentric axial dipole, geocentric axial quadrupole,
geocentric axial octupole, and so on, respectively. All the other terms are the
nonzonal harmonics. For convenience, the coefficients are typically referred to
as if they were the harmonic; thus, g," is used to refer to the harmonic of degree
!/ and order m. The main field is dominated by the geocentric axial dipole term
( gl0 ), then the equatorial dipole ( gl1 and hll ). The latter causes the main dipole
to be inclined to the axis of rotation by about 10'%°. As a simplistic separation,
the Gauss coefficients less than degree 14 are generally attributed to sources in
the Earth’s liquid core and those greater than degree 14 to sources in the Earth’s
crust. See Merrill ef al. (1996) for more details on the Gauss coefficients and
their analysis.

The dynamo theory of the Earth’s magnetic field originates from a suggestion
of Larmor (1919) that the magnetic field of the Sun might be maintained by a
mechanism analogous to that of a self-exciting dynamo. Elsasser (1946) and
Bullard (1949) followed up this suggestion proposing that the electrically
conducting iron core of the Earth acts like a self-exciting dynamo and produces
electric cuirents necessary to maintain the geomagnetic field. The action of such
a dynamo is simplistically illustrated by the disc dynamo in Fig. 1.6. If a
conducting disc is rotated in a small axial magnetic field, a radial electromotive

A ®
4 )
Magnetic
Field
>

Fig. 1.6. The disc dynamo. A torque is applied to rotate a conducting disc at angular speed o in a
magnetic field aligned along the axis of the disc. An electric current, induced in the rotating disc,
flows outward to the edge of the disc where it is tapped by a brush attached to a wire. The wire is
wound back around the axis of the disc in such a way as to reinforce the initial field.
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force is generated between the axis and the edge of the disc. A coil in the
external circuit is placed coaxial with the disc so as to produce positive feedback
so that the magnetic field it produces reinforces the initial axial field. This causes
a larger current to flow because of the increased emf and the axial field is
increased further, being limited ultimately by Lenz’s law, the electrical
resistance of the circuit, and the available mechanical power. The main point is
that starting from a very small field, perhaps a stray one, it is possible to generate
a much larger field.

In the simple disc dynamo of Fig. 1.6, the geometry (and therefore the current
path) is highly constrained and all the parts are solid. That makes solution of the
relevant equations, and understanding of the process, relatively simple. In the

Magnetic Field Velocity Field
(a)

—

/\ZD

(b)

Fig. 1.7. Production of a toroidal magnetic field in the core. (a) An initial poloidal magnetic field
passing through the Earth’s core is shown on the left, and an initial cylindrical shear motion of the
fluid (i.e., with no radial component) is shown on the right. (b) The interaction between the fluid
motion and the magnetic field in (a) is shown at three successive times moving from left to right.
The fluid motion is only shown on the left by dotted lines. After one complete circuit two new
toroidal magnetic field loops of opposite sign have been produced. After Parker (1955).

Poloidal

e
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Earth there is a homogeneous, highly electrically conductive, rapidly rotating,
convecting fluid that forms the dynamo. This highly unconstrained situation,
together with the need to include equations such as the equation of state of the
fluid and the Navier—Stokes equation, means that the geodynamo problem is
exceptionally difficult to solve. Despite this, major advances have been made in
recent years. Although the details are necessarily complex, several of the major
concepts are reasonably accessible.

If a magnetic field exists in a perfectly conducting medium, then when the
medium moves, it carries the magnetic field lines along with it according to the
frozen-in-field theorem of Alfvén (1942, 1950). Although the core fluid is not a
perfect conductor, there is still a strong tendency (certainly over short time
scales) for the fluid to drag magnetic field lines along with it. This is central to
dynamo theory because differential motions of the fluid stretch the magnetic
field lines and thereby add energy to the magnetic field. Because the fluid is not
a perfect conductor the magnetic field will diffuse away with time, and so it is
necessary for there to be dynamo action to add energy back into the magnetic
field to overcome this diffusion. Another central concept is that of poloidal and
toroidal fields. Toroidal fields have no radial component and so it is not possible
to observe at the Earth’s surface a toroidal field in the Earth’s core. Conversely,
a poloidal field does have a radial component and the geomagnetic field at the
Earth’s surface is poloidal. The magnetic field can be written as the sum of a
poloidal field and a toroidal field, and many of the concepts of dynamo theory
revolve around the question of how to generate a toroidal field from a poloidal
field and, conversely, how to generate a poloidal field from a toroidal field.

Figure 1.7 illustrates how a toroidal magnetic field can be generated from an
initial poloidal magnetic field using a process referred to as the o—effect. If the
core fluid motion has a toroidal component (relative to the overall rotation of the
Earth), then the highly conducting fluid drags the magnetic field lines along with
it in its toroidal motion as shown in Fig. 1.7b. This stretches the magnetic field
lines, thereby adding energy to the magnetic field, and draws the poloidal field
lines out into toroidal loops. However, the on—effect cannot generate a poloidal
field from an initial toroidal field. Another process, known for historical reasons
as an a—effect, is required for this.

The simplest picture of how the a—effect can occur is provided by convection
in the core together with Alfvén’s frozen flux theorem and helicity, as is
illustrated in Fig. 1.8. The toroidal field will be affected by an upwelling of fluid.
As the field line moves with the fluid the upwelling will produce a bulge, which
stretches the field line. The field line is in tension so, just like an elastic band,
energy is required to stretch the field line. By this process energy is added to the
magnetic field. The Coriolis force will act to produce a rotation (known as
helicity) in the fluid as it rises, counterclockwise in the northern hemisphere. The
field line will be twisted with this rotation and a poloidal magnetic loop will be
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- W Qi0e

Fig. 1.8. Production of poloidal magnetic field in the northern hemisphere. A region of fluid
upwelling, illustrated by dotted lines on the left interacts with toroidal magnetic field (solid line).
Because of the Coriolis effect the fluid exhibits helicity, rotating as it moves upward (thin lines
center). The magnetic field line is carried with the conducting liquid and is twisted to produce a
poloidal loop as on the right. After Parker (1955).

produced after 90° of rotation. Because the field gradients are large at the base of
the loop, it can detach from the original field line to produce a closed flux loop.
The process is inherently statistical, but eventually poloidal loops of this sort
merge to produce a large poloidal loop. The above turbulent process provides a
simple visualization of the generation of poloidal field from toroidal field. This
particular turbulent process may not be the only contributor to the a—effect in the
Earth’s core (e.g., Roberts, 1992).

The combined action of the processes illustrated in Figs. 1.7 and 1.8 is referred
to as an awo—dynamo. It is worth noting that the oa-effect can also generate
poloidal field from an initial toroidal field. Thus it is possible to have o>~ and
a’o—dynamos. Readers are referred to Merrill ef al. (1996) for more details.

Roberts (1971) and Roberts and Stix (1972) pointed out that if the large-scale
velocity shear that causes the m—effect is symmetric with respect to the equator
and if the o—effect is antisymmetric with respect to the equator (as might be
expected since the Coriolis force changes sign across the equator), then the
dynamo can be separated into two noninteracting systems made up of specific
families of spherical harmonics. Gubbins and Zhang (1993) refer to these as the
antisymmetric and symmetric families. Spherical harmonics whose degree and
order sum to an odd number belong to the antisymmetric family and those whose
degree and order sum to an even number belong to the symmetric family. The
situation shown in Fig. 1.7 is the simplest one in which the initial poloidal field
is antisymmetric with respect to the equator.

1.1.4 Variations of the Dipole Field with Time

The intensity of the dipole field has decreased at the rate of about 5% per century
since the time of Gauss’ first spherical harmonic analysis (Leaton and Malin,
1967; McDonald and Gunst, 1968; Langel, 1987; Fraser-Smith, 1987) (Fig.
1.9a). Indeed, Leaton and Malin (1967) and McDonald and Gunst (1968)
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Fig. 1.9. Variations of the dipole field with time since A.D. 1600. (a) Variation of the dipole
moment from successive spherical harmonic analyses. (b) Variation of the dipole axis as
represented by the change in position of North Geomagnetic Pole. After Fraser-Smith (1987).

speculated on the demise of the main dipole around A.D. 3700 to 4000 if the
present trends continue, but this change is probably just part of the natural
variation as the dipole recovers from abnormally high values at about 2000 years
ago (see Fig. 1.14). In contrast, the dipole axis, as represented by the position of
the North Geomagnetic Pole (Fig. 1.9b), has hardly changed its position since
the analysis of Gauss (Bullard et al, 1950). Over the past 150 years there
appears to have been a slow westward change of near 0.05° to 0.1° per year in
azimuth angle but no progressive motion in polar angle (McDonald and Gunst,

1968; Fraser-Smith, 1987; Barton, 1989).
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When there are only declination values available, it is still possible to obtain
relative values of the Gauss coefficients. The most recent methods are those
described by Bloxham and Gubbins (1985). To obtain estimates of the intensity
Barraclough (1974) determined values of g? by extrapolating back in time from
values determined since the time of Gauss. He fitted a straight line to values of
glo from 170 spherical harmonic models of the field between 1829 and 1970 to
derive the relation

gl(£)=-31110.3+15.46(r—1914) , (1.1.5)

where ¢ is the epoch in years A.D. Barraclough (1974) then produced analyses of
the geomagnetic field for epochs since 1600. His estimates of the positions of the
North Geomagnetic Pole since 1600 as summarized by Fraser-Smith (1987) are
plotted in Fig. 1.9b. They show that the dipole field has drifted westwards at
about 0.08° per year since 1600 and has changed latitude at the much slower
angular rate of 0.01° per year.

1.2 Paleomagnetism

1.2.1 Early Work in Paleomagnetism

The fact that some rocks possessed extremely strong remanent magnetization
was noted as early as the late 18" century from their effect on the compass
needle. Von Humboldt in 1797 attributed these effects to lightning strikes.
Further investigations during the 19" century of these intense magnetizations
occasionally found in rock exposures were also generally explained in this way.
These were the first paleomagnetic phenomena to attract attention. The first
studies of the direction of magnetization in rocks were made by Delesse in 1849
and Melloni in 1853. They both found that certain recent lavas were magnetized
parallel to the Earth’s magnetic field. The work of Folgerhaiter (1899) both
extended and confirmed these earlier investigations. Chevallier (1925), from
studies of the historical flows of Mt Etna, was able to trace the secular variation
of the geomagnetic field over the past 2000 years.

David (1904) and Brunhes (1906) first investigated the material baked by lava
flows, comparing the directions of magnetization of the flows with those of the
underlying baked clay. They reported the first discovery of directions of
magnetization roughly opposed to that of the present field. Confirmation that the
baked clays were also reversely magnetized led to the first speculation that the
Earth’s magnetic field had reversed its polarity in the past. Mercanton (1926)
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then argued that if the Earth’s magnetic field had reversed its polarity in the past,
reversals should be found in rocks from all parts of the world. In studies of rocks
of various ages from Spitsbergen, Greenland, Iceland, the Faroes, Mull, Jan
Mayen Land and Australia, he found that some were magnetized in the same
sense as the present field and some in the opposite sense. Concurrently
Matuyama (1929) observed similar effects in Quaternary lavas from Japan and
Manchuria, but noted that the reversely magnetized lavas were always older than
those directed in the same sense as the present field (normally magnetized lavas).
He concluded that during the early Quaternary the Earth’s magnetic field was
directed in a sense opposite to that of the present and gradually changed to its
present sense later in the Quaternary.

Hospers (1955) appears to have been the first to suggest the use of reversals as
a means of stratigraphic correlation but Khramov (1955; 1957) was the first to
apply the concept. In his book, Khramov (1958; English translation 1960)
suggested that it might be possible to determine a strict worldwide correlation of
volcanic and sedimentary rocks and from that to create a single geochronological
paleomagnetic time scale valid for the whole Earth. Khramov’s seminal ideas
clearly influenced early work on the development of polarity time scales (Glen,
1982).

By the mid-1920s, several important aspects of paleomagnetism in rocks had
been established, culminating in the suggestion by Mercanton (1926) that,
because of the approximate correlation of the present geomagnetic and rotational
axes, it might be possible to test the hypothesis of polar wandering and
continental drift. This inspiration was not put into practice until the 1950s,
leading to the important papers by Irving (1956) and Runcorn (1956) showing
that the apparent polar wander curve of Europe lay consistently eastwards of that
of North America, clearly suggesting that continental drift had occurred. The
first important reviews of paleomagnetic data that took the renewed activity in
paleomagnetism into account were by Khramov (1958), Irving (1959), Blackett
et al. (1960), and Cox and Doell (1960). It is interesting to note that the authors
of the first three of these papers all took the view that the data supported the
hypothesis of continental drift, whereas Cox and Doell (1960) took a more
conservative view that the data could be interpreted in several ways, including
changing magnetic fields. However, it was the application of paleomagnetism to
the oceans in the analysis of marine magnetic anomalies (Vine and Matthews,
1963) that gave paleomagnetism and continental drift credibility, leading to the
theory of plate tectonics.

Improved techniques and the undertaking of extensive paleomagnetic
investigations in many parts of the world have dramatically increased the amount
of paleomagnetic information. The magnetic anomalies across the world’s
oceans have now been extensively surveyed and analyzed. On land the number
of independent investigations listed by Cox and Doell (1960) for the period up to
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the end of 1959 was about 200. By the end of 1963 this had increased to about
550 as listed by Irving (1964), and by the end of 1970 the figure had risen to
about 1500 (McElhinny, 1973a). In 1987 the paleomagnetic section of IAGA
decided to set up a computerized relational database of all paleomagnetic data.
The first version of this Global Paleomagnetic Database was released in 1991
(McElhinny and Lock, 1990ab; see also Lock and McElhinny, 1991, and
McElhinny and Lock, 1996). The database is currently updated on roughly a
2-year basis. At the present time there are about 8500 paleomagnetic results
derived from 3200 references listed in the database.

1.2.2 Magnetism in Rocks

The study of the history of the Earth’s magnetic field prior to a few centuries ago
relies on the record of the field preserved as fossil magnetization in rocks.
Although most rock-forming minerals are essentially nonmagnetic, all rocks
exhibit some magnetic properties due to the presence, as accessory minerals
making up only a few percent of the rock, of (mainly) various iron oxides. The
magnetization of the accessory minerals is termed the fossil magnetism, which,
if acquired at the time the rock was formed, may act as a fossil compass and be
used to estimate both the direction and the intensity of the geomagnetic field in
the past. The study of fossil magnetism in rocks is termed paleomagnetism and is
a means of investigating the history of the geomagnetic field over geological
time. The study of pottery and baked hearths from archeological sites has been
successful in tracing secular variation in historic times. This type of investigation
is usually distinguished from paleomagnetism and is referred to as
archeomagnetism (see §1.2.4).

Some of the common types of remanent magnetizations in rocks are listed in
Table 1.2. The fossil magnetism initially measured in rocks (after preparation
into suitably sized specimens) is termed the natural remanent magnetization or
simply NRM. The mechanism by which the NRM was acquired depends on the
mode of formation and subsequent history of rocks as well as the characteristics
of the magnetic minerals. Magnetization acquired by cooling from high
temperatures through the Curie point(s) of the magnetic mineral(s) is called
thermoremanent magnetization (TRM) (see §2.3.5). If the magnetization is
acquired by phase change or chemical action during the formation of magnetic
oxides at low temperatures, it is termed crystallization (or chemical) remanent
magnetization (CRM) (see §2.3.6). The alignment of detrital magnetic particles
by the ambient magnetic field that might occur in a sediment during deposition
gives rise to detrital (or depositional) remanent magnetization (DRM) or
post-depositional remanent magnetization (PDRM) if the alignment takes place
after deposition but before final compaction (see §2.3.7).
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TABLE 1.2
Some Common Types of Remanent Magnetization (RM) in Rocks
Acronym Type of Magnetization Description
NRM Natural Remanent The RM acquired by a sample under natural conditions
Magnetization
TRM Thermoremanent The RM acquired by a sample during cooling from a
Magnetization temperature above the Curie temperature in an external
field (usually in a weak field such as that of the Earth)
CRM Crystallization (or Chemical) The RM acquired by a sample during a phase change or
Remanent Magnetization formation of a new magnetic mineral in an external field
DRM Detrital (or Depositional) The RM acquired by sediments when grains settle in water
Remanent Magnetization in the presence of an external field
PDRM Post-Depositional Remanent The RM acquired by the magnetic alignment of
Magnetization sedimentary grains after deposition but before final
compaction
IRM Isothermal Remanent The RM acquired in a short time at one temperature
Magnetization (usually room temperature) in a external field (usually
strong)
VRM Viscous Remanent The RM acquired over a long time in a weak external field
Magnetization
ARM Anhysteretic Remanent The RM acquired when an alternating magnetic field is
Magnetization decreased from some large value to zero in the presence of

a weak steady field

In nature isothermal remanent magnetization (IRM) usually refers to that
magnetization acquired by rocks from lightning strikes, although it generally
refers to that acquired in laboratory experiments aimed at determining the
magnetic properties of samples (see §2.1.4 and §3.5.2). Viscous remanent
magnetization (VRM) refers to the remanence acquired by rocks after exposure
to a weak external magnetic field for a long time. Examples include that
acquired by a sample after collection and before measurement or that acquired
from deep burial and uplift (see §2.3.8). Anhysteretic remanent magnetization
(ARM) is that produced by gradually reducing a strong alternating magnetic
field in the presence of a weak steady magnetic field. To avoid heating samples
(see §3.5.3), it is often used in laboratory experiments as an analog of TRM.

The component of NRM acquired when the rock was formed is termed the
primary magnetization; this may represent all, part, or none of the total NRM.
Subsequent to formation the primary magnetization may decay either partly or
wholly and additional components may be added by several processes. These
subsequent magnetizations are referred to as secondary magnetization. A major
task in all paleomagnetic investigations is to identify and separate all the
components be they primary or secondary.
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1.2.3 Geocentric Axial Dipole Hypothesis

On the geological time scale the study of the geomagnetic field requires some
model for use in analyzing paleomagnetic results, so that measurements from
different parts of the world can be compared. The model should reflect the long-
term behavior of the field rather than its more detailed short-term behavior. The
model used is termed the geocentric axial dipole (GAD) field and its use in
paleomagnetism is essentially an application of the principle of
uniformitarianism. It is known from paleomagnetic measurements (see §6.3) that
when averaged over a sufficient time interval the Earth’s magnetic field for the
past few million years has conformed with this model. However, there are
second-order effects that cause departures from the model of no more than about
5%. Such an averaged field is referred to as the time-averaged paleomagnetic
field. A basic problem that arises is to decide how much time is needed for the
averaging process. In the early days of paleomagnetism it was generally thought
that times of several thousands of years were sufficient, but it is now thought that
much longer times may be required, possibly on, the scale of hundreds of
thousands of years (see discussion in Merrill et al., 1996).

The GAD model is a simple one (Fig. 1.10) in which the geomagnetic and
geographic axes coincide, as do the geomagnetic and geographic equators. For
any point on the Earth’s surface, the geomagnetic latitude A equals the

g

Fig. 1.10. The field of a geocentric axial dipole.
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geographic latitude. If m is the magnetic moment of the dipole and a is the radius
of the Earth, the horizontal (H) and vertical (Z) components of the field at
latitude A can be derived from the g spherical harmonic term as

H= pomco;k , Z=2u0msin}» ’ (12.1)
4ra 4na
and the total field F is given by
F=(H + 20 = 2 (14 35in2 0% (12.2)
4na
Since the tangent of the magnetic inclination / is Z/H, then
tan/ =2tanA , (1.2.3)
and, by definition,
D=0°. (12.4)
The colatitude p (90° minus the latitude) can be obtained from
tan/ =2cotp (0° < p<180°) . (1.2.5)

The relationship of (1.2.3) is central in paleomagnetism. It indicates that the
GAD model, when applied to results from different geological periods, enables
the paleomagnetic latitude to be derived simply from the mean inclination. The
relationship between latitude and inclination is shown in Fig. 1.11.
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Fig. 1.11. Variation of inclination with latitude for a geocentric axial dipole from (1.2.3).
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In order to compare paleomagnetic results from widely separated localities, it
is convenient to calculate some parameter which, on the basis of the GAD
model, should have the same value at each observing locality. The parameter
used is called the paleomagnetic pole and represents the position where the time-
averaged dipole axis cuts the surface of the Earth. The position of the
paleomagnetic pole is referred to the present latitude—longitude grid. Thus, if the
paleomagnetic mean direction (D,,, 1) is known at some sampling locality S,
with latitude and longitude (A, ¢,), the co-ordinates of the paleomagnetic pole P
(Ap ) can be calculated from the following equations by reference to Fig. 1.12:

sin, =sinA cos p+cosigsin pecos D,  (-90° <h, <+90°) (1.2.6)

b, =5 +B when cos p 2 sinAgsink,, 127
or b, = +180~B when cos p <siniysini, o
North |’\\\,g

Fig. 1.12. Relationship to calculate the position (},, ¢,) of the paleomagnetic pole P relative to the
sampling site S at (A, ¢,) with mean magnetic direction (D, 1). After Merrill et al. (1996).
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where sinp = sin psin D,, / cosA, (-90° <p<90°) . (12.8)

The paleocolatitude p is determined from (1.2.5). The paleomagnetic pole
(Ap» ) calculated in this way implies that “sufficient” time averaging has been
carried out. Alternatively, any instantaneous paleofield direction may be
converted to a pole position using (1.2.6) — (1.2.8), in which case the pole is
termed a virtual geomagnetic pole (VGP). The VGP can be regarded as a
paleomagnetic analog of the geomagnetic poles of the present field. The
paleomagnetic pole may then be calculated by finding the average of many
VGPs, corresponding to many paleodirections. Table 1.3 gives a summary of the
various types of poles used in geomagnetism and paleomagnetism.

Conversely, of course, given a paleomagnetic pole position with co-ordinates
(A ) the corresponding expected mean direction of magnetization (Dy,, /)
may be calculated for any site location (A, ¢,) (Fig. 1.12). The paleocolatitude p
is given by

cos p=sinAgsin A, +cosi cosh, cos(, —d;) , 129

and the inclination /, may then be calculated from (1.2.5). The corresponding
declination D, is given by

sinAj, —sin A cos p

cos D = - , (1.2.10)
cosA sin p
where 0°< D, <180° for 0°<(¢, -¢,)<180°
and 180° < D, <360° for 180° < (¢, — ;) <360° .

The declination is indeterminate (so any value may be chosen) if the site and the
pole position coincide. If A, = £90° then D,, is defined as being equal to ¢,, the
longitude of the paleomagnetic pole.

Tests for the validity of the GAD model over geological time can, in principle,
be made in several ways. The simplest test for a dipole field (axial or not) is that
the field, when viewed from regions of continental extent, should be consistent
with that of a geocentric dipole. This requires that the paleomagnetic poles
obtained from different rock units belonging to the same geological epoch be in
close agreement, at least as good as that observed over the past few million
years. Studies of the paleointensity of the paleomagnetic field as a function of
paleolatitude should conform with (1.2.2) (see §1.2.5). Models of the latitude
variation of paleosecular variation should also conform with paleomagnetic data
(see §1.2.6). Testing for a geocentric axial dipole appeals to paleoclimatic
evidence, which is independent of the GAD hypothesis. The Earth’s climate is
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TABLE 1.3

Summary of Poles Used in Geomagnetism and Paleomagnetism

North (south) magnetic pole Point on the Earth’s surface where the magnetic inclination
is observed to be +90° (-90°). The poles are not exactly
opposite one another and for epoch 1995 lie at 78.9°N,
254.9°E and 64.7°S, 138.7°E.

Geomagnetic north (south) pole Point where the axis of the calculated best fitting geocentric
dipole cuts the surface of the Earth in the northern
(southern) hemisphere. The poles lie antipodal to one
another and for epoch 1995 are calculated to lie at 79.3°N,
288.6°E and 79.3°S, 108.6°E.

Virtual geomagnetic pole (VGP) The position of the equivalent geomagnetic pole calculated
from a spot reading of the paleomagnetic field direction. It
represents only an instant in time, just as the present
geomagnetic poles are only an instantaneous observation.

Paleomagnetic pole The pole of the paleomagnetic field averaged over periods
sufficiently long so as to give an estimate of the geographic
pole. Averages over times of 10° years or longer may be
required. The pole may be calculated from the average
paleomagnetic field direction or from the average of the
corresponding VGPs.

controlled by the rotational axis and has an equator to pole distribution. It is
warmer at the equator than at the poles. The paleolatitude spectra of various
paleoclimatic indicators should all be appropriately latitude dependent to be
consistent with the complete GAD hypothesis. Results from this type of
investigation are discussed more fully in §6.3.4.

1.2.4 Archeomagnetism

Pottery and (more usefully) bricks from pottery kilns and ancient fireplaces,
whose last dates of firing can be estimated from '“C contents of ashes, have a
TRM dating from their last cooling. Samples used in such studies, despite often
having awkward shapes, can be measured by the usual techniques of
paleomagnetism. Pioneer work in this field was undertaken by Folgerhaiter
(1899) and Thellier (1937). The techniques commonly in use are those
developed by Thellier and have been reviewed by Thellier (1966).
Archeomagnetic investigations from different parts of the world are summarized
in Creer et al. (1983) and are discussed in Merrill ef al. (1996).

Cox and Doell (1960) observed that the average of VGPs calculated from
observatory data around the world is close to the present geomagnetic pole.
Unfortunately, archeomagnetic data are not evenly spaced around the world but
are concentrated in the European region. Barbetti (1977) suggested that, to
estimate the position of Recent geomagnetic poles, the effects of nondipole field
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variations could be averaged out if VGPs were averaged over 100-yr intervals
for a limited number of regions of the Earth’s surface.

The suggestion of Barbetti (1977) has been used by Champion (1980), Merrill
and McElhinny (1983), and most recently by Ohno and Hamano (1992), who
calculated the position of the North Geomagnetic Pole for successive times at
100-yr intervals for the past 10,000 yr. The results of the analysis of Ohno and
Hamano (1992) are illustrated in Fig. 1.13 for each successive 2000-yr interval
as well as for the entire 10,000 yr interval. Interestingly, the successive positions
of the poles for 1600 to 1900 A.D. lie close to and have the same trend as the
positions of the geomagnetic pole calculated from historical observations
(Barraclough, 1974; Fraser-Smith, 1987; see §1.1.4 and Fig. 1.9b). Therefore, it
seems reasonable to assume that 100-yr VGP means are indeed representative of
positions of the North Geomagnetic Pole. Figure 1.13 shows that the mean VGP
for each 2000-yr interval does not always average to the geographic pole,
whereas the mean over 10,000 yr appears to do so. Thus, it appears that an
interval of at least 10,000 yr is required for the dipole axis to average to the axis
of rotation. Some caution is needed, however, because it is not at all clear that
the motion of the dipole axis over the past 10,000 yr, as depicted in Fig. 1.13a,

a) 10000-0 B.P. b) 10000-8000 B.P. c) 8000-6000 B.P.
90 90 90

d) 6000-4000 B.P.
90

180 0
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75N

270
Fig. 1.13. Locations of the North Geomagnetic Pole (dipole axis) over the past 10,000 years at 100-

year intervals estimated from archeomagnetic measurements. Locations are given for each 2000-yr
interval as well as for the entire 10,000 yr interval. After Ohno and Hamano (1992).
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can be regarded as a recurring feature, or that the average over the preceding
10,000 yr would also coincide with the geographic pole.

Studies of the intensity of the geomagnetic field over archeological times can
be undertaken with a much wider variety of materials, such as pottery fragments,
because the orientation of the samples need not be known. The method used is
that developed by Thellier (see review by Thellier and Thellier, 1959a,b). Under
the GAD hypothesis, measurements of ancient geomagnetic intensity are a
function only of latitude and the magnitude of the Earth’s dipole moment (1.2.2).
Thus, paleointensity measurements from all over the world can be normalized by
calculating an equivalent dipole moment, referred to as the virtual dipole
moment (VDM). This is the intensity analog of the VGP. For a more detailed
discussion see Merrill et al. (1996).

To smooth rapid variations of the nondipole field at any one locality, the
virtual dipole moments must be averaged not only from different parts of the
world but also in class intervals of a few hundred years, as has been done in the
analysis of archeomagnetic VGPs. McElhinny and Senanayake (1982) calculated
the variation in the Earth’s dipole moment over the past 10,000 yr by averaging
over 500-yr intervals back to 4000 yr B.P. and over 1000-yr intervals prior to
that. The results are shown in Fig. 1.14 together with 95% confidence bars.

Dipole Moment (10* Am?)

(9]

10 9 8 7 6 5 4 3 2 1 0
Age (10’ yr B.P)
Fig. 1.14. Global dipole moment versus time estimates obtained from 500-year period averages

from 0-4000 yr B.P. and then 1000-year period averages . The number of measurements averaged is
shown at each point together with 95% confidence bars. After McElhinny and Senanayake (1982).
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The mean dipole moment for the past ten 1000-yr intervals is 8.75 x 102 Am?
with an estimated standard deviation of 18.0%, which may be attributed to
dipole intensity fluctuations. There is a maximum around 2500 yr B.P. and a
minimum around 6500 yr B.P. Cox (1968) had previously thought that the data
summary as illustrated in Fig. 1.14 was indicative of variations in the dipole
moment with a simple periodicity of between 8000 and 9000 yr with maxima
and minima respectively about 1.5 and 0.5 times the present dipole moment.
However, the data available for times before 10000 yr B.P. show clearly that this
is not the case and data for the interval 0-5 Ma are also inconsistent with the
expectations of a periodic variation (Kono, 1972; McFadden and McElhinny,
1982; Merrill et al., 1996).

1.2.5 Paleointensity over Geological Times

The problems of determining the paleointensity of the geomagnetic field are
much more complex than those associated with paleodirectional measurements
and become increasingly difficult the older the rocks studied. The presence of
secondary components and the decay of the original magnetization all serve to
complicate the problem. Kono and Tanaka (1995), Tanaka et al. (1995), and
Perrin and Shcherbakov (1997) analyzed all the available measurements in terms
of VDMs. In Fig. 1.15, the best estimate of the variation of the Earth’s dipole
moment over the whole of geological time (Kono and Tanaka, 1995) is
summarized for the past 400 Myr averaged at 20-Myr intervals (Fig. 1.15a) and
prior to that at 100-Myr intervals (Fig. 1.15b).

Prévot et al. (1990) first suggested that there was an extended period during
the Mesozoic when the Earth’s dipole moment was low, at about one-third of its
Cenozoic value. Further measurements for the Jurassic (e.g. Perrin er al., 1991;
Kosterov et al., 1997) supported low values. During the Cenozoic the dipole
moment was similar to its present value. For the period prior to 400 Ma, the
number of paleointensity measurements is much fewer. Of particular interest is
the oldest paleointensity measurement, which is for the 3500 Ma Komati
Formation Lavas in South Africa (Hale, 1987). The average VDM of 2.1+0.4 x
102 Am’ is about 27% of the present dipole moment. This result clearly
demonstrates the existence of the Earth’s magnetic field at 3.5 Ga. The range of
variation of the Earth’s dipole moment is about 2 — 12 x 10?2 Am? and is
approximately the same for Phanerozoic and Precambrian times (Prévot and
Perrin, 1992). With the present data set, no very-long-term change in dipole
moment is apparent. Kono and Tanaka (1995) point out that it is remarkable that
the dipole intensity seems to have been within a factor of 3 of its present value
for most of geological time.
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Fig. 1.15. Variation of VDM with geological time. (a) The past 400 Myr averaged over 20-Myr
intervals. (b) The past 3500 Myr averaged over 100-Myr intervals. Error bars give the standard error
of the mean for each interval and the number of measurements in each interval is indicated. The
horizontal dashed line in (b) indicates the present dipole moment (8 x 1022 Am?). After Kono and
Tanaka (1995).

1.2.6 Paleosecular Variation

Secular variation of the geomagnetic field in pre-archeological times has been

investigated through paleomagnetic studies of Recent lake sediments. Long-
period declination oscillations in cores taken from the postglacial organic
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sediments deposited at the bottom of Lake Windermere in England were first
discovered by Mackereth (1971). Since that time, many such studies have been
made throughout Europe, North America, Australia, Argentina, and New
Zealand. Such studies are generally referred to as studies of paleosecular
variation (PSV). Extensive investigations of lakes in England and Scotland have
enabled a master curve of changes in declination and inclination in Great Britain
over the past 10,000 years to be determined (Turner and Thompson, 1981, 1982)
as illustrated in Fig. 1.16. Further details on such studies and their interpretation
are summarized in Creer et al. (1983) and discussed by Merrill et al. (1996).

The GAD model takes no account of secular variation, although its effect must
be averaged out before paleomagnetic measurements are said to conform with
the model. The secular variation in paleomagnetic studies is expressed by the
statistical scatter in paleomagnetic results after the effects of experimental errors
have been removed. To estimate this scatter it is necessary to be sure that each
measurement is a separate instantaneous record of the ancient geomagnetic field.
Sediments cannot readily be used for this purpose because even small samples
may have already averaged the field over the thickness of sediment covered by
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Fig. 1.16. Master curves for declination and inclination for Great Britain. After Turner and
Thompson (1981, 1982).
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the sample. Therefore study of the paleosecular variation through scatter in
paleomagnetic results is restricted to investigations of lava flows and is referred
to as paleosecular variation from lavas (PSVL).

The scatter in paleomagnetic results from lavas is measured by the angular
dispersion either of paleomagnetic directions or, more commonly, of the
corresponding VGPs. Several models for the latitude variation of this angular
dispersion have been suggested and are summarized in detail by Merrill ez al.
(1996). McFadden ef al. (1988a) have shown that the concept of separation of
the dynamo into two approximately independent families (symmetric and
antisymmetric — see §1.1.3) can be useful in modeling PSVL. In this model, the
total angular dispersion (S) of VGPs is given by

§?=82+82 , (1.2.11)

where S, is the angular dispersion due to the antisymmetric family and Sy is that
due to the symmetric family. Although it is extremely unlikely that the two
families are in fact independent at any given time, the effect in the time-averaged
field may be approximately the same as if they were independent. By definition,
the dispersion at the equator is caused entirely by the symmetric family. Analysis
of the present geomagnetic field, which by chance has a latitudinal structure in
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Fig. 1.17. Least squares fit of Mode! G for PSVL to the VGP scatter from lavas for the past 5 Myr.
After McElhinny and McFadden (1997).
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VGP scatter similar to that for the past 5 Myr, shows that the contribution from
the symmetric family is effectively independent of latitude. The latitude
variation comes from the antisymmetric family and up to latitude 70° the
dispersion from this source is approximately proportional to latitude. Assuming a
similar behavior for the paleomagnetic field, the model therefore predicts

S2=(ar) + b, (12.12)

where S, = g\ and Sg = b, and @ and b are constants to be determined. When this
model is applied to paleomagnetic results from lavas for the past 5 Myr
(McElhinny and McFadden, 1997), there is an excellent fit to the latitude
variation of VGP scatter as shown in Fig. 1.17.
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Chapter Two

Rock Magnetism

2.1 Basic Principles of Magnetism

2.1.1 Magnetic Fields, Remanent and Induced Magnetism

The study of magnetism originated from observation of the behavior of natural
permanent magnets, the earliest known of which were used as magnetic compass
needles. A permanent magnet is usually described by its “north” and “south”
magnetic “poles”, imagined to reside at the opposite ends of the magnet. The
concept of magnetic poles has been of considerable use in analyzing the
behavior of magnets, but since the discovery by Oersted in 1820 that an electric
current flowing in a wire deflected a compass needle placed near it, it has been
recognized that all magnetic effects are appropriately described in terms of
electric currents. An immediate consequence of this is that there are no isolated
magnetic poles, so the “magnetic poles” at the end of a magnet are just
convenient fictions for the purpose of simple analysis. An electron in orbit
around a nucleus is, in essence, a current flowing in a loop and the magnetic
effects of materials can all be described in terms of such elementary current
loops.

Magnetic fields are specified in terms of the two vectors H, called the
magnetic field, and B, the magnetic induction. B includes the effects of the
macroscopic magnetization M, defined as the dipole moment per unit volume,
according to the relation

3
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B=p,(H+M), @2.1.1)

where |, is the permeability of free space and has the value of 4n x 107 Hm'!
(Henry per metre). Outside any magnetic materials M = 0 and B and H are
parallel and in this case B = pyH. In geomagnetism and paleomagnetism the
magnetic field of interest is almost always external to a magnetic medium, so
that B and H are parallel and it is of no consequence which one is used.
However, numerical conversion between the old cgs system and the current SI
system of units is trivial for B but involves a factor of 4n (from p,) in the case of
H, so magnetic fields are generally specified in terms of the magnetic induction
B rather than the magnetic field H. Furthermore, B is typically referred to in an
informal manner as the magnetic field B, a usage that will often be followed in
this book. Naturally, when considering magnetic fields inside a magnetic
material M # 0, so it becomes important to distinguish between B and H because
they will not be equivalent, will not always be parallel, and can even have
opposite signs. Under such circumstances it becomes important to use the
magnetic field H (see §4.1.2, in which such a situation occurs).

A permanent magnetic and electric current loop both have a magnetic dipole
moment, m, associated with them. When placed in a magnetic field B (Fig. 2.1)
each will experience a torque L=mxB (i.e., L = mBsinb, where 0 is the angle
between the long axis of the magnet and B or the angle between the axis drawn
through the center of the current loop at right angles to the plane of the loop).
Hence, the torque attempts to rotate the dipole moment into alignment with B. In
the case of the current loop the dipole moment m = i4 (current times the area of
the loop), and in the case of the bar magnet it is m = pl, where p is the “pole
strength” of the imaginary poles at each end of the magnet and / is the distance
between the poles. Thus dipole moment is measured in units of Am? and the
magnetization M (dipole moment per unit volume) is measured in Am’.
Table 2.1 summarizes the basic magnetic quantities together with typical values
that arise in geomagnetism and paleomagnetism.

TABLE 2.1

Various Magnetic Quantities Used in Geomagnetism and Paleomagnetism with Typical Values
Quantity Units Typical values
Magnetic induction, B T(tesla) Earth’s field 10 T (0.1 mT or 100 uT)
Magnetic field, H Am! Earth’s field 10%4n =79.6 Am™
Dipole moment, m Am? Orbital electron 105 Am?;

Bar magnet 1 Am?

Magnetization, M Am’! Sediments ~ 10 Am™! ; Volcanics ~ 1 Am’!
Magnetic susceptibility, x Dimensionless Magnetite = 2.5

Permeability of free space, o,  Hm! 47 x 107 Hm™!
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Fig. 2.1. The equivalence of a bar magnet and a current loop. When placed in a magnetic ficld B
cach suffers a torque according to its magnetic dipole moment m. The current loop has area 4 and
current i flowing in the loop. The bar magnet has “pole strength” p and distance / between the
imaginary poles at the ends of the magnet.

The magnetization of any material is generally made up of two components:
the remanent magnetization (or simply remanence), which is that remaining in
the absence of an applied field; and the induced magnetization, which is that
induced by an applied field but which disappears after removal of that field.
When dealing with rocks, the total magnetization M is made up of the vector
sum of the remanence M, and the magnetization M; induced by the Earth’s
magnetic field, where

M=M, +M, . (2.1.2)

In isotropic materials the induced magnetization M, lies along the direction of
the applied field H (i.e., B) and is proportional to the magnitude of that field,
that is

M, =yl =B 2.1.3)

where y is a constant of proportionality called the magnetic susceptibility. Since
H and M, have the same dimensions (2.1.1 and Table 2.1),  is a dimensionless
number. Some banded sediments, layered intrusions, and foliated metamorphic
rocks are magnetically anisotropic and have greater susceptibility in the plane of
layering. These are special cases and most rocks used in paleomagnetism, such
as basalts, dolerites, redbeds, and limestones, are magnetically isotropic or nearly
so (see also §2.3.9).



34 Paleomagnetism: Continents and Oceans

The Koenigsberger ratio (Q) has been defined as the ratio of the remanent to
induced magnetization and is given by

M
o, =t (2.1.4)
B
or o, = PoM: 2.1.5)
xB

Q, is the ratio of the remanence (A£,) to that induced by the Earth’s magnetic
field at the sampling site, whereas Q, is the ratio of the thermoremanent
magnetization (M) acquired in the magnetic field B to the magnetization induced
by the same field at room temperature.

2.1.2 Diamagnetism and Paramagnetism

Diamagnetism is a phenomenon common to all materials. Any moving charge,
including orbital electrons, experiences a force (known as the Lorentz force) in a
magnetic field B. This Lorentz force deflects the path of electrons in such a way
that they precess clockwise about B (when viewed along a line in the direction of
B). This is equivalent to a current anticlockwise about B, which produces a
negative induced magnetic moment (compare with the current direction in
Fig. 2.1) known as diamagnetism. Thus, the susceptibility is negative (Fig. 2.2a)
and very small, typically on the order of 10°.

If an atom has a resultant magnetic moment the application of a magnetic field
tends to align these dipole moments along the direction of the field. Although the
diamagnetic effect still occurs, it is swamped by the alignment of the atomic
dipole moments. Substances that exhibit this effect are called paramagnetics,
and the induced magnetization is in the same direction as the applied field giving
a positive susceptibility (Fig. 2.2b) that lies typically between 10~ and 107, In
metallic substances a further situation arises because the individual atoms and
their inner orbital electrons are closer together in the solid state than the virtual
radii of the valence electrons. The outer valence electrons are thus no longer
associated with individual atoms and they wander freely through the metal. In an
atom devoid of its valence electrons, the net atomic dipole moment is zero. The
application of a magnetic field causes the “free” electrons, equal numbers of
which have opposite spins, to have their spins aligned parallel to the magnetic
field. The substance thus acquires a dipole moment and paramagnetism results.
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Fig. 2.2. Variation of magnetization with applied field for (a) diamagnetic and (b) paramagnetic
material.

2.1.3 Ferro-, Antiferro-, and Ferrimagnetism

Diamagnetic and paramagnetic substances exhibit only weak magnetic effects
because the dipole moments involved are relatively small. However, substances
like iron, cobalt, and nickel exhibit strong magnetic effects resulting from a
phenomenon known as ferromagnetism. These ferromagnetic substances are
distinguished by the fact that the individual atoms, and their inner orbital
electrons, are much closer together than the virtual radii of their valence electron
orbits when compared with the other metallic paramagnetics. Also, there are
more valence electrons available to move freely through the metal so that they
become crowded together and react strongly with one another. The exchange
forces between these electrons are such that their spins become aligned even in
the absence of an applied magnetic field. Ferromagnetic substances therefore
exhibit spontaneous magnetization because of exchange coupling between the
electrons and may have a permanent dipole moment in the absence of an applied
field. As the temperature is increased thermal agitation may destroy the
alignment process. It becomes completely destroyed at a critical temperature for
each substance called the Curie temperature or Curie point. The spontaneous
magnetization reduces to zero at the Curie point and above this temperature the
substance behaves like an ordinary paramagnetic. Figure 2.3 shows the variation
of spontaneous magnetization, M,, with temperature for magnetite and hematite,
the two most common magnetic minerals in rocks.
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Fig. 2.3. Variation of spontaneous magnetization, M,, with temperature for magnetite and hematite.

M, is normalized to its value at 0°C. Redrawn from Pullaiah er al. (1975), with permission from
Elsevier Science.

Some substances are characterized by a subdivision into two sublattices
(usually designated 4 and B). The atomic moments of 4 and B are each aligned
but antiparallel to one another. The ferromagnetic effects cancel one another out
when the moments of the two sublattices are equal (Fig. 2.4) and there is no net
magnetic moment. This phenomenon is known as antiferromagnetism. Such

Canted
Ferromagnetic ~ Antiferromagnetic  Ferrimagnetic antiferromagnetic
Resultant spontaneous magnetization
None T —p

Fig. 2.4. Cartoon of the different exchange-coupled spin structures, together with the resultant
spontaneous magnetization.
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substances do not have a Curie temperature because there is no net
ferromagnetism. In this case the ordering of the atomic moments is destroyed at
a critical temperature called the Néel temperature, above which the substances
behave like ordinary paramagnetics. If the atomic moments of the 4 and B
sublattices are unequal, then there is a net spontaneous magnetization and a weak
ferromagnetism results that is known as ferrimagnetism. Alternatively, the equal
atomic moments in the two sublattices may not be exactly antiparallel and a
small spontaneous magnetization results (Fig. 2.4). Such a substance is called a
canted antiferromagnetic. Both the ferrimagnetic and canted antiferromagnetic
substances behave as ordinary ferromagnetics; they have a Curie temperature
and all the properties of ferromagnetics. The important minerals in rock
magnetism are of these two types, to which the basic theories of ferromagnetism
may be applied.

2.1.4 Hysteresis

When a ferromagnetic substance, initially in a demagnetized state, is placed in an
applied magnetic field B, the specimen follows the magnetization curve from the
origin as in Fig. 2.5. As B is increased from zero the magnetization M initially
rises linearly as shown by the portion a of the curve. If B is reduced to zero at
this point the process is reversible and M also falls to zero. The initial
susceptibility (x, = u,M/B since B = p H) of the ferromagnetic substance can be
obtained from the slope of the M—B curve here. As B is increased further, the
slope of the curve increases (in region b); if B is now reduced to zero, M does
not fall to zero but follows the path ¢, and an isothermal remanent magnetization
(IRM) given by M, results. Further increases in B beyond point d on the
magnetizing curve would produce no further increases in M, and a saturation
magnetization, M,, is reached at the saturating field B,. On reducing the field to
zero (along portion e) the saturation IRM, or simply saturation remanence, M,
occurs. On applying a field in the opposite direction, the IRM is overcome and
M is reduced to zero in a field B, called the coercivity or coercive force.
Coercive force, however, is more usually given in terms of the equivalent field,
H_, although often quoted in units of B. Further increases of B in the negative
direction causes saturation to occur in the opposite direction and repeated
cycling of the field cause the magnetization to follow a hysteresis loop as shown
in Fig. 2.5. The largest hysteresis loop occurs when the field is cycled with
saturation being reached, and in this case B, (and H,) has its maximum value
called the maximum coercive force. If the field is cycled without saturation being
reached, then a smaller hysteresis loop results as shown.
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Fig. 2.5. Initial magnetization curve and hysteresis loops (M-B loops) for a ferromagnetic substance.

When dealing with rocks it is usually most convenient to study the IRM (M,)
since this is the value of the magnetization with no external field. Indeed, IRM
curves are often used as a means of identifying the major magnetic minerals in
rocks (see §3.5.2 for further discussion). If successively increasing fields are
applied (and then removed) in the direction opposite to M, until the IRM is
reduced to zero, then the “backfield” required to reduce this to zero is called the
coercivity of remanence (B, or H_). It is important to understand the distinction
between B, (or H,) and B, (or H,,). If a backfield is applied and, in the presence
of that backfield, the remanence is reduced to zero then that backfield is B,
(often also called the bulk coercivity). In contrast, if a backfield is applied and
then removed and this results in zero remanence, then that backfield is B,;,.

2.2 Magnetic Minerals in Rocks

2.2.1 Mineralogy

The minerals that are responsible for the magnetic properties of rocks are mainly
those that lie within the ternary system FeO-TiO,-Fe,0; (Fig. 2.6). For detailed
descriptions of magnetic mineralogy, readers are referred to Stacey and Banerjee
(1974), Lindsley (1976, 1991), O’Reilly (1984), Dunlop (1990), and Dunlop and
Ozdemir (1997).
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In the ternary system of Fig. 2.6, it is generally sufficient to distinguish
between two types of magnetic mineral. There are the strongly magnetic cubic
oxides magnetite (Fe;0,) and its solid solutions with ulvéspinel (Fe,TiO,) that
are known as titanomagnetites (see §2.2.2 for more details). The more weakly
magnetic rhombohedral minerals are based on hematite (aFe,0,) and its solid
solutions with ilmenite (FeTiO;) that are known as titanohematites (see §2.2.3
for more details). The members of the orthorhombic pseudobrookite series
shown in Fig. 2.6 are all paramagnetic above liquid oxygen temperatures and
need not be considered further. Complete solid solution occurs only at high
temperatures; at lower temperatures exsolution (unmixing of phases) occurs and
in titanomagnetites this would result in an ulvospinel-rich phase and a magnetite-

TiO,

Anatase

Rutile , Brookite

1 FeTi,05
Ferropseudobrookite

1Fe,TiO,

1 .
3 Fe,TIO
Ulvdspinel T2

Pseudobrookite

S8,
FeO 1Fe,0, 3Fe,0;
Wiistite Magnetite Hematite (o)
Maghemite (y)

Fig. 2.6. FeO-TiO,.—Fe,0, ternary system showing the three principal solid solution series found in
igneous rocks. Members of the pseudobrookite series are all paramagnetic above liquid oxygen
temperatures and therefore have little significance for remanence. Approximate Curie (or Néel)
temperatures for various values of mole function x and y (at 0.1 intervals) are indicated for the
titanomagnetite and titanohematite series respectively. After Merrill and McElhinny (1983).



40 Paleomagnetism: Continents and Oceans

rich phase. However, magnetite-ulvdspinel intergrowths rarely occur in nature
because of the presence of oxygen in the melt, which oxidizes the
titanomagnetites. Thus, high-temperature oxidation, sometimes called deuteric
oxidation if it occurs during initial cooling, commonly occurs above the Curie
point in terrestrial magnetic minerals. In addition, low-temperature oxidation or
maghemitization may occur at temperatures below about 200°C to produce
titanomaghemites, a cation-deficient form of titanomagnetite that will be
discussed more fully in §2.2.2.

Pyrrhotite (Fe,_S, where 0 <x < £ ) is a common accessory magnetic mineral
in rocks, although it seldom dominates the remanence. In addition, greigite
(Fe;S,) occurs quite commonly in sediments that were formed under anoxic
conditions. Two important naturally occurring oxyhydroxides of iron are
goethite (aFeOOH) and lepidocrocite (yFeOOH). Both the sulfides and
oxyhydroxides are discussed further in §2.2.4. Table 2.2 summarizes the
magnetic properties of some of the magnetic minerals that occur in rocks
together with the properties of some typical ferromagnetic substances.

TABLE 2.2
Magnetic Properties of Some Common Minerals
Mineral Composition Magnetic state M, T.(°C)
(10° Am™)
Magnetite Fe;0, Ferrimagnetic 480 580
Titanomagnetite (TM60) Fe, ,Tiy O, Ferrimagnetic 125 150
Ulvospinel Fe,TiO, Antiferromagnetic -153
Hematite aFe,04 Canted antiferromagnetic ~2.5 675
Ilmenite FeTiO, Antiferromagnetic <233
Maghemite vFe, 0, Ferrimagnetic 380 590-675
Pyrrhotite Fe, S (0<x<4) Ferrimagnetic ~80 320
Greigite Fe;S, Ferrimagnetic 125 ~330
Goethite aFeOOH Antiferromagnetic with =2 120
defect ferromagnetism
Iron Fe Ferromagnetic 1715 765
Cobalt Co Ferromagnetic 1422 1131
Nickel Ni Ferromagnetic 484 358

2.2.2 Titanomagnetites

Titanomagnetites (generally referred to as TM) are cubic minerals within the
magnetite (Fe;O,) — ulvospinel (Fe,TiO;) series as shown in Fig. 2.6. They are
members of the spinel group (inverse type). As with all spinels, the cations are
located in two lattices 4 and B, the A sites in fourfold co-ordination with oxygen
ions and the B sites in sixfold co-ordination. There are two B cations for each 4
cation so that the two interacting sublattices are unequal giving rise to the
observed ferrimagnetism (Fig. 2.7). In normal spinels the divalent metal ion
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occupies the A4 sites, whereas the two trivalent metal ions occupy the B sites. In
inverse spinels the divalent ion and one trivalent ion exchange places. There is
complete solid solution at temperatures in excess of 600°C and the ionic
replacement in the solid solution series takes the form

2Fe « Fe?* +Ti*". (2.2.1)

The generalized formula for titanomagnetites is usually given by the relation
xFe,TiO4(1-x)Fe;O, or the equivalent Fe, ,Ti O, where x (0 <x < 1) is the
composition parameter giving the fraction of ulvospinel represented at the point
in the series or the mole fraction of Ti*'. Expressing x as a percentage, the
titanomagnetite composition is usually stated to lie between TMO (magnetite
with x = 0) and TM100 (ulvospinel with x = 100%).

The Curie point of magnetite is 580°C and it has cell dimension a = 8.396 A. It
is strongly magnetic with a spontaneous magnetization of 480 x 10> Am™' (see
Fig. 2.3 for the variation of M, with temperature). As the proportion of
ulvospinel increases, the cell dimension increases and the Curie point decreases
in a regular manner. Ulvéspinel has cell dimension a = 8.535 A and is
paramagnetic at room temperatures and antiferromagnetic at low temperatures
with a Néel temperature of -153°C (see Table 2.2). When magnetite is cooled to
about 120 K (-153°C) the unit cell is distorted slightly from cubic to monoclinic
symmetry. The temperature at which the transition between these states takes
place is known as the Verwey transition temperature, below which magnetite is
an electrical insulator and above which it becomes a semiconductor. In
titanomagnetites the Verwey transition is suppressed for compositions with
x>0.1. It will be shown later that the magnetic properties that depend on
crystalline anisotropy, such as remanence, susceptibility, and coercive force (see

Normal spinel Inverse spinel
Zinc Ferrite Magnetite Ulvéspinel
A B A B A B
- - -
24 3+ 3+ 3+ 2+ 3+ 2+ 2+ 4+
Zn Fe Fe Fe Fe Fe Fe Fe Ti
Antiferromagnetic Ferrimagnetic Antiferromagnetic

Fig. 2.7. Magnetization vectors in the two lattices 4 and B in normal and inverse spinels.
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§2.3.2), change abruptly around the Verwey transition temperature and this
property can be useful as a means of detecting magnetite in rocks (see §3.5.5).

High-Temperature (Deuteric) Oxidation
Although there is complete solid solution of the titanomagnetites at high
temperatures, intermediate compositions can only be preserved as single-phase
minerals at room temperature if they are cooled rapidly. For example, oceanic
basalts are quenched by extrusion into seawater and their primary magnetic
oxides are single-phase TM60 grains. If the basalts cool more slowly they will
generally not have single-phase TM grains because in nature there is usually
sufficient oxygen present to produce high-temperature (or deuteric) oxidation.
The oxidation takes place at temperatures of 600—1000°C during initial cooling
and is not due to weathering. See Haggerty (1976) for a discussion of this topic.
Oxidation of the TM series progresses toward the titanohematite series along
lines parallel to the base of the ternary diagram of Fig. 2.6. This progressive
oxidation is illustrated in the photomicrographs shown in Fig. 2.8. On cooling,
the typical unoxidized TM grain (Fig. 2.8a) is restricted to compositions near the
TM series end members, proceeding first with the production of ilmenite
lamellae (Fig. 2.8b) within (titano)magnetite through the general reaction

6Fe,TiO, + O, = 6FeTiO; + 2Fe;0, (2.2.2)
(ulvospinel) (ilmenite) (magnetite)
and then progressing towards the pseudobrookite series (Figs. 2.8¢—2.8f) until

ultimately only pseudobrookite is seen in association with (titano)hematite (the
highest oxidation state shown in Fig. 2.8f) along the general lines

2FeTiO; + 2Fe;0, + O, = 2Fe, TiO; + 2Fe,0;. (2.23)
(ilmenite) (magnetite) (pseudobrookite) (hematite)

Fig. 2.8. Progressive oxidation of magnetic minerals in rocks. Photomicrographs were taken using
an oil immersion objective with the scale line showing 25 pm. From Wilson and Haggerty (1966).
a—f. Progressive high-temperature oxidation of titanomagnetite in basalts.

a. A brown homogenecous titanomagnetite grain with sharp well-formed crystal faces.
Titanomagnetite has a face-centered cubic structure.

b. A well-shaped titanomagnetite grain with coarse ilmenite lamellae along [111] planes. The fine
needles are short lamellae of spinel exsolved along the [100] cube faces.

c. The original broad ilmenite lamellae have been oxidized to pseudobrookite (gray) and a
submicroscopic intergrowth (“meta-ilmenite”) of rutile and titanohematite (yellow). Brown
titanomagnetite again contains dark spinel rods.

d. The smaller dark brown titanomagnetite areas have been enveloped by the streaky rutile—
titanohematite intergrowth. The larger titanomagnetite areas still survive.

e. Development of pseudobrookite (gray) and titanohematite (brightish yellow) from the “meta-
ilmenite” of c. Titanomagnetite contains well-formed and abundant dark exsolved spinel rods.

f. This represents the highest oxidation state in the titanomagnetite series. The pseudobrookite
(gray) had been redistributed into fewer, more irregular areas in a host of titanohematite.
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TABLE 2.3
High-Temperature (Deuteric) Oxidation Classification Scheme from Wilson and Watkins (1967)
and Watkins and Haggerty (1967)

Class Observed characteristics

I Homogeneous (single-phase) titanomagnetites

I Titanomagnetites contain a few exsolved ilmenite lamellae in [111] planes
HI Abundant ilmenite lamellae with equilibrium two-phase intergrowths

v Ilmenite lamellae oxidized to rutile + hematite

v Residual titanomagnetite and ilmenite oxidized to rutile + hematite

VI Total oxidation to pseudobrookite and hematite and/or rutile

A useful empirical classification scheme for high-temperature oxidation has
been developed by Wilson and Watkins (1967) and Watkins and Haggerty
(1967) and is given in Table 2.3. Here the oxidation classes I-VI follow very
closely the states shown successively in Figs. 2.8a-2.8f. The oxidation index of
any sample is then defined as the weighted average of the observed oxidation
states of several hundred opaque mineral grains. Watkins and Haggerty (1967)
found that the highest oxidation states appear to be achieved only in very thick
lava flows. Basalts with a distinctive reddish color are generally indicative of a
high oxidation state.

Low-Temperature Oxidation: Titanomaghemites

Maghemite (yFe,05) is the ultimate low-temperature oxidation or weathering
product of magnetite. It has an inverse spinel structure similar to magnetite but
has a defective lattice with one ninth of the Fe positions in the lattice being
vacant with cell dimension a = 8.337A. It is unstable and when heated inverts to
rhombohedral hematite («Fe,0;) at temperatures between 250 and 750°C. The
Curie temperature has only been determined indirectly since it often lies above
the inversion temperature, but is estimated to be in the range 590-675°C
(Table 2.2).

g and h. Low-temperature oxidation (maghemitization) and replacement of titanomagnetite.

g. Fine vermicular replacement of titanomagnetite (brown) by titanomaghemite (lighter color). Note
renewed growth along the sharp upper edge after original crystal had become well formed.

h. The bright area is totally maghemitized. The cracks are typical at this stage. In the darker cracked
area the titanomaghemite has been replaced by a fine granular, amorphous iron—titanium oxide.

i-1. Progressive high-temperature oxidation in discrete ilmenite grains.

i. Homogeneous skeletal ilmenite in the lowest oxidation state. Ilmenite crystallizes in the
rhombohedral system and is typically long and lath shaped.

j- Development of fine light-colored ferrirutile blades in ilmenite. The blades have grown in the
[0112] and [0001] planes.

k. Sigmoidal (or leaf-textured) rutile in titanohematite, completely replacing the original ilmenite.

1. Pseudobrookite with relic undigested hematite (bright blebs) and rutile (less bright elongated
blebs) completely replacing the original ilmenite. This represents the highest oxidation state in
ilmenite.
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A partially oxidized titanomagnetite is usually referred to as titanomaghemite.
Note that this is a different usage of “maghemite” from pure maghemite, which
is the fully oxidized end member of magnetite oxidation. During low temperature
oxidation the bulk composition of titanomagnetite grains follow the oxidation
lines shown in Fig. 2.9, which shows the titanomaghemite field in terms of the
oxidation parameter z (0 <z < 1) and the composition parameter x (0 <x < 1).
The low-temperature oxidation of titanomagnetites (sometimes also referred to
as maghemitization) converts a single phase spinel to another single phase spinel
with a different structure. Note that this is different from high temperature
oxidation, which results in intergrowths of spinel (near magnetite) and
rhombohedral (near ilmenite) phases. Two stages of low temperature oxidation
of titanomagnetite are shown in Figs. 2.8g—2.8h. Because the lattice parameters
of the stochiometric titanomagnetite and the cation deficient titanomaghemite are
so different, the oxidized surface is strained and frequently cracks (Fig. 2.8h).
Ade-Hall ef al. (1971) have shown how each of the deuteric oxidation states
shown in Table 2.3 may change as a result of regional hydrothermal alteration.

TiO,
Anatase

3 FeTi 05
Ferropseudobrookit

{ Fe,TiO;
Pseudobrookite

0.2
T TFeo.o
FeO 3 Fey04 ;Fe0;
Wiistite Magnetite Hematite (o)
Maghemite (y)

Fig. 2.9. The FeO-TiO;-Fey03 ternary diagram of Fig. 2.6 showing the titanomaghemite field.
During low temperature oxidation the bulk composition follows the horizontal dashed lines, where z
is the oxidation parameter (0<z<1) and x is the titanomagnetite composition parameter (0<x<1).
After Dunlop (1990).
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Johnson and Hall (1978) developed a low-temperature oxidation classification
scheme (with stages 1-5) for submarine basalts along the lines of those shown in
Table 2.3.

2.2.3 Titanohematites

Titanohematites (sometimes also referred to as hemoilmenites) are rhombohedral
minerals within the hematite (aFe,0;) — ilmenite (FeTiO;) series as shown in
Fig. 2.6. There is complete solid solution above 1050°C and the ionic
replacement in the solid solution series follows that for the titanomagnetite series
given in (2.2.1). The generalized formula for titanohematites is usually given as
yFeTiO;(1-y)Fe,O; or the equivalent Fe, Ti O;, where y is the composition
parameter giving the fraction of ilmenite represented in the series or the mole
fraction of Ti*".

Hematite is rhombohedral with hexagonal unit cell dimensions a, = 5.0345 A
and c, = 13.749 A. The lattice is made up of layers of cations in sixfold co-
ordination parallel to the triad axis. It is a canted antiferromagnetic as illustrated
in Fig. 2.4. The oppositely magnetized Fe** ions in the two sublattices 4 and B
are canted at a small angle (= 0.2°) and this gives rise to a weak spontaneous
magnetization of about 2.5 x 10> Am™ (Table 2.2), only about 0.5% of that of
magnetite (see Fig. 2.3 for variation of M, with temperature). This spin canting
phenomenon is often referred to as parasitic ferromagnetism because the
ferromagnetism originates in and is a small fraction of the antiferromagnetism.
The Curie temperature of 675°C coincides with the Néel temperature at which
the antiferromagnetism disappears. As the proportion of ilmenite increases the
cell dimensions increase and the Curie temperature decreases in a regular
manner. [Imenite is antiferromagnetic and has cell dimensions a,= 5.0881 A and
¢,= 14.080 A and a Néel temperature of -223°C. When hematite is cooled below
about -15°C (the Morin fransition), the intrinsic weak ferromagnetism
disappears. As in the case of the Verwey transition in magnetite, this property
can be useful as a means of detecting hematite in rocks (see §3.5.5).

In addition to the spin-canted ferromagnetism there is also an underlying
isotropic ferromagnetism in hematite that probably arises from impurities or
lattice defects and is often called the defect moment. This defect ferromagnetism
is observable below the Morin transition (-15°C) and up to the Curie
temperature. Because defect ferromagnetism is sensitive to structure, it can be
altered by stress or heating and could thus provide spurious paleomagnetic
information. However, the defect remanence of fine-grained hematite, such as
occurs in red sediments, is magnetically softer than the spin-canted remanence
and can be erased by partial demagnetization (see §3.4.2).

Although there is complete solid solution of the titanohematites only at high
temperatures, intermediate single-phase compositions (y ~ 0.5-0.7) can only be
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preserved by rapid cooling, such as in the case of dacite pyroclastic rocks. These
rocks have the property of acquiring self-reversed thermoremanence as will be
discussed more fully in §4.1.2. In general, more slowly cooled rocks will contain
exsolution intergrowths near the end members of the series (ilmenite and
hematite). For titanohematites with compositions in the range 0 <y < 0.5, the
cation distribution is disordered and they are essentially antiferromagnetic with a
weak parasitic ferromagnetism as in hematite. In the range 0.5 <y < 1, the cation
distribution becomes ordered and the titanohematite is ferrimagnetic with the
maximum value of the spontaneous magnetization occurring around y = 0.7.
However, in the range 0.5 <y < 0.7 the Curie temperature lies between 200 and
20°C respectively and for y > 0.7 it is below room temperature.

Since pure hematite is already in its highest oxidation state, progressive high-
temperature oxidation is observed in ilmenite, the other end member of the
series. Further details can be found in Haggerty (1976). The progressive high-
temperature oxidation in discrete ilmenite grains is illustrated in Figs. 2.8i-2.8L
In the highest oxidation state pseudobrookite and rutile completely replace the
original ilmenite through the reaction

4FeTiO; + O, = 2Fe, TiO; + 2TiO,. 2.2.4)
(ilmenite)  (pseudobrookite) (rutile)

Hematite can be formed by deuteric high temperature oxidation of
titanomagnetite during cooling or through the inversion of titanomaghemite
during later reheating. It also forms as the end product of the prolonged
oxidation of magnetite at room temperature. In this form, pseudomorphing the
original magnetite crystals, it is called martite. Hematite is also formed through
other important secondary processes including the inversion of maghemite or the
dehydration of weathering products such as goethite (see §2.2.4). In red
sediments it is usually observed that hematite occurs in two forms: either as fine-
grained (<~1 um), red pigment or cement that has been precipitated from iron-
rich solutions in the pore spaces of clastic sediments giving redbeds their
distinctive color or as large grains (usually >10 um) of detrital origin often
referred to as specularite. The relative importance of these two forms of hematite
is discussed more fully in §3.4.1.

2.2.4 Iron Sulfides and Oxyhydroxides

Iron Sulfides

Until recently greigite (Fe;S,) was thought to be a rare mineral but it is now
known to occur quite commonly in sediments formed under anoxic conditions.
In the iron reduction zone in deep-sea sediments, fine-grained magnetite and
other oxides tend to dissolve and reform as sulfides, especially pyrite (FeS,). As
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a result, anoxic sediments are often basically nonmagnetic. However, under
sulfate-reducing conditions that can occur in muds and some rapidly deposited
deep-sea sediments, the magnetic sulfides greigite and pyrrhotite may be
preserved. Greigite is the sulfide counterpart of magnetite and has the same
inverse spinel structure (Fig. 2.7). It is ferrimagnetic with spontaneous
magnetization of about 125 x 10° Am’', about 25% of that of magnetite, with
Curie point of about 330°C (Table 2.2).

Pyrrhotite (Fe S, 0 < x < !%) is a reasonably common accessory mineral in
rocks, especially igneous rocks formed from sulfur-rich magmas, and occurs
frequently as a secondary mineral in deep-sea sediments. Natural pyrrhotite is
actually a mixture of monoclinic Fe,Sg, which is ferrimagnetic, and
antiferromagnetic hexagonal phases such as FeyS,; and Fe;;S;,. The deficiency
of Fe?* gives rise to vacancies in the lattice so that monoclinic pyrrhotite is a
cation-deficient ferrimagnetic like maghemite. It has spontaneous magnetization
of about 80 x 10* Am™! and Curie point of 320°C (Table 2.2). Above 500°C it
transforms irreversibly, usually to magnetite, and at higher temperatures
transforms to hematite either directly or by oxidation of magnetite.

Iron Oxyhydroxides

Iron oxyhydroxides form as weathering products that are often collectively
called limonite. Orthorhombic goethite (aFeOOH) is the most important of these
minerals and is a common constituent of soils and sediments. Goethite is
antiferromagnetic with a Néel temperature of 120°C, but it has a weak
superimposed parasitic ferromagnetism that probably arises from a defect
moment as in hematite, with which it is often intergrown. The Curie temperature
of this defect moment coincides with the Néel temperature. Its spontaneous
magnetization of about 2 x 10 Am! is less than that of hematite. On heating,
goethite dehydrates at temperatures in the range 250—400°C to form hematite as

20FeO0H = aFe,0, +H,0. (.2.5)

Lepidocrocite (yFeOOH) is only a minor constituent of soils and sediments
and is antiferromagnetic with a Néel temperature well below room temperature.
However, although it cannot carry any remanence, it can be important because it
dehydrates to strongly magnetic maghemite when heated above 250°C as

2yFeOOH = yFe,0; +H,0. (2.2.6)

On further heating, at around 400°C, the maghemite will invert to hematite.
Therefore, on heating samples containing lepidocrocite, the possible magnetic
effects can be strange in that an initially nonmagnetic mineral first inverts to a
strong magnetic mineral and finally to a weak magnetic mineral.
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2.3 Physical Theory of Rock Magnetism

2.3.1 Magnetic Domains

When the magnetization of a body produces an external field (i.e., it exhibits a
remanence), it has magnetostatic energy or energy of self-demagnetization. This
arises from the shape of the body, because it is more easily magnetized in some
directions than in others. The internal field tends to oppose the magnetization
and is referred to as a demagnetizing field. Two extreme examples illustrate this
point in Fig. 2.10. It is easier to magnetize a long thin rod along its length than
across it. When magnetized along its length (Fig. 2.10a) elementary magnets can
be imagined to be lined up inside so that the north pole of one lies next to the
south pole of its neighbor and the magnetization is aided by their mutual
attraction. All the “+” and “-” signs cancel out inside the material, but there is a
“bound” magnetic “charge” at the boundaries which produces the demagnetizing
field. With magnetization along the rod, the bound magnetic charge is small with
the charges far apart so the demagnetizing field (and therefore the magnetostatic
energy) is small. To magnetize the rod at right angles to the axis (Fig. 2.10b)
requires that the elementary magnets be lined up so that north poles of neighbors
are adjacent as are their south poles. Consequently, the “+” and “-” signs do not
cancel and there is a large bound magnetic charge, with the charges close
together. Thus, the demagnetizing field, and hence the magnetostatic energy, is
large. If there were no exchange energy, the elementary magnets would
rearrange themselves so that each alternate one pointed in the opposite direction
(Fig. 2.10c¢) so that the magnetostatic energy would be zero.

The demagnetizing field is proportional to a factor called the demagnetizing
Jactor, N, which is related to the shape of the body. For an arbitrarily shaped
body it is usually extremely difficult to calculate the demagnetizing factors.
However, for some simple shapes, such as ellipsoids, the factors are relatively
easy to calculate. If N,, Ny, and N, are the demagnetizing factors along the three
principal axes of the ellipsoid then they are related by the general relationship

N,+N,+N,=1 (2.3.1)

A long thin rod (a greatly elongated ellipsoid) has N, = 0 along its long axis and
thus N, = N, = )4 across the rod. Across a large flat plate (which is just a greatly
flattened ellipsoid) N, = N, = 0 in the plane of the plate so N, = 1 across it. For a
sphere or a cube N, = N, =N, = ). In the general case an ellipsoid of volume V,
magnetized with magnetization M, has a magnetostatic energy, £, given by

E, =3u,NvM?, 23.2)
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Fig. 2.10. To illustrate the ease with which a rod can be magnetized along its length compared with
at right angles to its length.

where N is the demagnetizing factor in the direction of the magnetization M.
Except for a sphere or a cube, where the demagnetizing factor is the same in all
directions, the general situation is that it will be easiest to magnetize a body
along its long axis. This effect is called shape anisotropy.

Suppose a ferromagnetic grain is magnetized to saturation as in Fig. 2.11a.
There is a large magnetostatic energy associated with the grain. The surface
poles create an internal magnetic field, Hy (in the direction opposite to that of
M), which is usually expressed in the form

Hy=-NM,, (2.3.3)

S

where N is the demagnetizing factor. If the grain is subdivided into two
oppositely magnetized regions as in Fig. 2.11b, the internal field, and
consequently the magnetostatic energy, is decreased. However, a boundary or
wall must be formed between the two oppositely magnetized regions and
magnetic energy (the wall energy) is stored in this wall. The system assumes the
state of lowest total energy. The process of subdivision will continue as shown in
Fig. 2.11c until the energy required for the formation of an additional boundary
is greater then the consequent reduction in magnetostatic energy. The subdivided
regions are called magnetic domains and the boundaries between them are called
domain walls.

The change in the direction of magnetization between one domain and the next
does not occur abruptly across a single atomic plane. Domain walls can have
considerable variation in thickness depending on the substance and type of wall.
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Fig. 2.11. Subdivision of a ferromagnetic grain into domains. (a) Single-domain structure with
widely separated + and — poles. (b) Two-domain structure with less pole separation. (c) Four-
domain state. (d) Two-domain state with closure domains. Redrawn after Dunlop and Ozdemir
(1997), with the permission of Cambridge University Press.

For magnetite the wall width has been calculated to be 0.28 pum or about 300
lattice spacings (Dunlop and Ozdemir, 1997) and has been determined
experimentally as 0.18 pm (Moskowitz er al., 1988). The corresponding wall
energy is approximately 10~ Jm™.

The grain shown in Fig. 2.11a, where no domains occur, is referred to as a
single-domain grain (SD grain) and at some critical size the grain will subdivide
into two or more domains to form a multidomain grain (MD grain). Note that it
is usually energetically more favorable to subdivide the grain by a wall parallel
to the long axis of the grain. Another way of reducing or eliminating the
magnetostatic energy is by adding closure domains to the two-domain state
(Fig. 2.11d). There are now no surface poles and no external field and the wall
energy is also reduced when compared with that of the four-domain state.
However, the closure domains generate additional magnetoelastic energy as



Rock Magnetism 51

described later. The body and closure domains in Fig. 2.11d are strained and
both are shorter than they would be in isolation.

In addition to the magnetostatic energy of a grain, arising from its shape
anisotropy (i.e., it is easier to magnetize along the long axis than in other
directions), there is energy from magnetocrystalline anisotropy that arises
because it is easier for the domain magnetizations to lie along certain
crystallographic axes than along others. For example, in a magnetite crystal the
easy direction of magnetization is along the [111] axis and the difficult or hard
direction is along the [100] axis. The magnetocrystalline anisotropy energy is the
difference in magnetization energy between the hard and easy directions.
Obviously, the contribution to the total energy will be a minimum when the
various domain magnetizations all lie along easy directions.

The magnetization of a ferromagnetic or ferrimagnetic crystal is usually
accompanied by a spontaneous change in the dimensions of the crystal, giving
rise to magnetostriction, which is due to strain arising from magnetic interaction
along the atoms forming the crystal lattice. In addition, the presence of some
impurity in the crystal lattice, or the presence of dislocations, will produce
internal stress that then acts as a barrier to changes in magnetization. Strain
occurs when closure domains are formed as in Fig. 2.11d. The strain dependence
of crystalline anisotropy is termed magnetoelasticity giving rise to
magnetoelastic energy or magnetostrictive strain energy.

2.3.2 Theory for Single-Domain Grains

The theory of the magnetization of an assemblage of SD particles is due to Néel
(1949, 1955). Although it appears to have wide applicability, it is based on the
assumption that the grains are identical and that there are no grain interactions.
These assumptions can obviously lead to shortcomings in various aspects of the
theory, but the essential features of the behavior of magnetic grains over the
geological time scale can be adequately described in terms of this simple theory.
Consideration of grain interactions has led to the Preisach—Néel theory, which
has been developed by Dunlop and West (1969), but discussion of the details of
this theory is beyond the scope of this book (see also Dunlop and Ozdemir,
1997).

Imagine a set of identical grains with uniaxial symmetry; that is, the magnetic
moment of an individual grain may be oriented in either direction along its axis
of symmetry but not in any other direction. The axes of the grains are randomly
oriented so that a specimen may have zero magnetic moment if the
magnetizations are directed so as to cancel out one another. On application of a
magnetic field in any direction, the specimen acquires a magnetic moment
because the individual grain magnetizations will be in whichever of the two
directions along their axis of symmetry has a component in the direction of the
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external field. Thus, although individual magnetic grains are themselves
magnetically anisotropic, a random assemblage of grains making up the
specimen is magnetically isotropic.

The magnetic behavior of one of these grains depends on its orientation with
respect to the applied field. When the field is parallel to the axis of the grain a
rectangular hysteresis loop results as in Fig. 2.12a. The height is twice the
saturation magnetization M,, and the width is twice the microscopic coercivity
B (= noH, = 2K/Ms, where K is the anisotropy constant, see (2.3.10) below). At
B=+B! and B=-B/ there are discontinuities in the magnetization. At the
other extreme, when the axis of the grain is perpendicular to the applied field,
there is no hysteresis (Fig. 2.12b). For B> B] and B <-B/, the magnetization
is +M, and -M, respectively. As B changes from —B. to +B;, then M, varies
linearly from -M, to +M,. In a randomly oriented assemblage of grains, the
average limiting hysteresis cycle is as shown in Fig. 2.12c. There is a remanence
M, = 0.5M, and a B, ~05B]. Note that the microscopic coercivity B, of a
single grain should be distinguished from the bulk coercivity B, defined by the
hysteresis of bulk materials as in §2.1.4.

In an SD grain the internal magnetization energy depends only on the
orientation of the magnetic moment with respect to certain axes in the grain. For
magnetically uniaxial grains, the energy E is given by

E = Kvsin?0, (2.3.4)

where v is the volume of the grain and 6 is the angle between the magnetic
moment and the axis. K is called the anisotropy constant and can arise from
three factors that contribute to the magnetic anisotropy of an SD grain: shape
anisotropy, magnetocrystalline anisotropy and magnetostrictive (or stress)
anisotropy (see §2.3.1). The microscopic coercivity B; is simply related to the
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Fig. 2.12. Hysteresis loops of single domain particles. (a) Square loop produced when B and M are
confined to the same axis. (b) No hysteresis produced if B and M are perpendicular. (¢c) Hysteresis
loop produced by a set of randomly oriented grains in which the remanence M, =2 M,.
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anisotropy constant by the relation

S

The anisotropy constant and microscopic coercivity for the three types are as
follows.

Shape: K =05uy(Ny = N)MZ, Bl =po(Ny - N,)M,, (2.3.6)

where N, and N, are the demagnetizing factors along the equatorial and polar
axes of the prolate spheroid respectively.

2K
Magnetocrystalline: K =K, B = 7’ , 2.3.7)
S
where K| is the first magnetocrystalline anisotropy constant.
3Ac
: K=3), B= , 238
Stress: 5 Yy (23.8)

where A is the average magnetostrictive coefficient and o is the internal stress
amplitude.

It should be noted that the values of M, for magnetite (480 x 10° Am™") and
hematite (2.2 x 10> Am™") are widely different and this means that different
forms of anisotropy are important in the two cases. For hematite it is obvious
that shape anisotropy is of no significance compared with either magneto-
crystalline or stress-induced anisotropy. Hematite has high coercivities that are
probably due to stress-induced anisotropy. Then A = 8 x 10 and for an internal
stress of o= 100 MPa (lkb), B, = 500 mT. For magnetite the effect of
mechanical stress is minor since a uniaxial stress of 6 = 10 MPa (0.1 kb), which
is close to the breaking strength, only gives B; =2 mT with A = 36 x 10®, In the
case of magnetocrystalline anisotropy, K, = 1.35 x 10* Jm™, so this cannot give
rise to coercivities in excess of B, = 60 mT. Shape anisotropy, however, can
give rise to coercivities considerably greater than this. The theoretical maximum
(for infinitely long needles) is given by B =Y. py M, ~ 300 mT).

The magnetic susceptibility ¥, (initial susceptibility) of a random assemblage
of SD grains (Fig. 2.12¢) in which shape anisotropy predominates is given by

_ H0M52

3K =2(N,-N,). (2.3.9)

Xs
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For magnetite, y, therefore lies between 1.33 (infinite needles) and about 10,
although this upper limit is really set by magnetocrystalline anisotropy for
equidimensional grains and this can give values of 7 as high as about 20. For
hematite 7 is four orders of magnitude smaller, with the very much lower value
of M, and the dominance of stress-induced anisotropy giving y, = 1073, Model
MD grains have susceptibility 1/N parallel to the domain magnetization and an
SD-like susceptibility perpendicular. For the complicated case of many nonlinear
walls, Stacey (1963) and O’Reilly (1984) give the susceptibility ¥, simply as

Yo = (2.3.10)

1
N
2.3.3 Magnetic Viscosity

In the absence of an applied field, the magnetic moment of a uniaxial SD grain
can take up two orientations of equal minimum energy, 6 = 0 or 6 = 180° from
(2.3.4). The potential barrier between these two positions is represented by the
positions of maximum energy that occur at £90°, and from (2.3.4) has value £,
given by

E, =vK (2.3.11)

The thermal fluctuations of energy E, , given by

E =kT, (2.3.12)

where k is Boltzmann’s constant (1.38 x 102* Jm™) and T is the absolute
temperature, are capable of moving the magnetic moment from one minimum to
the other if £, > E, i.e., if kT > vK. For a given value of T there must always be
some grains of volume v for which the thermal fluctuations are large enough to
cause the moment to change spontaneously from one position to the other. If an
assemblage of identical grains has an initial moment M,, then under these
conditions it will decay exponentially to zero according to the relation

M, = Myexp(-t/1), (23.13)

where M, is the moment remaining after time ¢ and 7 is the relaxation time of the
grains. The initial moment M, will thus have decayed to one-half of its value
(M, = 2M,) after time ¢ = 0.6931, which can be thought of as the “half-life” of
the initial remanence.

The relaxation time is related to the ratio of the two energies £, and E, by the
equation
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1 (VK]
=—exp| — (2.3.14)
T

where f=10°s"! (Moskowitz ef al., 1997) is the frequency of successive thermal
excitations and K is the value of the anisotropy constant at temperature 7. From
(2.3.5) the anisotropy constant K is related to the microscopic coercivity B(.
Therefore, the relaxation time T may alternatively be given as

1 VB M,
r=—f—exp 2T . (2.3.15)
i

where B! and M, are their values at temperature 7. Note that 1 is thus directly
related to the microscopic coercivity. This has important implications relating to
the magnetic stability of rocks and forms the basis of the method of “magnetic
cleaning”(§3.4.1).

When the relaxation time is small, say 100 seconds, the magnetization
acquired by an assemblage of grains will be lost almost as soon as it has been
acquired. The grains are rendered unstable by thermal agitation and, on
application of a weak field, they quickly reach equilibrium with this field. The
moment so acquired is called the equilibrium magnetization, which, on removal
of the applied field, quickly dies away at a rate determined by the relaxation
time. Grains such as these are said to be superparamagnetic and are referred to
here as SP grains. The relaxation time according to (2.3.14) becomes small when
T is large (i.e., at higher temperatures) and also when v is small (small grain
size). For each grain of volume v there is thus a critical blocking temperature,
Ty, at which 1t becomes small (say 100 s), but which might also be below the
Curie temperature. Similarly at any given temperature 7, there is a critical
blocking volume, vy (corresponding to a sphere of diameter 4j), at which t
becomes small.

For the moment it is convenient to neglect changes with temperature of the
anisotropy constant K, although this will be considered in more detail in §2.3.8.
The relaxation time t; at temperature 7| is then simply related to the relaxation
time 1, at temperature 7, from (2.3.14)

T in(fey)~ T3 In( ) - (23.16)

Thus, the same effect upon the remanence is obtained either by maintaining at
temperature T, for sufficient time 1, or by raising to a higher temperature 7, and
maintaining this for a shorter time t,. For example, putting £ = 10° s™! (2.3.16)
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shows that maintaining at a temperature of 150°C for 10° years is equivalent to
maintaining at 500°C for only 1000 s. These are only approximate values; this
relationship is discussed more fully in §2.3.8, in which the temperature variation
of K is taken into account in relation to the acquisition of VRM. It also has
implications for the thermal demagnetization of rocks as discussed in §3.4.2.

2.3.4 Critical Size for Single-Domain Grains

The theory outlined above is for SD grains, but the magnetic behavior of SD and
MD grains is quite different so it is of some importance to determine which
configurations are relevant to the magnetic minerals in rocks. For SD grains the
saturation remanence M, (see Fig. 2.5) would ideally be expected to have a
value of 0.5 of the saturation magnetization M so that M /M, ~ 0.5 (§2.3.2).
However, for two-domain (2D) or larger grains the ratio M, /M, would be
expected to fall abruptly beyond the SD critical size to the ratio of <0.1 expected
for MD grains. The data in Fig. 2.13 show that there is no such observed abrupt
fall. A similar effect would be expected in the ability of grains to acquire
thermoremanent magnetization (TRM; see §2.3.5), but again there is no such
observed effect. Stacey (1962) therefore proposed that there are MD grains,
containing only a small number of domains, that act akin to SD grains. He
termed these pseudo-single-domain (PSD) grains. It is now recognized that the
PSD size range includes most of the magnetite or titanomagnetite carrying stable
TRM in igneous rocks.

The mechanism of PSD behavior remains far from certain, but Stacey (1962)
preferred Barkhausen discreteness. In MD -grains the potential barriers opposing
changes in remanence arise from crystal imperfections that cause local stresses
and variations in spontaneous magnetization. The energy of a domain wall may
thus be a minimum at several discrete positions only. Changes in magnetization
then take place when the domain wall moves in jumps, so-called Barkhausen
jumps, from one minimum in potential to the next. In a large MD grain the
domain walls can generally find suitable positions so that the magnetostatic
energy is zero. However, in small MD grains the Barkhausen discreteness of the
positions of the domain walls prevents them from occupying the precise
positions necessary to give the grain zero magnetic moment. In such a model the
PSD moment is not independent of MD processes. For example, the moment can
only reverse if domain walls are displaced. Conversely, typically they cannot be
demagnetized. The behavior of such grains is, therefore, somewhere between
that of SD and MD grains.

Recent models, based on the domain wall moment and on metastable SD
grains, have superseded the Stacey model. However, these models are viable
only over the lower part of the observed PSD range. A domain wall has a net
moment perpendicular to the domain magnetization, with a choice of two
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Fig. 2.13. Grain size dependence of the saturation remanence ratio M, /M in magnetite grains. The
continuous decrease observed is at odds with the abrupt decrease above the critical SD size
predicted by multidomain theories. After Dunlop (1995).

orientations depending on the sense of spin rotation across the wall. Wall
moments have truly SD behavior in that they are perpendicular to and can
reverse independently of the domain magnetizations (Dunlop, 1977, 1981).
Halgedahl and Fuller (1980, 1983) noted that the magnetic structure (e.g., SD or
MD) depended not only on the size of tne grain but also on its history. Thus, if
the magnetic structure of a grain is derived rather than prescribed, there is
usually no sharp SD to MD transition. Using this observation, Halgedahl and
Fuller developed a PSD model on the idea that wall nucleation sites are
randomly distributed and that nucleations are (in a statistical sense) rare events.
This model predicts that the number of walls is Poisson distributed, which
provides a good match with observation. This implies that metastable SD grains
(i.e. no walls) account for most of the remanence. Moon and Merrill (1984,
1985) provided the first understanding using micromagnetic theory that a grain
magnetic structure could depend on its history. It appears that there is an
intermediate structure, referred to as a vortex state (Newell er al., 1993), that is
the lowest energy state for sizes slightly larger than SD but smaller than MD.

The domains illustrated in Fig. 2.11 show that, in the absence of an applied
external field, the magnetostatic energy decreases as the number of domains »
increases. In classical domain theory the critical size d, for the transition
between the SD and 2D states arises when the decrease in magnetostatic energy
exactly balances the wall energy, £, (i.e., the energies of SD and 2D structures
are equal). Dunlop and Ozdemir (1997) give the useful approximation for the



58 Paleomagnetism: Continents and Oceans

magnetostatic energy E , of a crystal with » domains in terms of its SD
counterpart Egp, as

1
Ep~lEg (2:3.17)
so that
Eg =Eyp +E, , (2.3.18)
where Eg = %MoNsoMszdoLW =2E,p, (2.3.19)
and E,=y LW (2.3.20)

where v,, is the wall energy per unit area (see Fig. 2.11 for definitions of L and
W). Hence, combining (2.3.18), (2.3.19) and (2.3.20)

4y,

—_— (2.3.21)
MONSDMS2

dy=

Substituting values for magnetite of y,, = 10 Jm? and M, = 480 x 10* Am’!,
then d, ~ 0.04 um for cubes in which Ngp = 0.33. This is only 50 lattice spacings
and considerably less than the wall width for magnetite of ~0.1-0.2 pm. This
apparent contradiction was first pointed out by Néel (1947). One would expect
the critical SD size to be at least this large to accommodate the domain wall.
This highlights the fact that the thin-wall model of Fig. 2.11 is inappropriate and
(2.3.21) gives a significant underestimate of d,. However, the structure of
(2.3.21) provides interesting insight. Since the critical size d, « 1/M.? and M,
decreases with increasing temperature, grains that are 2D at room temperature
may transform to SD at high temperatures, particularly near the Curie point. For
titanomagnetites, where the value of M, decreases with increasing x, the critical
SD size can be expected to be larger than that for pure magnetite. In the case of
hematite M, =2.2 x 10> Am™ and so d,, is much larger, with a value of 15 pm
determined experimentally for equidimensional grains (Dunlop and Ozdemir,
1997). So, for most purposes hematite grains can be considered to be SD grains.
In practice, grains are rarely equidimensional and elongated grains of
magnetite, with much smaller Ngp,, will support single domains to much larger
sizes. Evans and McElhinny (1969) generalized the calculations to the case of
prolate ellipsoids (¥ can be obtained from standard tables). They showed that
elongated grains of magnetite of up to several micrometres in length could act as
SD grains. Butler and Banerjee (1975) argued that the faceted crystals
commonly found in rocks were better represented by cuboids (rectangular
parallelepipeds) and recalculated the possible SD size range with results similar
to those of Evans and McElhinny (1969). Newell and Merrill (1999) applied
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Fig. 2.14. Superparamagnetic and SD fields for rectangular parallelepiped magnetite grains.
Compiled from Newell and Merrill (1999).

micromagnetic theory to the problem. In this theory the energy terms are the
same as in domain theory, but the magnetization is allowed to vary continuously
and the lowest energy state is then derived rather than assumed.

The calculations made by Newell and Merrill (1999) using micromagnetic
theory include the effects of shape, crystallographic orientations, and stress.
Their results are illustrated in Fig. 2.14 for the case of rectangular
parallelepipeds of varying width/length ratio. There are two critical sizes, L,
and Lg;,, that correspond to maxima in coercivity and remanence respectively
where Ly, is always larger than Lg,. The region of superparamagnetic
behavior is also shown in Fig. 2.14, being defined for relaxation times t < 100 s.
The boundary for grains with relaxation time 4 x 10° years lies close to the
superparamagnetic boundary, so that the transition region is sharp. Figure 2.14
indicates that there is a wide range of shapes and sizes over which SD behavior
can be expected in magnetite. The SD boundary for Ly approaches infinity for
particle elongations of 5:1 so that large, highly elongated particles of magnetite
can have SD-like remanence.

Throughout almost the whole of the SD field in Fig. 2.14 the relaxation time is
very much greater than the age of the Earth, so that these grains are of
considerable importance to paleomagnetism, being capable of retaining their
initial remanence over the whole of geological time. The presence of small
magnetite grains in the appropriate size—shape range has been confirmed by
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Fig. 2.15. Hypothetical change in relaxation time t as a function of grain volume v, all other factors
being held constant. SD, single domain; PSD, pseudo-single-domain; MD, muitidomain. From
Merrill and McElhinny (1983).

electron microscopy (Evans and Wayman, 1970, 1974). It should be noted that
the deuteric oxidation of titanomagnetites can cause the growth of exsolution
lamellae of ilmenite that effectively subdivides the crystal into sheet-like or rod-
like subgrains of magnetite. These elongated subgrains can be of suitable size to
be interacting SD particles with high shape anisotropy and high coercivity
(Strangway et al.,, 1968). Experimental work by Davis and Evans (1976)
confirms that this is the case.

For SD grains the relaxation time increases with increase in volume v as
indicated by (2.3.14). The way in which the relaxation time varies in the PSD
and MD region is not well known, but theory and observation suggest the
hypothetical variation with grain size given in Fig. 2.15. It appears to have a
single maximum either in the SD size range or in the PSD size range.

2.3.5 Thermoremanent Magnetization

The remanence acquired by a rock specimen during cooling from the Curie point
to room temperature is called the fota/ TRM. Upon cooling from a high
temperature, spontaneous magnetization appears at the Curie point 7, and this
assumes an equilibrium magnetization in the presence of an applied field. Grains
of different volumes v will each have different blocking temperatures 7. As the
temperature cools below 7, and then passes through each Ty, the relaxation time
of each of these grains increases very rapidly. The equilibrium magnetization
becomes “frozen in” and subsequent changes in the field direction occurring at
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Fig. 2.16. The acquisition of TRM. The PTRMs acquired over successive temperatures add up to
give the total TRM curve.

temperatures below 75 are ineffective in changing the direction of
magnetization. From (2.3.16), using a value of 1= 100 s at the blocking
temperature, a grain with T = 530°C (800K) has relaxation time of 10'* years
on cooling to room temperature (30°C). Even grains with relatively low blocking
temperatures of 330°C (600 K) have a relaxation time of 108 years on cooling to
room temperature. This is one of the basic appeals of paleomagnetism; TRM is
essentially stable on the geological time scale.

The TRM is not all acquired at the Curie point T, but over a range of blocking
temperatures from the Curie point down to room temperature (Fig. 2.16). The
total TRM may be considered to have been acquired in steps within successively
cooler temperature intervals (7,.-7;), (7-T,), and so on. The fraction of the total
TRM acquired in these temperature intervals is called the partial TRM for each
temperature interval. The PTRM acquired in any interval is not affected by the
field applied at subsequent intervals on cooling. Thus, the total TRM is equal to
the sum of the PTRMs acquired in each consecutive temperature interval
between the Curie temperature and room temperature (Fig. 2.16). This is known
as the law of additivity of PTRM (Thellier, 1938). Conversely, on reheating to
any temperature 7 < T, the original magnetization of all grains with blocking
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temperatures less than 7 is destroyed. This has important implications relating to
the magnetic stability of rocks and forms the basis of the method of “thermal
cleaning” (§3.4.1).

Néel (1949) considered the TRM of uniaxial grains of volume v aligned with
the direction of an applied field B = p,H. He assumed that there is a blocking
temperature (§2.3.4) above which the grain assembly is in equilibrium, but
below which the magnetization is locked into the sample. The room temperature
TRM is then given by

M2, = M, tanh| Y8 | (2.3.22)
kT,

where M is the saturation magnetization at room temperature and My that at the
blocking temperature 7g. This is the basic equation for the theory of TRM. The
general case of a randomly oriented assembly of grains can be solved for small
fields (0-0.1 mT), as in the case of the Earth’s field, and from Stacey (1963) is
given by

so _ MvMgB
TRM W, (2.3.23)
In this case TRM is proportional to the applied field. The theory of course
applies strictly only to noninteracting SD grains. It applies in this case to
hematite grains, but only to equidimensional magnetite grains of up to about 0.2
pm and more elongated grains of up to a few micrometres. Néel’s theory has
been criticized as being too simplistic; however, more rigorous treatments give
essentially the same results.

For true MD grains the theory becomes complex and readers are referred to
Dunlop and Ozdemir (1997) for a complete treatment. However, a simplified
treatment by Stacey (1958) gives the relation

w _ MB

TRM = (., - (2.3.24)
HoNM g

This suggests that the TRM of MD grains is proportional to the applied field and
is roughly independent of grain size.

Figure 2.17 shows experimental determinations of the grain-size dependence
of weak-field (0.1 mT) TRM in magnetite. Néel’s theory (2.3.23) predicts an
increase in TRM as v increases. This is exactly as observed for grain sizes up to
the critical equidimensional size d, for magnetite of about 0.1-0.2 um (§2.3.4).
Beyond the SD range, TRM decreases with increasing grain size to the value for
true MD grains (2.3.24). In the Halgedahl and Fuller (1980, 1983) theory for
PSD magnetization that might apply in the intermediate range, the TRM of
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Fig. 2.17. The grain size dependence of the intensity of weak-field (0.1 mT) TRM in magnetite.
After Dunlop and Argyle (1997).

metastable SD grains depends on the probability that no domain walls will have
nucleated and therefore becomes a fraction of the SD remanence. For a given
grain size some of the grains will have no domain walls and others will have
differing numbers of walls with an average value of w for that grain size. The
TRM for any given grain size will therefore be a combination of the TRM of the
metastable SD grains (no domain walls) and the multidomain TRM from the
remaining grains. Fuller (1984) suggests the following relationship

Mgy =€ " Moy +(1-e " )MM2 (2.3.25)

For large values of w this gives the MD value and for w = 0 the SD value. The
appropriate grain size relationship of w for the TRM after weak-field cooling is
not known for magnetite or titanomagnetite but W ~ (" —1) will be a rough
approximation, where r is the ratio of the grain size to the critical SD grain size.
As shown by Fuller (1984) the TRM given by (2.3.25) predicts the fall in TRM
in the PSD range shown by the experimental data of Fig. 2.17.

It is worth noting that (2.3.24) and (2.3.10) enable the Koenigsberger ratio Q,
of (2.1.5) to be calculated for MD grains of magnetite, since Q,, for the NRM is
frequently quoted in paleomagnetic studies. After allowing for the effect of the
internal demagnetizing field, Dunlop and Ozdemir (1997) calculate Q, = 0.6 that
is close to the experimental value for MD magnetite. For SD grains of magnetite
the TRM is very much higher by at least an order of magnitude (Fig. 2.17), so
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that for these grains usually Q, > 10. Most rocks used for paleomagnetism have
@, > 1 so that pure multidomain TRM typically makes little contribution to the
total TRM.

When carrying out laboratory tests relating to TRM in rocks, the very act of
reheating the rock sample can cause chemical changes that can make the test
ineffective. The acquisition of TRM involves the thermal activation of grains so
that the energy barriers preventing the resetting of the magnetization in grains
can be overcome. Anhysteretic remanent magnetization (ARM) is often used as
an analog of TRM for laboratory testing. ARM is that remanence acquired when
a sample is subjected to a decreasing alternating magnetic field in the presence
of a small steady magnetic field (see Table 1.2). The alternating field must
initially be of sufficient strength to be able to saturate the magnetic grains in the
sample. The alternating magnetic field then becomes the low-temperature analog
of thermal activation. Weak-field ARM and TRM exhibit similar alternating
field demagnetization characteristics so heating of the sample can be avoided
(see §3.5.3).

2.3.6 Crystallization (or Chemical) Remanent Magnetization (CRM)

CRM results from the formation of a magnetic mineral at low temperatures
(below the Curie point) in the presence of an applied field. This may take the
form of single-phase (or grain-growth) CRM by nucleation and growth through
the critical blocking diameter dy (or corresponding volume vg) as defined in
§2.3.4. Alternatively, it may take the form of two-phase (or parent—daughter)
CRM through the alteration of an existing magnetic phase. CRM is often
referred to as chemical remanent magnetization but this is not always strictly
correct. For example, the transformation of maghemite (yFe,0;) to hematite
(aFe,0;) is one from the spinel to the rhombohedral structure that occurs with
no chemical change, only a restacking of the lattice.

Unfortunately, it is not always easy to recognize CRM because its unblocking
temperatures and coercivities overlap those of TRM (§2.3.5) and DRM (§2.3.7).
Here, three major aspects of CRM that are significant in continental studies will
be considered: CRM acquisition through single-phase or grain-growth at
constant temperature, CRM as it applies to redbeds, and CRM caused by the
alteration of carbonates. The problem of CRM acquired through the alteration of
titanomagnetites in oceanic basalts will be considered in the discussion of
oceanic paleomagnetism in chapter 5.

Single-Phase or Grain-Growth CRM

Suppose a small grain is superparamagnetic at room temperature and therefore
has no remanence since the thermal fluctuations are too great and the grain is
magnetically unstable (§2.3.4). When such a grain nucleates and grows in a
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weak magnetic field, it may grow to a sufficient size to pass through the critical
blocking volume vy, when the relaxation time of the grain increases very rapidly.
The equilibrium magnetization then becomes “frozen in” and, as the grain grows
further, subsequent changes in the field direction have no effect on the direction
of magnetization. The process is analogous to the acquisition of TRM.

From (2.3.16), as a superparamagnetic grain grows at temperature T, its
magnetization becomes stabilized at some volume vy when

_ kT In( ft)
==

where 1 =100 s and /= 10° 5. Hematite grains, for which K = 1.2 x 10* Jm™,
are of particular interest here. Assuming the grains are spheres, then at a
temperature T = 300 K (27°C), the critical blocking diameter dy =~ 0.1 pm.
Experimental determinations suggest a slightly different value of dy = 0.2-0.3
um (Dunlop and Ozdemir, 1997). Note that when the grains have grown from a
diameter of 0.10 to 0.13 um, the relaxation time has already increased to
10° years! Again, this is one of the basic appeals of paleomagnetism; that
original CRM by grain growth can be stable over the geological time scale.

Stacey (1963) considered the CRM acquisition of SD grains, whose
anisotropies are aligned in the direction of the applied field B in which they are
growing at temperature 7. The magnetization is given by

vg (2.3.26)

vpM B
Mgy = Mstanh(—BkTs) . (2.3.27)

In small fields (0—0.1 mT), a random assemblage of such grains produces a CRM
given by

2
vgM{B
= ) 2.3.28
CRM AT ( )
Substituting values for v from (2.3.26) for hematite gives
M gy = 4x10° B. (23.29)

This suggests that the CRM of noninteracting grains of hematite is independent
of the size to which the grains have grown, providing they exceed the critical
volume vy and that they remain SD.

The magnetic characteristics of CRM are similar to those of TRM.
Experimental work confirms that CRM magnetization is proportional to the
applied field as predicted from theory. In general, the magnitude of CRM is less
than that of TRM, but this depends on several factors, as studied in detail by
McClelland (1996).
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CRM in Redbeds

Large black crystalline hematite grains (specularite) of detrital origin are found
in both red and non-red sediments. The fine-grained hematite pigment, which
gives redbeds their distinctive color, may be derived from the alteration of an
existing magnetic phase in three possible ways — by the oxidation of magnetite to
hematite, the inversion of maghemite to hematite, or the dehydration of goethite
to hematite — according to the reactions

4Fe;0, + 0, = 6aFe,04
20FeO0H = aFe,0; + H,0

in the presence of an applied field, each of the reactions results in a two-phase or
daughter—parent CRM. All the reactions are slow at room temperature, but
accelerate with mild heating such as during burial in a sedimentary sequence.

In all cases the lattices of the parent and daughter phases are incompatible.
Therefore, a growth CRM, controlled by the applied field, would be expected to
accompany each reaction. However, the growing daughter phase may also be
influenced by its magnetic parent phase due to magnetostatic or exchange
coupling of varying degree. In fact most experimental studies, with minor
exceptions, suggest that grain-growth CRM is indeed essentially controlled by
the applied field. In the case of the goethite dehydration process, all traces of
goethite would have disappeared before the resulting hematite grains have grown
to the critical SD size so that ail memory of any previous magnetization in the
goethite is lost. With continued growth therefore, the hematite pigment derived
in this way acquires a true grain-growth CRM.

From (2.3.29), it was seen that the magnetization of grain-growth CRM in
hematite is independent of the size to which the grains have grown, provided it
exceeds the critical size. Thus, the CRM will not necessarily be related to the
amount of hematite present, even if all the grains are above the critical size. The
maximum CRM for a given amount of hematite will be observed when all the
grains are just above the critical size. A rock specimen typically containing 1%
of hematite by volume produced by grain growth in the Earth’s magnetic field
(0.05 mT) should thus be capable of acquiring a maximum value Mgy = 0.1
Am’'. This is commonly the upper limit of magnetizations (10>-10" Am™)
observed in redbeds. This is stronger than the typical detrital or post-depositional
magnetization of sediments (DRM or PDRM — see §2.3.7). The problem in
paleomagnetic studies of redbeds is to determine how much of the magnetization
is CRM carried by the hematite pigment and to discover how long after the rock
formed that the pigment developed. This is discussed further in §3.4.1.
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CRM in Altered Carbonates

Extensive investigations of North American Paleozoic sedimentary rocks have
established that both carbonates and redbeds were remagnetized during the Late
Carboniferous. Useful reviews of this topic are given by McCabe and Elmore
(1989) and Elmore and McCabe (1991). Such remagnetization is widespread on
both sides of the Atlantic, not only in the Appalachians and Hercynian belts but
also in stable platform areas. Particularly interesting from the paleomagnetic
viewpoint is the low-temperature CRM carried by authigenic or diagenetically

Fig. 2.18. Scanning electron microscope images of small magnetite grains in thin sections of
carbonates from New York State. (a) Spheroidal aggregates of mostly magnetite but with occasional
bright cores (arrow) where relict pyrite is found. The interpretation is that magnetite is replacing the
pyrite. (b—d) Similar spheroidal aggregates in voids or cracks. Note the octahedral crystal shape.
The matrix is calcite. The scale is indicated by the bars. From Suk et al. (1990}, reproduced with
permission from Nature.
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altered magnetites in undeformed and only mildly heated platform carbonates.
This is thought to have been caused by the migration of chemically active and
perhaps hot fluids during plate convergence and subsequent mountain building.

Not all platform carbonates are remagnetized and the problem has been to
distinguish between the remagnetized and the unremagnetized. Originally the
mere presence of magnetite in a sedimentary rock was usually interpreted as
evidence of detrital origin and early acquisition of the remanence. Because of the
low concentration of magnetite in remagnetized carbonates (typically about
10 ppm), distinct observation and characterization of the magnetic carriers has
been difficult. However, magnetic extracts from remagnetized carbonates have
been studied by scanning electron microscopy and show spheroidal and
botryoidal morphologies that are consistent with a diagenetic origin (Fig. 2.18).
In addition, the magnetic properties of remagnetized and unremagnetized
carbonates are distinctly different (Channell and McCabe, 1994). The
remagnetized carbonates contain fine-grained high-coercivity SD magnetite with
a high proportion of SP magnetite. Magnetite in unremagnetized carbonates
appears to be concentrated in PSD grains. These differences are explained in
more detail in §3.5.4.

A direct connection between CRM acquisition and alteration by fluids has also
been established around mineralized veins. Several carbonate units that are
hydrocarbon bearing also contain CRM carried by authigenic magnetite. It seems
that the chemical conditions created by the hydrocarbons caused the
precipitation of the authigenic magnetite and the acquisition of the associated
CRM. This could have significance for oil exploration.

2.3.7 Detrital and Post-Depositional Remanent Magnetization

The process of alignment of magnetic particles by an applied magnetic field as
they fall through water and then settle on the water sediment interface at the
bottom is termed detrital (or depositional) remanent magnetization (DRM).
However, DRM is not finally set in orientation until the sediment has been
compacted by the weight of later deposits and the water has been excluded in the
consolidation process. After deposition, wet unconsolidated sediments are often
disturbed through bioturbation and slumping so that DRM should lose most of
its directional coherence. Irving and Major (1964) proposed that magnetic
particles would still remain free to rotate in the water-filled interstitial holes of a
water saturated sediment until compaction and reduction of the water content
eventually restricted their movement. This process is termed post-depositional
remanent magnetization (PDRM).
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Detrital Remanent Magnetization

Suppose a spherical or near-spherical grain of diameter d (volume nd 3/6) and
remanence M is falling through water with viscosity n (10 Pa s at room
temperature) in the presence of an applied field B. There is a couple L, turning
the magnetic moment of the grain toward the field direction (§2.1.1, Fig. 2.1),
given by

3
L:-Asine={%J MBsin® (2.3.31)

where 6 is the angle between M and B. The motion of such grains is likely to be
highly damped so that inertia can be neglected. Under these conditions the
couple can be equated to the viscous drag on the rotation of the grain so that

de

do
L=C—=ndn— 2.3.32
a 2:332)

If the angle O is given by 0, at time ¢ = 0, then for small angles

0= 60 exp(—t/[o) , (2.3.33)

C o6n
h ty=—=—— 2.3.34
where (e ( )

and is the “time constant” of the rotation, or the time taken for the initial angle 9,
to be reduced to 1/e of its value.

If the alignment process is to be reasonably complete, the particle must fall
through water for at least time #,. From Stokes’ law, Stacey (1963) has shown
that the time of fall 7 of a spherical grain through a depth 4 of water is given by

18nA

=m , (2.3.35)

where (p-p, ) is the density difference between the grain and the water and g is
the acceleration due to gravity. There is thus some critical height 4, through
which the grain must fall for the time #, to have elapsed. Equating (2.3.34) and
(2.3.35), hy is given by

d*(p-py)g
= . 2.3.36
hy 3MB ( )
Typical conditions that might exist are B = 0.05 mT, (p-p,) = 4 x 10° kg m™* and
M=10*> Am™! for PSD grains of diameter 10 um. This gives 4~ 20 um and then
ty = 0.1 s, so that complete alignment is almost instantaneous. Both the height
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and the time will be even less for smaller grains. Shive (1985) has demonstrated
that perfect alignment is achieved in fields of 0.03-0.1 mT as the theory above
suggests.

When magnetized grains settle on the bottom there will be a mechanical torque
exerted on the grain by the surface on which it settles (it will roll or fall into the
position of least potential energy). This torque will misalign M with B and, for
grains larger than 10 pm, these mechanical torques become stronger than the
magnetic aligning force (Dunlop and Ozdemir, 1997). For increasing grain sizes
the magnetic alignment achieved during fall will be completely destroyed on
settling. Models of these mechanical torques suggest that grain rotations
essentially have a random effect on the observed declination D, but they result in
a systematic decrease in the inclination /, known as the inclination error.
Laboratory studies of these effects show that the sediment inclination /g will
invariably be less than the applied field inclination /5, where

tan /g = ftan Iy (2.3.37)

and f is normally about 0.4 (King, 1955; Griffiths et al., 1960). Because of the
randomizing effects on the declination D, the DRM intensity will also be much
weakened.

Although such inclination errors have been observed in some sediments,
studies of deep-sea sediments suggest that they do record the field direction
without significant inclination error (Fig. 2.19). This is almost certainly due to
the effectiveness of PDRM as described below. The effect of compaction may
also cause a shallowing of inclination because grains tend to be rotated into the
bedding plane (Blow and Hamilton, 1978; Anson and Kodama, 1987) and
inclination errors, where observed, are more likely to be caused by this effect
than those due to the mechanical torques that are applied when the grains settle.

Post-Depositional Remanent Magnetization
When magnetic grains settle on the water—sediment interface and then acquire
the possible inclination errors described above, they generally fall into water-
filled voids or interstitial holes where they are still free to rotate (Irving and
Major, 1964). As the general theory of DRM shows, the magnetic alignment of
the magnetic particles is virtually instantaneous, so that the suspended grains
tend to become realigned again in the direction of the applied field B. PDRM is
most efficient if the magnetic grains are significantly finer than the silicate grains
and they can rotate readily in pore spaces. The density differential during
sediment transport seems to ensure that this situation generally holds.

Tucker (1980) has examined the time dependence of PDRM following
reorientation of the applied field in an artificial magnetic slurry and Hamano
(1980) calculated theoretical time constants for the realignment of PDRM in
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Fig. 2.19. Experimental determination of PDRM inclination in laboratory redeposited deep-sea
sediments plotted as a function of the applied field inclination. Vertical bars indicate the spread of
replicate measurements. From Kent (1973), reproduced with permission from Nature.

sediments with various void ratios and axial ratios of magnetic particles. These
studies all confirm that PDRM is a viable and natural process and realignment
readily occurs within a very short time.

The main factor in the PDRM process is the water content. When water
content drops below some critical value the remagnetization process ceases and
the particle rotations are blocked. Slow deposition, such as occurs in deep-sea
sediments, and fine sediment particle size favor PDRM because they promote
high water content and delay compaction. PDRM experiments on redeposited
deep-sea sediments (Fig. 2.19) confirm that they record the field direction
without significant inclination error (Kent, 1973). Opdyke and Henry (1969) and
Schneider and Kent (1990) have shown that the inclinations observed in deep-
sea sediments worldwide follow the expected latitude dependence for a
geocentric axial dipole field (§1.2.3) with only second-order variations over the
past several hundred thousand years.

2.3.8 Viscous and Thermoviscous Remanent Magnetization

After acquiring their primary remanent magnetization on formation, rocks are
continuaily exposed to the Earth’s magnetic field throughout their history.
Because of the effect of magnetic viscosity (§2.3.3), those grains that have
shorter relaxation times t given by (2.3.14) or (2.3.15) can acquire a secondary
magnetization long after the formation of the rock. Such a secondary
magnetization is termed viscous remanent magnetization (VRM) and involves
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the realignment of the magnetic moments of those grains having values of t less
than the age of the rock. This can usually be erased by using suitable
demagnetization techniques discussed in §3.4.

The VRM, My, at a given temperature is acquired according to the relation

Mygas = Slogt, (2.3.38)

where ¢ is the time (in seconds) over which the VRM is acquired and S is known
as the viscosity coefficient. Because of the logarithmic growth of VRM with
time, VRM is usually dominated by that acquired in the most recent field to
which the rock has been exposed. Rocks with large VRM components generally
have their NRM aligned in the direction of the present geomagnetic field.

Since their time of formation rocks may be subjected to heating either from
deep burial and subsequent uplift or from the effects of metamorphism. In §2.3.3
it was shown from the approximate relationship given by (2.3.16) that the effect
of maintaining a rock for a short time at a higher temperature is equivalent to
maintaining it for a much longer time at a lower temperature. Rocks that have
been heated to temperatures below the Curie temperature of their magnetic
minerals for a (geological) short time during their history, and then subsequently
cooled again in the prevailing magnetic field, will acquire a thermoviscous
remanent magnetization (TVRM), a terminology used by Butler (1992),
although Chamalaun (1964) and Briden (1965) originally referred to it as a
viscous partial thermoremanent magnetization (viscous PTRM).

Pullaiah et al. (1975) developed a blocking temperature diagram approach to
the acquisition of TVRM for magnetite and hematite bearing rocks that makes
use of the more precise form of (2.3.15) in the following way. Because both B
and M, are functions of temperature, (2.3.15) can be rewritten by replacing B
with B![T] and M, with M, [T] to indicate their values at the temperature T so
that (2.3.16) can be replaced more precisely with

Bin(ft) __ Tln(fty)
BITIMIR] BILIM|[T]

(2.3.39)

For SD magnetite the microscopic coercivity is dominated by shape anisotropy,
so that B is then given by (2.3.6) and B([T] oc M[T]. For SD hematite the
microscopic coercivity is caused by magnetoelastic effects whose temperature
variation is not well known. Pullaiah et al. (1975) suggested the relationship
Bl[T]ex Ms3 holds so that in these two cases (2.3.39) becomes

Liln(fr) _ T In(frp)

Magnetite: = ; (2.3.40)
£ M1 MAIT]
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hin(fr) _Lin(fr) (2.3.41)

Hematite:
M1 MIG]

Using the known temperature dependence of M, for magnetite and hematite
(Fig. 2.3), the above relationships are displayed in the blocking temperature (7p)
versus relaxation time (1) curves of Fig. 2.20. These plots show the locus of the
points in 1-Tg space that reset the same grains and enable the prediction of time—
temperature stabilities. For example, point 1 in Fig. 2.20a corresponds to SD
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Fig. 2.20. Blocking temperature versus relaxation time diagrams for (a) magnetite and (b) hematite.
Lines on each diagram represent the locus of points where the magnetization in a given population
of grains will be reset. Grains in region A have sharply defined blocking temperatures within 100°C
of the Curie temperature. Grains in region B have blocking temperatures on the laboratory time
scale at least 100°C below the Curie temperature. From Pullaiah et al. (1975), with permission from
Elsevier Science.



74 Paleomagnetism: Continents and Oceans

grains of magnetite with relaxation time of 10 Myr at 260°C. Such grains can be
expected to acquire a substantial TVRM if held at 260°C for 10 Myr and then
cooled to 0°C. However, the same grains at point 2 have T = 30 mins at 400°C.
Therefore by heating these grains to 400°C in the laboratory for 30 mins in zero
magnetic field, the TVRM acquired at 260°C for 10 Myr can be unblocked and
reset to zero. Point 3 in Fig. 2.20a also corresponds to SD grains of magnetite
with relaxation time of 10 Myr but now at 520°C. The same grains at point 4
have t = 30 mins at 550°C. Therefore the TVRM acquired over 10 Myr at 520°C
can be unblocked by heating to a slightly higher temperature of 550°C for
30 mins in zero magnetic field.

Two regions labeled A and B are indicated in each of the diagrams in Fig.
2.20. Region A refers to those grains that have sharply defined blocking
temperatures within 100°C of the Curie temperature. Such grains are resistant to
resetting their magnetization except by heating to temperatures approaching the
Curie temperature. Region B includes those grains that have blocking
temperatures at least 100°C below the Curie temperature on laboratory time
scales (30 mins). They are capable of acquiring TVRM at moderate temperatures
(~300°C) if exposed to those temperatures for geologically reasonable lengths of
time (~10 Myr). Thus, grains in region B are not good carriers of the primary
magnetization and can likely acquire TVRM or VRM. Figure 2.20 indicates that
the primary NRM in rocks can survive heating to the greenschist facies
(300-500°C) but not to the amphibolite facies (550-750°C).

2.3.9 Stress Effects and Anisotropy

Most rocks are subjected to stress during their history, either from deep burial or
from tectonism. Magnetocrystalline anisotropy is stress dependent so that
application of stress can cause a change in the magnetization of a grain, the
effect being referred to as magnetostriction (see also §2.3.1). It should be noted
that stress alone cannot induce magnetic moments; the application of stress to an
initially isotropic material causes stress-induced anisotropy, which may change
the state of magnetization.

In the early days of paleomagnetism it was thought that the simple, reversible
application of elastic stress to a rock would cause a substantial deflection of its
remanent magnetization. Thus, although a rock that cooled under stress would
acquire a magnetization in the direction of the field in which it cooled, upon
release of the stress before measurement, changes in magnetization would occur
that would make the original field direction impossible to determine. However,
experimental results (Stott and Stacey, 1960; Kern, 1961) showed clearly that for
isotropic rocks the TRM was always acquired parallel to the applied field. It
appears that when an intrinsically isotropic rock is subjected to stress while
cooling in a magnetic field, it acquires a TRM in a direction deflected away from
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the field by such an angle that it returns to the field direction precisely when
unloaded.

The development of folds in rock formations relieves compressive tectonic
stress and involves large internal strains. It is possible to “destrain” the natural
remanence in deformed rocks if a detailed knowledge of both the strain
mechanism and the response of the magnetic grains and their remanence vectors
to the strain can be measured (e.g. Cogné and Perroud, 1987; Borradaile, 1993).
This will be discussed in more detail in §3.3.2 with respect to the fold test in
paleomagnetism.

If rocks have an intrinsic anisotropy, the TRM may be deflected away from the
direction of the applied field towards the direction of easy magnetization
(Fig. 2.21). Anisotropy is measured by the variation in values of susceptibility,
saturation magnetization, IRM, or TRM in different directions in a rock
specimen. Normally, anisotropy of susceptibility is considered, since this is the
easiest to measure and the procedure does not generally alter the state of
magnetization of the specimen. The degree of anisotropy A4, is then expressed as
the ratio of maximum to minimum susceptibility

A, = Xmax (2.3.42)

n
Xmin

A value of 4, of 1.25 means that the maximum susceptibility exceeds the
minimum by 25%. Such a specimen is often referred to as having “25 percent
anisotropy”.

Axis of maximum susceptibility

¢

«@I\

Axis of minimum susceptibility

Fig. 2.21. Deflection of TRM from an applied field B due to anisotropy.
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The main issue that arises in a paleomagnetic context is the degree of
anisotropy that can be tolerated in a specimen before the TRM is deflected
through a significant angle. It is simplest to consider the most favorable case for
the deflection of TRM, which occurs when the direction of the applied field lies
in the plane containing the maximum and minimum susceptibility directions.
Suppose the applied field B makes an angle 6 with the direction of maximum
susceptibility (Fig. 2.21). Since TRM is proportional to the applied field in low
fields (M = cB), the specimen will acquire TRM components in the maximum
and minimum directions given by

M, = CraxBcosO (2.343)
Mmin = CminB sin® ,
where c,,, and c;, are the constants of proportionality in the maximum and
minimum directions respectively. The angle ¢ that the resulting TRM will make
with the direction of maximum susceptibility is then given by

tan = Moin _ Cpnin B Sin 0
M. CpaBcosO
_fanb (2.3.44)
At

where 4, = ¢, /cnin and is the degree of anisotropy of TRM. The TRM will be
deflected through the angle (6 - ¢), which will have its maximum value when
6 = tan"'\4, so that

(O =)oy = tan_l[—z%] . (2.3.45)
t

For multidomain magnetite and other strongly magnetic minerals 4, ~ 4,> from
both theory (Dunlop and Ozdemir, 1997) and experiment (Cogné, 1987) so that,
from (2.3.42)

24
A~ A =1 +X—x (2.3.46)

where AY, = (Xmax = Xmin) @4 Xay = (Xmax T Xmin)/2. Therefore, the percentage
anisotropy of TRM is approximately twice the percentage anisotropy of
susceptibility. Also, from (2.3.45)

2
(0= o = tan"(%“f—j : (2.3.47)
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For an anisotropy of susceptibility of 5%, 4, = 1.05 and the maximum TRM
deflection is 2.7°, for 10% it is 5.2° and for 20% it is 10.0°. Thus 10%
anisotropy can be tolerated without seriously deflecting the TRM. The rocks
most commonly used in paleomagnetism, such as basic igneous rocks, redbeds
and unmetamorphosed sediments, rarely have anisotropies exceeding a few
percent, so the effect is only likely to be significant in some metamorphic or
strongly foliated rocks.
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Chapter Three

Methods and Techniques

3.1 Sampling and Measurement

3.1.1 Sample Collection in the Field

The typical sampling scheme for a land-based paleomagnetic study is
hierarchical, consisting of specimens cut from independently oriented samples
collected at different sites distributed throughout a rock unit. There are no hard
and fast rules; the details of any specific scheme are dictated by the goals of the
study, the rock type, accessibility of exposure, and the statistical properties of the
magnetization (see §3.2). The rock unit would be a set of sedimentary beds, lava
flows, or intrusives that have been recognized as units on geological grounds.
Conceptually, a typical paleomagnetic site should represent, as near as
possible, a single point in time relative to the time frame over which the
paleomagnetic field changed. For studies in tectonics the ideal goal is to obtain a
reliable and acceptably precise estimate of the paleomagnetic field direction at
the point in time represented by that site. It is necessary to have a sufficient
number of sites throughout the rock unit to be able to average out the ancient
secular variation and obtain a good estimate of the paleomagnetic pole position.
For example, a single lava flow cools rapidly so it is unlikely to represent more
than an instant in time. In general, therefore, no matter how many different
localities are sampled in a single flow, they will all represent the same site in
paleomagnetic terms. In sedimentary rocks, however, just a few metres thickness
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of sediment may well represent a considerable interval of time so spot readings
of the field can only really be made by sampling over a limited thickness. In this
case it might be possible to sample several sites all at a single geographical
locality just by sampling different horizons several metres apart stratigraphically.

The basic collection unit within a site is known as a sample, which is usually
considered to be a separately oriented piece of rock. The vagaries of the
magnetization process and the errors involved in sample orientation mean that
different samples from a single site will give different directions (typically
known as within-site or between-sample scatter). Consequently, several samples,
which should be independent observations of the same spot reading of the
paleomagnetic field, are usually collected from each site so as to be able to
average out this variation and allow estimation of its statistical characteristics.

On land, collection of samples from an outcrop is usually carried out by
gathering oriented cores with the aid of a portable rock drill or by hand sampling
oriented blocks. The basic objection to block sampling is that the most
convenient samples are those associated with cracks or joints and so such
samples tend to be more weathered. The orientation of the cores or hand samples
is usually carried out with the aid of a sun compass that has been designed for
this purpose, although orientation using a magnetic compass can be acceptable if
the magnetization of the rocks is not high enough to affect the compass. See
Collinson et al. (1967) and Collinson (1983) for descriptions of equipment that
has been designed specifically for this purpose. Finally, several specimens are
then cut and/or drilled and sliced from each sample. These specimens are the
objects that are actually individually measured. If several specimens from a
sample are measured then these observations are combined to provide a sample
observation.

The variation from site to site (typically referred to as between-site scatter)
gives useful information about the ancient secular variation and so it is important
to design the sampling scheme so that the statistical properties of this variation
can be estimated and the variation averaged out. However, the age spread of the
sites should not be so large as to encompass movement of the pole relative to the
sampling locality. At each site it is necessary to be sure that the number of
samples is sufficient for the within-site (between-sample) scatter to be averaged
out. For this purpose one would set a minimum of at least four samples.

As a particular example, for studies of paleosecular variation from lavas
(§1.2.6), the parameter of interest is the between-site scatter; thus it is important
to determine the typical within-site scatter so as to be able to correct for this in
the overall scatter. Therefore, in this case eight samples per site are often
collected. For studies in magnetostratigraphy the determination of polarity is the
major objective at each site. Opdyke and Channell (1996) suggest three or more
samples are required for an unambiguous determination of polarity at each
horizon (site).
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In some areas, such as in tropical countries, the incidence of lightning strikes
to ground is high. Lightning strikes to ground consist of currents of the order of
10°-10° amp that can travel along the surface of an outcrop. In the immediate
vicinity of the current the magnetic field created is large and can substantially
remagnetize the outcrop adjacent to its path. Assuming a lightning strike is
equivalent to an infinite conductor carrying a current /, then the magnitude B of
the magnetic field at a distance r from the current is given by

p=td G.1.1)
2nr

At a distance of 0.1 m, a current of 5 x 10* amp produces a field of 100 mT,
which is sufficient to induce a substantial IRM. At a distance of 1 m, the field is
reduced to 10 mT. Cox (1961) and Graham (1961) carried out experiments on
outcrops that had been struck by lightning and showed that the IRM produced by
fields of this order can be selectively removed by alternating field
demagnetization (§3.4.1) in peak fields of the same order. If samples are always
collected several metres apart then the chances of their having been taken too
near the path of a strike are minimized. The occasional spurious sample can then
be identified and rejected. Igneous rocks that have been struck by lightning
become strongly magnetized, so a magnetic compass, held in fixed azimuth and
passed over the outcrop being sampled at a distance of 10-15 cm, will record
significant deflections (=5°) over the region of a lightning strike. This technique
may then be used to avoid the lightning affected regions. Doell and Cox (1967a)
describe a simple fluxgate magnetometer for the measurement of NRM at the
outcrop that can also be used for identifying and thus avoiding lightning-affected
regions.

In the oceans, deep-sea sediments were initially collected using conventional
piston cores dropped vertically from a ship. The maximum length of core that
could be obtained by this method was about 25 m and this limited the time span
covered by each core. The development of the hydraulic piston corer and
advanced piston corer by the Deep-Sea Drilling Project (DSDP) and Ocean
Drilling Project (ODP) enabled the collection of cores as long as 250 m. Single
samples are taken from the core at close spacing, although an initial continuous
measurement of “u-channels” is often made. A “u-channel” is a rectangular
channel whose cross-section is the shape of a “u”, typically about 1.5 m long
with a cross-section of about 4 cm? that is pressed into a core to produce a long
continuous sample (Tauxe et al., 1983a; Nagy and Valet, 1993). These are then
measured through the use of special magnetometers (see §3.1.2 below). The
cores are not oriented so only the inclination of the magnetization, and
sometimes the declination relative to some arbitrary mark, can be determined at
each point.
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3.1.2 Sample Measurement

In the early days of paleomagnetic investigations, the astatic magnetometer was
developed as the main instrument used for measurement of the remanent
magnetization, even of some weakly magnetized sediments (Blackett, 1952).
The instrument consisted of two small magnets separated by a short distance and
set with their magnetic moments in opposition to one another. The magnets were
suspended by a torsion fiber and so acted as a magnetic gradiometer, allowing
measurement of weak local magnetic fields. The measurement limit of these
magnetometers was about 10° Am™. In the 1960s the spinner magnetometer
became the popular measuring instrument. Many different varieties have been
developed, but they all involve spinning a rock specimen within or adjacent to a
magnetic field sensor (typically a conductive coil with many turns) that produces
an oscillating signal capable of being amplified electronically (e.g., Gough,
1964). Despite the electronic amplification, most such spinners rotate the
specimen rapidly in order to generate an acceptable signal. This rapid rotation
places significant demands on the physical competence of specimens. The
sensitivity of these magnetometers improved greatly with new developments in
electronic circuitry and they are still in use in many laboratories today. The most
recent models that are available commercially can measure magnetizations less
than 10° Am™.

The development of the fluxgate magnetometer as an instrument for measuring
small magnetic fields provided an alternative and simple method for measuring
the magnetization of rock samples. By placing two probes in opposition a
fluxgate gradiometer is produced and can be used in much the same way as an
astatic magnetometer (Helbig, 1965). Foster (1966) combined a fluxgate
magnetometer with a slow speed spinner that enabled samples of deep-sea
sediments to be measured without being subjected to the high rotation speeds
required of traditional spinner magnetometers. A detailed account of these
various instruments is given by Collinson (1983) and Fuller (1987).

In the 1970s cryogenic magnetometers were developed with much greater
sensitivity and speed of measurement than spinner magnetometers (Goree and
Fuller, 1976; Collinson, 1983; Fuller, 1987). This enabled very weakly
magnetized sediments, such as limestones, to be measured quickly and easily for
the first time and opened up a new era in paleomagnetic studies. Cryogenic
magnetometers use a detector called a SQUID (superconducting quantum
interference device) that is based on the properties of a superconducting ring.
The flux lines ¢ threading a superconducting ring are quantized (¢ = n¢,). They
can only change in integral multiples of a basic flux unit ¢, = 4/2e = 2.07 x 10°1°
weber, where £ is Plancks’s constant and e is the charge on the electron.
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Fig. 3.1. Principle of the cryogenic magnetometer. The flux threading a superconducting ring is an
integral multiple of the flux unit ¢, = h/2e. Changes in the external magnetic field cause changes in
the current / in the ring. The critical value of this current can be reduced by narrowing the ring at
one point, called the Josephson weak link.

When the ring is cooled through the critical temperature and becomes
superconducting in the presence of a magnetic field B along the axis of the ring,
flux is expelled from the material of the ring and this makes the superconductor
a perfect diamagnet, a phenomenon known as the Meissner effect. This flux
expulsion is achieved by an induced current i circulating in the ring (Fig. 3.1).
However, the field in which the ring was originally cooled is effectively trapped
and maintained in the area enclosed by the ring. This effect is exploited in a
magnetometer by trapping a zero field within the ring and using this volume for
measurement. If the current / exceeds some critical value i, the
superconductivity is suppressed, the current / decreases because the ring
becomes resistive, the flux linking the ring changes sharply, and the
superconducting state is regained. This is sometimes referred to as resistive
switching. The ring is driven by an external radio frequency field just large
enough to cause the circulating current to exceed . in each cycle. At each point
in the cycle where this happens a quantum of flux enters the ring and the rapid
change in flux linkage can be detected. If a magnetic sample is introduced then
the base level of the circulating current is changed to exactly cancel the
introduced change in flux. This then changes the point in each cycle at which the
resistive switching occurs, so the presence of the introduced field may be
detected.

The sensitivity of the SQUID detector relies on the detection of extremely
small current changes. To achieve the required sensitivity the cross-section at a
point in the circumference of the ring is reduced to a very small diameter of
~1 um. This reduced cross-section point is called the Josephson weak link
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(Fig. 3.1). In this way a tiny change in the applied flux (of the order of ¢;) can
cause the critical current density to be exceeded at the junction. Cryogenic
magnetometers can measure magnetizations of 10° Am'.

Pass-through cryogenic magnetometers are now available that can be used to
measure either whole cores or split half-cores without the necessity of physically
sampling the cores. Weeks et al. (1993) described a magnetometer in which the
SQUID sensing coils are arranged for high-resolution measurement of
magnetization from continuous “u-channels” passed through the sensing region.
The width of the response function of the sensing coils is about 3.5 ¢m and
deconvolution of the signal in the time-domain can give comparable resolution
to that achieved by back-to-back discrete sampling along the core (Constable and
Parker, 1991). These instruments include the capability of carrying out
alternating field demagnetization. The main drawback of such continuous
measurement techniques is that it is often desirable to carry out thermal
demagnetization or to do progressive demagnetization in higher alternating fields
than are available in such instruments.

3.2 Statistical Methods

3.2.1 Some Statistical Concepts

The usual sampling scheme in paleomagnetic studies is hierarchical, comprising
several levels. The directions of magnetization of specimens are combined first
to give a sample mean. Sample means are then in turn combined to give the site
means, which are then combined to give the overall formation or unit mean. To
be able to calculate such means and the associated errors and to perform
statistical tests it is necessary to develop a statistical framework that gives a
reasonable description of the observed magnetic directions.

Probably the best known statistical distribution is the normal distribution,
sometimes referred to as a Gaussian distribution. It provides a useful description
of the random variation in a single variable (e.g., the heights of people in the
human population) for many statistical populations. Because it is a description of
the variation in a single variable it is referred to as a univariate distribution.
Magnetic directions, however, need two variables (e.g., declination and
inclination) to describe their distribution in space. Consequently, it is necessary
to have a single statistical distribution that provides a joint description of the
variation of both variables. Such a distribution is referred to as a bivariate
distribution. The statistical distribution most commonly used in paleomagnetism
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is, in most instances, approximated by a bivariate normal distribution. This
distribution is the combined description of two orthogonal normally distributed
variables. Thus it is useful first to define the concepts and common parameters
within the framework of the normal distribution.

Suppose that x; represents the ™ value obtained from a sample of n
observations drawn randomly from some population that has a normal
distribution. Note that in this context “sample” refers to an independent set of
observations. In describing the variation of a single variable x, the normal
distribution has two parameters: the population mean pn and the variance o’ A
typical goal then, is to use the observations x; to obtain the best estimates of the
parameters p and 6”. _

The mean p is best estimated by the arithmetic mean, X, given by

n
gzlzxi _ (3.2.1)
nia

The phrase “best estimate” usually implies that the estimate should be unbiased
and consistent. If X is calculated for a large number of independent samples
each of size n observations, and the arithmetic mean of these x values gives p,
then X is an unbiased estimator for p. If X is equal to u for n very large, then
X is a consistent estimator for .

The scatter of the population about u is described by the variance o’ Ina
sample of size n this parameter is best estimated by s*, where

s =L2(x,. -x%)? . (32.2)

n-1
However, the variance does not have the same units as those of the original

observations, so the width of the distribution is described by the standard
deviation o, which may be estimated by s, where

(3.2.3)

The standard deviation gives the deviation from the mean within which 63%
of the values lie. Therefore, the probability that a given value will deviate from
x by more than s is about 37% (“about” because X and s are only the estimates
of u and ). A useful parameter is the 95% deviation, x¢s, which is the deviation
from the mean beyond which only 5% of values will lie, given approximately by

Xg5 =1.95s . (3.2.4)
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Note that the above parameters refer to a single sample of » observations drawn
from a population. The standard deviation is then often referred to as the sample
standard deviation. One can also determine the mean x many times with
independent samples, each of size n, from the same population. In that case the
means themsetves will have a normal distribution, with the same population
mean p but a much smaller variance o*/n. The standard deviation, 6/+/n , of this
population of means is called the standard deviation of the mean and is usually
estimated by the standard error of the mean, s, given by

s = (3.2.5)

m ‘\/;‘_

Thus the standard error of the mean can be calculated quite simply from the
parameters used in determining a single mean.

In paleomagnetism, as with most observational studies, it is often necessary to
perform statistical tests of hypotheses. These hypotheses might be, for example,
that two independent samples were obtained from a common parent population,
or that a sample of observations is consistent with some model (e.g., a standard
statistical distribution). The chi-square (xz) distribution and the F distribution,
both derived from the parameters of the normal distribution, are particularly
useful in making decisions about such hypotheses. For a normal distribution the
statistic (n—1)s2, for example, has a chi-square distribution with v = n—1 degrees
of freedom, denoted as %2 . The ratio of two independent chi-square distributed
variables, each divided by its number of degrees of freedom (v, and v,), will be
F distributed, denoted as F[v;,v,].

When performing a statistical test the general process is to determine whether
the data are consistent with some model. If the data conform closely with some
model, then the model is acceptable. However, if the probability that the data
conform with the model is small (usually taken as less than 5%) then the model
is rejected. To test if a sample of observations is consistent with a particular
model, the chi-square test is often used. The test variable X is defined as

n 2
x2_ z(oi —€;) ’ (3.2.6)
-1 €

where » is the number of cells (groupings of data) used for the comparison and o;
and e; represent respectively the observed and expected frequencies for the M
cell. This variable X* will have some distribution as the observed values vary
randomly. If X* =0 there is perfect agreement with expectation, but if Xis large
then the differences from expectation are large. The problem then is to determine
the critical value, X2, for X so that for X2 < X? it will be concluded that the
observations are consistent with the model, but for X2 >X? it will be
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concluded that the observations are not consistent with the model. Under the
hypothesis that the observations are consistent with the model (often referred to
as the null hypothesis), the variable X* will be chi-square distributed with v
degrees of freedom. This number v depends on the number of cells and the
number of parameters in the mode!l that had to be estimated to calculate the
expected values ;. Knowing this, the critical value of X 3 may then be set equal
to x2(1- P), which is the value that a chi-square distribution with v degrees of
freedom will exceed with probability P. Typically, the 5% critical value is used
corresponding to probability 0.05. There is then less than 5% chance that an
observed value of X* will exceed the critical value if the observations are in fact
drawn from a population described by the model. Thus, if X does exceed the
critical value it seems unlikely that the observations are consistent with the
model and so the null hypothesis is rejected “at the 95% confidence level”.
Conversely, if X* does not exceed the critical value, the model is accepted.

As another example, if independent variance estimates s12 and s% are obtained
from samples drawn from some parent population, then the ratio

=5 (3.2.7)

will be F distributed with v; and v, degrees of freedom and should have a value
close to 1. Thus, if fexceeds the 5% critical value of F[v,,v,], the null hypothesis
of the common variance may be rejected at the 95% confidence level. The
common phraseology is that the observed statistics are “significantly different”
or, perhaps better, that the observed statistics are “discernibly different at the
95% confidence level”.

3.2.2 The Fisher Distribution

The magnitude of the magnetization of a specimen is dependent on many
factors, and within a given rock unit there is not necessarily an obvious link
between this magnitude and the reliability of the direction recorded by the
specimen. Consequently, in the development of a statistical framework it has
been considered appropriate to give unit weight to each individual directional
observation regardless of its magnitude. Thus, the directional observations are
dealt with as if they were unit vectors. The ends of these vectors are represented
as points on the surface of the unit sphere.

Fisher (1953) suggested a distribution in which the concentration of points on
the unit sphere about the true mean direction is proportional to exp(kcosy),
where « is a precision (or concentration) parameter and v is the angle between
an observation and the true mean direction. This distribution is the unit sphere
analog of a normal distribution and has come to be known as the Fisher
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distribution. If the precision parameter, k, is large (i.e., greater than about 4),
then a Fisher distribution is well approximated by a bivariate normal distribution
and « is in effect the invariance or the reciprocal of the variance in all directions.
This is particularly convenient because it means that several tests developed for
the normal distribution provide excellent approximations as tests for the Fisher
distribution. Watson (1956a,b) and Watson and Irving (1957) made use of this to
provide workers with ready access to a range of important tests.

In a Fisher distribution (Fisher, 1953) the density P;, of points on the unit
sphere is given by

K

—exp(kcosy) , (3.2.8)
K

P., =
A" Ansinh

where Ps,8A is the probability of an observation falling in a small element of
area A at an angular distance y from the true mean direction. The mean
direction occurs at w = 0 and here the density is a maximum. The precision
parameter k describes the dispersion of the points. If x = 0 the points are
uniformly distributed (there is no preferred direction) and when « is large the
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Fig. 3.2. The Fisher distribution illustrated for x = 5, 10, and 50. (a) The function Pg,, where Py,8A
is the probability of finding a direction within a small area 8A at an angle  from the mean. (b) The
probability density Pg,,, where Py, 8y is the probability of finding a direction within a band of width
Sy between angles v and w+8y from the mean.
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points cluster tightly about the true mean direction. The constant factor,
(x/4msinh «), in (3.2.8) ensures that the density adds up to unity over the whole
sphere.

The element of area dA is given by sinydwyd¢, where ¢ is the azimuth (or
longitude) of the observation about the true mean direction and y is the
colatitude. The azimuthal angle ¢ is uniformly distributed (i.e., there is no
preferred value) so from (3.2.8) the probability density P;,, is given by

= exp(x cosy)siny , 3.2.9
% = Semhe p(x cosy)siny (3.2.9)

where P; Sy is the probability of finding a direction in a band of width Sy
between angles v and y+6y from the mean direction. The functions of (3.2.8)
and (3.2.9) are illustrated in Fig. 3.2 for x = 5, 10, and 50. Note that when
calculating probabilities the angles dy and 8¢ must be in radians.

In paleomagnetic studies the direction of magnetization of a rock sample is
specified by the declination D, measured clockwise from true north, and the
inclination /, measured positively downwards from the horizontal. The unit
vector of the i direction is specified by its direction cosines (/;,m;n;) as

North component: [, =cosD,cos/;
East component: m; =sin D, cos/; ;. (3.2.10)

Down component: #»; =sin/;

Given a sample of N points drawn from a single Fisher distribution, Fisher
(1953) showed that the best estimate (X,Y,Z) of the true mean direction is the
direction of the vector sum (resultant) of the & individual unit vectors; therefore,

N

X=23 y-lﬁv:m z—ii (3.2.11)
CRGT _Ri=1 A —Ri=1ni’ ;

i=1

where R (< N) is the length of the resultant vector given by

R =] +(Smf+(n) . (2.12)

The declination D, and inclination /,, of this mean direction are given by

m;
tan D —Z ! (3213)

m Z II

and . 1
sin/,, =E2ni . (3.2.14)
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The best estimate & of the precision parameter k, for k > 3, is given by

p=-l (3.2.15)

" N-R’
When the true mean direction is known but the precision is not, the best estimate
k' is then given by

k' i

=, 2.16
N —Rcos{ @ )

where ( is the angle between the true mean direction and the resultant vector of
the N observations.

In some rare instances, for example, when testing whether a set of
observations is consistent with a Fisher distribution (§3.2.3), the appropriate
estimate is the maximum likelihood estimate & of k, given by

- 3.2.17)
N-R
McFadden (1980a) provides a discussion on the best estimates of the precision
parameter K.

The four parameters needed to characterize a set of observations drawn from a
Fisher distribution are then the mean direction given by D, and I, the number
of observations N, and the length R of the resultant vector.

The angle y_p) that will be exceeded with probability P has been given by

McFadden (1980b) as

cosy.py =1-(N - R)l:(%Jﬁ _1} ) (3.2.18)

The following approximate relations hold for analogs of the normal distribution:
Probable error: Yso = 6350 (3.2.19a)
Standard deviation: We3 = i&/lk_° (3.2.19b)
95% deviation: Wos = 14 (3.2.19¢)

Jk
The angle yg; of (3.2.19b) is often referred to as the angular standard deviation

or angular dispersion and g represents the angle from the mean direction
beyond which only 5% of the directions lie.
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3.2.3 Statistical Tests

Estimate of Accuracy

Fisher (1953) has shown that if N observations are drawn from a Fisher
distribution with precision parameter k and the length of the resultant vector is
R, then the direction of this resultant vector (i.e., the mean direction) will also be
Fisher distributed about the true mean direction but with precision kR. From this
he showed that for k > 3 the true mean direction of the population will, with
probability (1-P), lie within a circular cone of semi-angle oy.p, about the
resultant vector R, where

1
N-=R|{ 1!

cosolypy =l-——|| —| =1]. (3.2.20)
" R (Pj

Normally, P is taken as 0.05 to give a circle of 95% confidence about the mean.
When o is small the following approximate relations may be used

81°

VAR (3.221)
140°

T

Note that previous texts (e.g., Irving, 1964; McElhinny, 1973a; Butler, 1992)
have used VAN instead of AR in (3.2.21). However, since the mean is
distributed with precision kR (Fisher, 1953), YAR is a more appropriate choice
and gives a better approximation to the correct value given by (3.2.20). For large
values of & (e.g., >50), R approaches N and it matters little which is used.

If some known direction, such as that of the present Earth’s field at the
sampling site, falls within o5, then statistically there is no reason to suppose that
the observations were drawn from a distribution with a true mean direction that
differs from the known direction. However, if the known direction falls outside
Olys, then the hypothesis that the known direction is the true mean direction of the
observations can be rejected at the 95% confidence level.

When designing sampling schemes it is important that different statistical
properties of results from different rock types be taken into account when
calculating a mean formation direction. Suppose that n; samples are collected at
the " site leading to an estimate k,,; of the within-site precision. The site mean
direction will then be Fisher distributed with a precision of about &,,;#; (which is
easier to use here than &;R)), so it is important to keep the product &, roughly
constant at each site, thereby maintaining an approximately constant error in
each site mean direction (3.2.20). Thus, if the rock types being collected are
much the same with similar within-site precisions (k,,; constant), the number of

Circular standard error of the mean, o; =

Circle of 95% confidence, oy5 =
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samples being collected at each site can be the same. If £, is not constant at each
site because different rock types are being sampled, then the number of samples
at each site needs to be varied to accommodate the varying k,;. Under these
conditions the mean formation direction can be calculated in the usual way as the
mean of the site mean directions.

Discordant Observations

One problem that arises in paleomagnetic investigations is determining whether
an apparent outlier is truly discordant with other observations and, if so, whether
it should be rejected. Consider a set of (N+1) observations in which N of the
observations seem to group together but the (N+1)th observation is an outlier.
McFadden (1982) has shown that, given the observed grouping of the N
concordant observations, with resultant vector of length R, there is a probability
P that an outlier from the same distribution will exceed an angle y;_p) from the
mean of the concordant group, where

R+1)(N-R 1 HAN-1)
coSY(l.p)=1—( + DV - )[ J ~1l (3222

R 1_(1_P)1/(N+1)

Thus, with P = 0.05, if the outlier lies further than y,¢5 from the mean of the
other N observations then it may be concluded with 95% confidence that the
outlier is discordant with the other observations. This does not automatically
mean that the observation was drawn from a different population (i.e., it is in
error) and McFadden (1982) stresses that further investigation is required to
determine whether the observation is actually an error and justifies correction or
rejection. Fisher et al (1981), using a different philosophical approach,
developed a discordancy test using a different statistic. To several decimal points
their test gives exactly the same values as the one described here.

Comparison of Precisions

It is frequently necessary to determine whether two sets of observations could
have been drawn from populations sharing a common precision k. If k is not too
small, the ordinary methods for the comparison of variances may be used to test
this. Watson (1956a) showed that if samples N, and N, are drawn from
populations with a common x and gave precision estimates %; and k,
respectively, then the ratio k,/k, is given by

b [ Ml MR )y - _ (3.2.23
k (N,—RIJ{ N2-1] h~F[2(N; ~D2(N, -], )
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where the symbol “~” is to be read as “is distributed as” and F[v,,v,] is the F
distribution with v; and v, degrees of freedom as in (3.2.7). Values of # = k//k,
far from unity strongly suggest the two populations do not have the same
precision. The critical values of 4 at a given confidence level may be determined
from tables (or computer code) of the F distribution.

If more than two populations are involved and the sample sizes are all the
same, then the test may be performed as follows. The largest observed value of &
is tested against the smallest value and if these two values could have been
obtained by random sampling from populations having a common precision then
so could all the intermediate values. If the result is marginal, or if the sample
sizes vary, the test is not quite so simple. Bartlett (1937) presented a test for
multiple observed variance estimates and its application to the Fisher distribution
has been discussed by Stephens (1969), Mardia (1972), and McFadden and
Lowes (1981).

Comparison of Mean Directions
It is often necessary or desirable to determine whether two or more sets of
paleomagnetic observations could have been drawn from a common distribution;
that is, do they have a common true mean direction and a common precision K.
A criterion sometimes used is that if cones of confidence do not intersect then
the samples do not share a common mean direction. This is often phrased as
saying that the mean directions are discernibly different. Although this criterion
is certainly correct, it is extremely conservative; cones of confidence may
overlap even though the mean directions are discernibly different. An
appropriate test was devised by Watson (1956a) and re-examined by McFadden
and Lowes (1981).

Suppose there are m samples, each having N; observations giving resultant
vectors of length R,. If the samples were all drawn from a common population
(which carries with it the assumption of a common x), then

2
(N—ijR,—R /ZR; — f~FR(m-D2AN-m)] . (3224

m—1) 2(N—XR))

where the summations are for i from 1 to m and N = EN,.

The term (N-ZR;) = Z(N-R;) is the sum of the within-sample dispersions and
does not vary as the sample mean directions change. However, if the sample
mean directions are more dispersed than is to be expected from the within-
sample dispersion, then the algebraic sum of the sample resultants ZR; will be
very much greater than their vector sum R and so f will be large compared with
the relevant F statistic. This would suggest that the hypothesis of a common true
mean direction is false.
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For m = 2 (two samples) f is distributed as F[2,2(N-2)], which has a
particularly simple representation (McFadden and Lowes, 1981). The null
hypothesis that two samples share a common mean direction may be rejected at
the level of significance P if

(3.2.25)

(R+Ry =R IR +R)) (1YY
2(N-R,-Ry) P '

With P = 0.05, the test is performed at the 95% level of confidence.

Test for Uniform Randomness

In some cases the directions of magnetization may be widely scattered, and the
question then arises as to whether these directions could have been obtained by
sampling from a uniform random population. For a truly uniform random (i.e.,
isotropic) population x = 0 so that the population has no preferred, or true mean,
direction. In practice, however, the observed R, and therefore the observed & (the
best estimate of k), is never zero. Watson (1956b) has devised the following test.
For a sample of size N, the length of the resultant vector R will be large if a
preferred direction exists, or small if it does not. Assuming that no preferred
direction exists, a value R; may be calculated that will be exceeded by R with
any stated probability. Watson (1956b) calculated R, for various sample sizes for
probabilities of 0.05 and 0.01. To carry out the test one merely enters Watson’s
table at the row corresponding to the sample size N in order to find the value of
R, which would be exceeded with given probability. For N greater than about 10,
3RYN is approximately distributed as a chi-square variate with 3 degrees of
freedom. Consequently, Rg = %Nx% (0.05) at the 95% confidence level for large
N.

Testing for Conformance with a Fisher Distribution

Watson and Irving (1957) show how to use the standard chi-square test to
determine whether a set of directions (or VGPs) conforms with Fisher’s
distribution. Unfortunately the test cannot be made in a single step; the azimuthal
angle has to be tested for uniformity and the polar angle y has to be tested
separately for conformity with the probability density Pg, of (3.2.9). The
probability of an observation making an angle greater than y,, with the true mean
direction is given from (3.2.9) by

KCOS Wy -K
—€

Plyzyg)=—""—. (3.2.26)

2sinhk
Typically, neither the true mean direction nor the true precision k is known.
Thus, in order to perform the test these parameters are replaced in the equations
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by their maximum likelihood estimates. The maximum likelihood estimate & for
K is given in (3.2.24) as N/(N-R), and that for the true mean direction is just the
direction of the vector resultant of the individual unit vectors. It is therefore
necessary to compare the data with the probability density of (3.2.9), the
probabilities being given in (3.2.26), with k£ replacing x and y' (the angle
between an observed direction and the maximum likelihood estimate of the true
mean direction) replacing y. If the true mean direction is known, then v is
known directly. It is also necessary to test whether the azimuthal angle ¢ is
uniformly distributed between 0 and 360°. Again, the true mean direction or its
maximum likelihood estimate is needed to calculate the values of ¢.

From (3.2.26), for N observations the expected frequency f, of y’ between the
limits y; and v is given by

= N _ l:el;cow; _elzcosw'z] . (3‘2_27)
2sinhk
Note that previous texts (e.g., Irving, 1964) have used the approximation for
large & that 2sinhk ~exp(k). With modern calculators and computers it is just
as easy to use the correct equation (3.2.27).
To test both the azimuthal and radial distributions the observations are
separated into m classes or ranges and the statistic X is calculated from

m 2 n 2
2 zz(fo ;fe) :zi_o_N (3.2.28)
i=1 e =} /¢

180

Fig. 3.3. North pole stereographic projection of VGPs observed in 508 lava flows that lie between
35° and 40° north or south latitude and have ages <5 Ma. The expected mean VGP is the North
Geographic Pole. From McElhinny and McFadden (1997).
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where £, and f; are the observed and expected frequencies w1th1n the range. If the
observations were drawn from a Fisher dlstrlbutlon then X* will be chi- -square
distributed with v degrees of freedom, xv , where

v=m-1-I1 (3.2.29)

and IT is the number of distribution parameters that had to be replaced by their
maximum likelihood estimates in order to calculate the observed frequencies.

An example of this test is given in Fig. 3.3 for the observed VGPs from lava
flows that lie within the latitude band |35-40}° on the Earth’s surface and have
ages <5 Ma. The details of the test for a Fisher distribution are given in
Table 3.1. For both the azimuthal (longitude) and radial (colatitude) variation the
508 observations were divided into 10 cells of equal expectation, so m = 10.
Typically it would be necessary to estimate the true mean direction (i.e., two
parameters) and the precision k so that IT would be 3 for testing the radial (y)
distribution and IT would be 2 for testing the azimuthal (¢) distribution (the
precision is not needed to test the azimuthal distribution). In this case the
expected mean VGP is known because it is the North Geographic Pole. Hence,
only the precision needs to be estimated and so the two values of IT are 1 and 0.
The calculated (observed) value of X? in each case is less than the critical value
at the 5% level. Therefore, there is no reason to reject the hypothesis that the
observations conform with a Fisher distribution.

Graphical methods may also be used to test the goodness-of-fit of the Fisher
distribution to a set of data (see e.g., Lewis and Fisher, 1982; Fisher et al., 1987).

TABLE 3.1
Test for Conformance of Observations to a Fisher Distribution for 508 Lava Flows in the Latitude
Range |35—40/° of Age < 5 Ma“

Azimuthal range (longitude)
0-36  36- 72- 108- 144-  180- 216-  252- 288-  324-
72 108 144 180 216 252 288 324 360

Observed 52 48 49- 53 41 37 59 59 50 60
Expected 508 508 508 508 508 508 508 508 508 508

v=9 X(observed) = 10.31 X3 (critical) = 16.92

Radial range (colatitude)

0-5.1 5.1- 74-  94- 114- 134- 154- 17.7- 20.7- >258
7.4 9.4 11.4 134 154 177 207 258

Observed 60 63 54 51 45 45 46 43 40 61
Expected 508 508 508 508 508 508 508 508 508 50.8

v=8 X2(observed) = 12.12 X3 (critical) = 15.51

4 From McElhinny and McFadden (1997)
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Analysis of Inclination-Only Data

There are many situations in which declination information is not available. The
common case is that of deep-sea cores, but bore cores drilled on land are often
not oriented or may be available only as a series of fragmentary pieces.

If I, is the inclination of the true mean direction then a simple average of the
observed sample inclinations will give an estimate of /; that is too shallow
(except for I, = 0). Suppose that the true mean inclination /, = 90°. If the
directions are symmetrically distributed about this mean (as expected for a
Fisher distribution), virtually all of the observed inclinations will be <90°. Their
arithmetic mean will therefore always be less than the true value. If the true
mean has (D, = 0°, I, = 80°), an observation at (180°, 85°) is actually 15° from the
true mean, but without the declination information it is “folded back” to being
only 5° from the mean. If the foldback problem is small, it is possible to obtain
an approximately unbiased estimate of both /; and the precision k. This has been
examined by Briden and Ward (1966), Kono (1980b), McFadden and Reid
(1982), and Cox and Gordon (1984).

Following the most general analysis given by McFadden and Reid (1982),
consider a set of observations [, I, ..., Iy drawn from a Fisher distribution
whose true mean direction has an inclination /. Define 6, as the complement of
Iy (e, 8y = 90° - Iy), 6; as the complement of I;, and 8, as the maximum
likelihood estimate (which in this instance is approximately unbiased) for 6,. Let

C= Ecos(AGO -0,)= coiOOZcosei + sinﬂGOZsin 8, (3.2.30)
S =2Zsin(6y —6;) =sin6yZ cos6; —cosB,Zsinb; ,
where the summations are for / from 1 to N. The value of éo is then a solution of

Ncosé0 +(sin’ éo ~ cos? éo)Ecos 6; —2sin éo cos éOZsin 6,=0, (3.2.31)

which may be obtained by any simple iterative method. The correct solution is
obvious as it is close to the average of the 6,. The best estimate I, for I, is then

Iy = (90°-6,) (3.2.32)

with confidence limits (in degrees)

~ 1808 ~ 1808
(10+ T[C —a(l_g))slo S(lo"‘ TcC +a(]—g))7 (3233)
where
2
S g(N-C)
coso_,=1-4| = - &~ 2 3.2.34
(1-8) Z[C] C(N-1) ( )
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and g is the critical value of F[1,(V-1)] at the appropriate level of confidence. If
g = 0.05 then the level of confidence is 95%. Note that the confidence limits are
not symmetric about /.

The best estimate & of the precision parameter x is given by

N-1

S Al (3.2.35)
2(N-C)

and is the equivalent of (3.2.15).

3.2.4 Calculating Paleomagnetic Poles and Their Errors

The paleomagnetic pole may be calculated from the formation mean direction of
magnetization (D,,, 1,,) according to (1.2.6-1.2.8). The mean direction has its
associated circle of confidence o5 and if 8D, and 8/, are corresponding errors
in declination and inclination, then

Qg5 =081, =8D, cos/, . (3.2.36)

From (1.2.5) the error 8/, in the inclination corresponds to an error dp in the
ancient colatitude p given by

dp =Logs(1+3cos’ p). (3:2.37)

The error dp lies along the great circle passing through the sampling site S and
the paleomagnetic pole P, and is the error in determining the distance from S to
P (see Fig. 1.12). The error in the declination corresponds to a displacement dm
from P in the direction perpendicular to the great circle SP, where

sin p

dm = Qgs .
cosl,

(3.2.38)

The error (dp, dm) is termed the oval of 95% confidence about the mean pole.

Alternatively, each site direction may be specified by a virtual geomagnetic
pole (VGP). The VGPs themselves may then be analyzed as Fisher-distributed
observations since they correspond to points on a unit sphere. The declination is
replaced by the VGP longitude east and the inclination is replaced by the VGP
latitude in each case. The mean pole position will have its associated precision
parameter estimate (K) and circle of 95% confidence (4q5). To distinguish
between the analysis of VGPs and that of directions, capital symbols are always
used for the analysis of poles. Khramov (1987) suggests that 4ys and (dp, dm)
can be related approximately by

Ags ~\Jdp-dm . (3.2.39)
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It has been traditional to calculate paleomagnetic poles by first calculating the
mean of the site mean directions of magnetization and then calculating the
corresponding paleomagnetic pole and oval of 95% confidence given by
(dp, dm). However this traditional approach has been challenged on several
points. Because the mapping between the directions of magnetization and poles
is nonlinear, it is not possible for both distributions to be Fisher. Creer et al.
(1959) first noted, from studies of the paleomagnetism of the Whin Sill, that the
VGPs were more likely to have a circular distribution. As a consequence it is
usually assumed that VGPs have a Fisher distribution in studies of paleosecular
variation (see §1.2.6), following Cox (1962). This is supported by the analysis of
lava flow data for the past 5 Myr (McElhinny and McFadden, 1997) as analyzed
in Table 3.1 and illustrated in Fig. 3.3. Kono (1997) used a model for the
geomagnetic field in which the Gauss coefficients (§1.1.3) are random normal
variates (based on the model of Constable and Parker, 1988) and showed that for
such a mode] the distribution of the VGPs is nearly circular while that of the
field directions is not. Arason and Levi (1997) show that the transformation of
isotropically distributed geomagnetic poles to local site directions introduces
slight apparent inclination shallowing when the directional average is compared
with the geocentric axial dipole field direction. Overall it appears that the
optimum procedure is first to calculate the VGPs corresponding to each site
mean direction and then to average those VGPs to determine the paleomagnetic
pole and its corresponding circular error Ags.

3.2.5 Other Statistical Distributions

It is sometimes observed that a set of directions or VGPs has an elliptical
distribution rather than the circular distribution required for the Fisher
distribution. A statistical distribution that allows for the treatment of such data is
the Bingham distribution (Bingham, 1964, 1974, Onstott, 1980). The distribution
is bimodal so that, unlike the unimodal Fisher distribution, one does not have to
invert one of the two polarities usually observed in paleomagnetic data (which
implicitly assumes that there is an axially symmetric dipole field). The
distribution requires two concentration parameters k; and k, whose relative
magnitudes describe the azimuthal dependence of the dispersion. For an
isotropic distribution dispersion x; = k, = «, where k is similar to the precision
for the Fisher distribution.

However, the Fisher distribution provides simple techniques for determining
confidence limits and for two-sample hypothesis tests such as the comparison of
mean directions. This is not the case for the Bingham distribution, so it is not
used much in the analysis of paleomagnetic data. A further, and philosophically
more serious, problem is that the origin of the elliptical distributions sometimes
observed is not fully understood and may well relate to analytical artifacts, such
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as nonuniform overprinting or the presence of apparent polar wander during the
time span covered by the measurements. Thus the ellipticity may be a
consequence of systematic components, which is inconsistent with a model of
random variations.

Of course, many paleomagnetic data sets depart noticeably from a Fisher
distribution. However, in most instances, the impact of such departures upon
conclusions is relatively small. Despite this, several workers have chosen to use
nonparametric statistical procedures such as bootstrap methods (see e.g., Fisher
et al., 1987; Constable and Tauxe, 1990; Tauxe et al., 1991; Tauxe, 1998) to
avoid the inaccuracies of using an ill-matching distribution. The disadvantage of
such nonparametric techniques is that all of the observations have to be available
for hypothesis tests. In contrast, with the assumption of a Fisher distribution, a
data set can be characterized by four parameters, which is all that is then needed
for hypothesis tests.

3.3 Field Tests for Stability

3.3.1 Constraining the Age of Magnetization

In favorable circumstances it is possible to arrange paleomagnetic sampling so
that field tests can be performed to constrain the age of magnetization. Graham
(1949) proposed two such tests referred to as the fold test and the conglomerate
test. Later, Everitt and Clegg (1962) introduced the baked contact test. The
circumstances for each of these tests are illustrated in Fig. 3.4. More recently
Kirschvink (1978) proposed the unconformity test, which is only applicable in
special situations.

In the classical fold test, samples are taken from separate limbs of a fold. If the
in situ directions of magnetization on the separate limbs differ, but agree after
“unfolding” the limbs to the horizontal, then the magnetization must predate the
folding and must have been stable since that time. In some cases it is observed
that the maximum agreement of the directions occurs not on restoring the folds
completely to the horizontal but at some intermediate folding correction. In this
situation it is believed that the magnetization was imprinted during the course of
the folding as determined by McClelland Brown (1983) and is referred to as a
synfolding magnetization. The classical fold test assumes rigid-body rotation of
the folds; however, the development of folds in rock formations relieves
compressive tectonic stress and can involve large internal strains. In certain
situations it is possible to “unstrain” the natural remanence in deformed rocks
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Fig. 3.4. Field relationships for the fold, conglomerate, and baked contact tests for paleomagnetic
directions. From Merrill and McElhinny (1983).

and then perform a fold test. This is referred to as a fold test with strain removal.
Details of each of these aspects of the fold test and related statistical methods are
discussed in §3.3.2.

In the conglomerate test, if randomly oriented cobbles in a conglomerate were
derived from the rock formation under investigation and the magnetization of
these cobbles has no preferred direction, then this suggests the magnetization of
the parent rock formation has been stable since the formation of the
conglomerate (see §3.3.3).

In the baked contact test, if the directions of magnetization in the baked zone
surrounding an intrusion are parallel to those observed in the intrusion, but differ
from that of the unbaked country rock, then the magnetization of the intrusion
has been stable since formation (see §3.3.4). The inverse is also true; the stable
magnetization observed in the country rock, if both consistent and different from
that of the intrusion, has obviously survived since the age of the intrusion. This
is referred to as the inverse contact test.

3.3.2 The Fold Test

When applying the fold test of Graham (1949) it is generally assumed that the
rocks have undergone rigid-body rotation. Rocks are assumed restored to their
original untilted position by rotation of the bedding around the strike line back to
the horizontal. This treatment should strictly apply only in the case of concentric
folds with a horizontal axis without any strain. Often more elaborate unfolding
methods are required where the axis is not horizontal, and there is then a
discrepancy between net and apparent tectonic rotation due to plunging fold axes
as discussed by MacDonald (1980). When there is internal deformation or strain,
more sophisticated methods are required (Cogné and Perroud, 1987), which are
discussed later in this section.
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Fig. 3.5. The fold test. (a) Original geometry of rock stratum with arrows drawn perpendicular to
the surface. (b) Idealized folding geometry as required for the McFadden and Jones (1981) test. (c)
More typical actual folding geometry allowed for in the extended test of McFadden (1998). After
McFadden (1998).

Statistical Evaluation of the Fold Test

The first statistical method for analyzing the fold test was suggested by
McElhinny (1964). He used the method for the comparison of precisions given
by (3.2.16) as a means of deciding whether the estimates of the precision £ after
restoring beds to the horizontal was significantly improved from the value
obtained when the beds were in situ. The test was easy to use and became the
standard practice for many years. Later McFadden and Jones (1981) pointed out
that the criterion used by McElhinny (1964) was actually invalid but in practice
was typically conservative.

The basic geological geometry required for the McFadden and Jones (1981)
test is outlined in Fig. 3.5 in which the arrows are perpendicular to the surface.
Figure 3.5a shows the original geometry of a rock stratum, and Fig. 3.5b shows
four “limbs”, the type of idealized folding geometry assumed in the test. With
such an idealized geometry it is possible to use a sampling scheme that ensures
there are several sites on each limb. The sites on each limb may be considered as
a separate group with each group having its own common tilt correction. It is
thus possible to get an estimate of the original scatter in site mean directions
from each group. The requirement for a common original population demands
that the scatter observed in different groups be consistent with a common
precision k.
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Given the above as an essential starting point, the McFadden and Jones (1981)
test determines, with the rocks in a given orientation, whether the scatter
observed between groups (on different fold limbs) is consistent with the
observed scatter within groups, that is, whether the different groups could have
been drawn from a common distribution. If each of the groups has n
observations and an estimated precision parameter of about £, then the group
means can be expected to have a precision of about rk. If the precision of the
groups were to differ too much from this, one would conclude that the scatter
observed between groups is not consistent with the observed scatter within
groups and therefore it is unlikely that the magnetization was acquired with the
rocks in that particular orientation. Thus, the test is one of deciding whether the
different groups share a common mean direction.

Suppose that there are m limbs that have been sampled and that R, is the length
of the resultant vector from the /® limb. If N is the total number of site mean
directions and R the length of their resultant vector, then if the observations are
all drawn from a common distribution the statistic f, given by

2
f:(N‘”’jZR"_R [ZR, _ Bl2(m—1),2(N —m)], (3.3.1)

m-1) 2(N-ZR)

has an approximate F distribution with 2(m-1) and 2(N-m) degrees of freedom,
where the summations are for i=1 to m. This is just the test of (3.2.24). Given the
tilt corrections for each group and the particular set of observations, ZR; is
constant, but R varies as the group mean directions change with respect to each
other according to the tilt correction. The maximum value of R is R, so the
term (ZR, - RYZR)) in the numerator of (3.3.1) gives the dispersion of the group
mean directions independent of the dispersion within groups. Similarly, the term
(N-ZR)) = Z(N-R;), where N, is the number of observations in each group, in the
denominator of (3.3.1) is the sum of the dispersions within the groups. Thus f
gives the ratio (with division by the appropriate degrees of freedom) of the
dispersion of group means to the within-group dispersion.

The expectation of fis given by <f> = (N-m)/(N-m-1), so f can be expected to
be close to unity if the rocks are in the orientation in which the magnetization
was acquired. If the observed value of f is much greater than unity, then this
means that the dispersion of group mean directions is too large compared with
the within-group dispersion. Conversely, if the observed value of f is much
smaller than unity, then this means that the dispersion of group mean directions
is too small compared with the within-group dispersion.

The critical values of f for the two situations (f too large or f too small) are
determined using different ends of the F distribution. For f too large, if the
observed value of fexceeds the critical value of the F distribution at the 5% level
of significance, then the null hypothesis of a common true mean direction may
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be rejected (the group means are too widely dispersed). For f too small, if the
observed value of f'is smaller than the critical value of the F distribution at the
95% level of significance, then the group means are artificially too close to each
other and the null hypothesis may again be rejected. Many F distribution tables
only provide 5% significance points. To overcome this, it is sufficient to
recognize that the 95% significance point for fis the same as the 5% significance
point for 1/f with the relevant degrees of freedom swapped (i.e., the 5%
significance point from the table for F[2(N-m),2(m-1)] should be used). When
rejection of the null hypothesis occurs, the values of f are then sometimes
calculated at successively increasing values of the tilt correction from 0 to 100%
to investigate whether a synfolding magnetization exists.

In practice it is difficult to apply the McFadden and Jones (1981) test because
the ideal situation shown in Fig. 3.5b is rarely applicable, and often in practice it
is not possible to sample more than one site on a limb. Figure 3.5¢ shows a more
realistic situation that is more commonly observed in the field. No two of the
arrows perpendicular to the surface are parallel and it is not possible to define a
limb containing more than one site across which there is a common tilt
correction. McFadden (1990) therefore developed a new test based on
correlation between the distribution of magnetic directions and the tectonic
information to cater for most of the more complicated situations. Although this is
an effective test it is not apparently physically intuitive and has not gained
widespread use. Therefore, McFadden (1998) then extended the McFadden and
Jones (1981) test to the general case illustrated in Fig. 3.5¢ to make it more
flexible and make few demands on the sampling scheme.

The extended test proposed by McFadden (1998) is based on the observation
that if the rocks are in the orientation in which the magnetization was acquired
then it matters little how the sites are grouped together to perform the McFadden
and Jones test. Thus, with some loss of power, it is acceptable to group the sites
together into clusters based on similar tilt corrections. The sites are initially
clustered into groups with similar tilt corrections using the clustering algorithm
of Shanley and Mahtab (1976). No clustering algorithm always gives the best set
of clusters, so the software provided to perform the test is written so that it is a
simple matter to alter the clusters using the mouse.

An example of the application of the McFadden (1998) extended McFadden
and Jones test is illustrated in Fig. 3.6 from the data of Gilder ef al. (1993). In
Fig. 3.6a all the site mean directions are illustrated at 0, 70, and 100% unfolding.
The site mean directions become most tightly grouped at 70% unfolding.
However, the observed values of f depart significantly from unity at 0% (f =
11.6), at 70% (f= 3.1) and at 100% (f=4.2) unfolding. Therefore, the position of
maximum concentration (at 70% unfolding) does not necessarily identify the
position at which the magnetization was acquired. This suggests that there may
be some problem with the data. Gilder et al. (1993) noted that there were
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Fig. 3.6. An example of the McFadden (1998) extended version of the McFadden and Jones (1981)
fold test showing that the maximum concentration of directions is not a sufficient criterion for
evaluating the significance of the fold test. Stereographic projection showing site mean directions of
magnetization (all on the lower hemisphere) with their circles of 95% confidence as observed in
some Chinese sediments by Gilder ef al. (1993). (a) All site mean directions are illustrated at 0, 70,
and 100% unfolding. (b) The site mean directions at 0 and 100% unfolding with the two suspect
sites L130 and 1.138 removed.. After McFadden (1998).

tectonic problems associated with site L138, and site L130 seems to have quite a
different dispersion from that of the other sites. Figure 3.6b shows the data with
these sites removed. At 0% unfolding /= 10.1 and at 100% unfolding f= 1.3,
showing that the group mean and within-group dispersions are now statistically
indistinguishable at 100% unfolded. Therefore, the magnetization was most
likely acquired at 100% unfolding (probability of exceeding the observed value
of f=1.3 is 26.7%), giving a positive fold test.

McCabe et al. (1983) noted that a significantly more concentrated distribution
does not necessarily imply the correct result, yet it has become quite common to
use the criterion that the maximum concentration of site mean directions
identifies the position in which the rocks acquired their magnetization (Watson
and Enkin, 1993; Tauxe and Watson, 1994). McFadden (1998) showed that this
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underlying assumption is flawed because such concentration can also occur
through specific relationships between the magnetization directions and the fold
axes. The example given above illustrates well the fact that the position of
maximum concentration of site mean directions does not necessarily identify the
position at which the magnetization was acquired.

Synfolding Magnetizations

In a paleomagnetic study of fold development and propagation in the Devonian
Old Red Sandstone, McClelland Brown (1983) showed that the magnetizations
observed on different parts of a fold converged when the fold was partially
unfolded (40% unfolded). The resulting direction of magnetization was the same
as that observed in Late Carboniferous rocks, the time at which the development
of the fold took place. Therefore it was proposed that the magnetization was
acquired during the process of folding at the time when the fold was about 40%
complete. However, some caution is required for the reliable identification of
synfolding magnetization because what appears to be a synfolding magnetization
may be the consequence of a complex fold with multiple rotations (see e.g.,
Tauxe and Watson, 1994). Sometimes it may also be the result of internal strain
of a pre-existing magnetization (van der Pluijm, 1987; Cogné and Perroud,
1987). This is discussed further when considering the fold test with strain
removal.

Shipunov (1997) addressed some aspects of detecting a synfolding
magnetization. For folding to occur there must be brittle fracture or plastic flow
at an elevated temperature. It is the internal strains and elevated temperatures
that can lead to the acquisition of a synfolding magnetization. An example for a
simple situation is shown in Fig. 3.7. In the unstrained case, when the classical
rigid-body tilt correction is applied, the vectors cluster about their initial
direction. When strain occurs, the strain induces a rotation of the vectors toward
the cleavage plane so that on applying classical rigid-body unfolding the vectors
bypass each other at 100% unfolding but appear to converge at some
intermediate percentage unfolding. A false synfolding magnetization might then
be deduced.

However, it is extremely unlikely that a synfolding magnetization would be
acquired contemporaneously and at any one point in time at different locations.
The process that leads to the acquisition of a synfolding magnetization suggests
that the magnetization will be acquired dynamically as the folding proceeds.
Thus, one would expect a synfolding magnetization to be a composite of several
magnetizations whose directions would lie on a small circle with pole parallel to
the folding axis for that local site. This would imply that the only way to identify
a synfolding magnetization with certainty would be to identify, during
demagnetization, components with these characteristics. Having identified such a
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Fig. 3.7. A false synfolding magnetization can be deduced in the case of strained beds. The initial
magnetization is assumed vertical to the beds. (a) When the beds are unstrained, applying the tilt
correction on the assumption of rigid-body rotation (vector 1 to vector 2) makes the magnetization
vectors converge as shown in the stereoplot below (star). (b) When the beds are strained, the strain
induces a rotation of the vector (dashed vector to vector 1) toward the cleavage plane (shown as
light vertical lines). When rigid-body rotation is assumed (100% unfolding, vector 1 to vector 2),
the vectors bypass each other (stars) and are just as scattered as in situ. However, they would
converge at some intermediate percentage unfolding and a false synfolding magnetization might be
deduced. After Cogné and Perroud (1987).

synfolding magnetization, it is clear that one cannot then uniquely identify the
actual direction of that magnetization from the statistics (McFadden, 1998).

Fold Test with Strain Removal

Most fold test analyses have assumed that the rocks have undergone rigid-body
rotation during folding. However, if there is a change in the relative position of
the particles within the rock, this can change the shape of the body, causing
internal deformation or strain. Cogné and Perroud (1987) show that in the
general case there is a deflection of the magnetization vector toward the
flattening plane (as shown in Fig. 3.7) and probably toward the elongation axis.
In the general case, therefore, strain alters the angular relationship between the
tilt plane and the magnetization, leading to inconclusive results when the
classical rigid-body fold test is applied (Fig. 3.7).
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When a rock unit contains visibly deformed objects, such as fossils, ooliths,
and reduction spots, it is easy to use these strain markers to estimate the strain
state by applying the well-known tectonic and microtectonic techniques of strain
analysis (e.g., Ramsay, 1967). Where such markers are rare, a strain-induced
modification to some physical property can be used. The measurement of the
anisotropy of magnetic susceptibility (AMS) provides a rapid method of
estimating the preferred orientation of magnetic minerals. The magnetic fabric of
a rock is expressed mathematically as a second-order tensor, analogous to the
strain tensor. These two tensors have been shown to be related both in the
direction of their axes and in the magnitude of their principal values. However,
the quantitative relationship between the magnitudes of strain and AMS principal
axes must be established for every rock type, and for each rock type there is a
minimum number of classical strain markers generally needed.

Cogné and Perroud (1985) and Cogné et al. (1986) suggested a method for
correcting or unstraining the paleomagnetic vectors. The treatment is based on
the passive deformation theory of March (1932). The correction consists of
applying the inverse strain tensor first to the magnetic vector and then to the
bedding plane. The initial direction of magnetization is then recovered by a tilt
correction using the unstrained bedding plane. Cogné and Perroud (1985) and
Cogné et al. (1986) successfully applied the method to some deformed Permian
and Ordovician redbeds. However, Lowrie et al. (1986), although
acknowledging the need for correcting the bedding plane for strain before any
rigid-body rotation, criticized the validity of applying inverse strain to
paleomagnetic vectors. Cogné and Perroud (1987) dispute this and provide a
useful summary of the present state of the debate regarding the unstraining of
paleomagnetic vectors.

3.3.3 Conglomerate Test

To use this test it is necessary to identify conglomerate cobbles in either the
same formation or another formation that have been derived from the beds
whose stability of magnetization is being investigated, as illustrated in Fig. 3.3.
If the directions of magnetization of the conglomerate cobbles are random then
this suggests that the magnetization of the parent formation has been stable since
the deposition of the conglomerate (Graham, 1949). The cobbles need to be large
enough so that the mechanical forces far exceed the magnetic aligning forces
during deposition. The test for randomness of directions may then be used
(§3.2.3). This is a general test and Fisher et al. (1987) and Shipunov et al. (1998)
provide more powerful tests against specific alternative hypotheses. Breccias by
their nature imply minimum transport of material and in this case the
randomizing effect of the mechanical forces involved can be insufficient for
them to be useful for the application of the conglomerate test.
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The test can be enhanced if the cobbles can be shown to have the same
demagnetization characteristics as the parent beds (e.g. Buchan and Hodych,
1989). If the cobbles have still retained indications of their original stratification,
it might be possible to restore the magnetic directions to the paleohorizontal. In
this case only the resulting inclinations would have significance and, when
corrected to the horizontal, they should converge. However, the tops or bottoms
of the bedding in the cobbles are likely to be unknown so that the inclinations
after correction may be positive or negative without necessarily indicating
reversals (Van der Voo, 1993). A special case of the conglomerate test occurs
when the conglomerate itself lies within the formation and was deposited not
long after the parent beds were deposited. This is referred to as an infra-
Sformational conglomerate test and, if the test is positive, can provide an
important constraint that the age of the magnetization of the parent beds dates
from the time of formation.

3.3.4 Baked Contact Test

When an igneous rock intrudes an older rock formation the intrusion heats a
region of the surrounding country rock. The baked region of the country rock
will then cool in the same magnetic field as the intrusion and so will acquire a
direction of magnetization the same as that of the intrusion. In addition, the
direction of the magnetization in the unbaked country rock will differ from that
of the intrusion. Since the country rock and the igneous intrusion are generally
very different rock types, agreement between the direction of magnetization of
the intrusion and that of the baked region of the country rock provides strong
evidence for the stability of the magnetization of the intrusion. This situation
also applies to the baked rock underlying an extruded lava flow. To complete the
test it is necessary to show that the direction of magnetization of the unbaked
country rock differs from that of the intrusion because this shows that neither the
intrusion nor the unbaked country rock has been subjected to any regional
remagnetization. However, in certain situations the test can be shown to be
positive if it can be demonstrated that there are changes in properties with
distance from the baked contact that correspond with the diminishing effects of
the intrusion (Everitt and Clegg, 1962).

It is useful to define three gradational zones outside the igneous body as
illustrated in Fig. 3.8. In the metamorphic zone there will be extensive changes in
the magnetic minerals, whereas in the heated zone these changes will be
comparatively small, although in both cases the rock will have acquired a total
TRM from the reheating episode. In the warmed zone, the temperature never
rises to the Curie temperature of the magnetic minerals and only a partial TRM is
induced. This then combines vectorially with any component in the country rock
that is stable to the temperatures involved in the warmed zone. Qutside the
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Fig. 3.8. The baked contact test. The variation in direction of magnetization (arrows), magnetization
(M), and scatter (o) with distance from an igneous intrusion in five possible situations is illustrated
schematically. After Irving (1964), with permission from John Wiley & Sons.

warmed zone is the unheated country rock. Five possible situations are illustrated
in Fig. 3.8.

In the first case (Fig. 3.8A), the country rock is much older than the intrusion
and consists of sedimentary material of high stability. The occurrence of high
magnetization (M) at the contact falling to low values at a distance, coupled with
agreement between the directions of magnetization of the intrusion and baked
contact rock, indicates that both are stable and that the magnetization was
acquired at the time the igneous intrusion cooled. The increase in the intensity of
M may be up to a factor of 10, since the magnetization of the sediment is usually
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due to CRM, whereas the baked rock now has a TRM. The scatter (¢ = 1/k) of
the directions may or may not change, except in the warmed zone due to the
addition of two differing vector directions. Consistent directions in the unheated
sedimentary rock, which differ from both that of the present Earth’s field and
that of the intrusion, provide further evidence for the stability of the unheated
sedimentary rock (other than evidence from consistency or laboratory tests, etc.).
The baked contact test now provides evidence that the magnetization of the
unheated sediment has been stable at least since the time of the intrusion. This is
referred to as the inverse contact test as defined in §3.3.1.

In Fig. 3.8B, the country rock is still much older than the intrusion but consists
of sedimentary or igneous material of low magnetic stability. M decreases from
the contact into the unheated zone, whereas o increases and scattered directions
are observed. In Fig. 3.8C, the country rock is again much older than the
intrusion but consists of stable igneous material. This situation is similar to that
in Fig. 3.8A but in this case no change in the intensity of M need be observed
between the baked rock and the unheated zone. The magnetization of the
unheated country igneous rock is thus shown to have been stable since the time
of the intrusion representing another example of an inverse contact test.

When the country rock is only a little older or of comparable age to that of the
intrusion, the situation is less favorable. If the country rock is sedimentary
material (Fig. 3.8D) the main variation will be a decrease in the intensity of M
between the baked zone and the unheated zone, a change that could be up to a
factor of 10 if the original magnetization in the sedimentary rocks was a CRM.
The most unfavorable situation (Fig. 3.8E) is when the country rock is stable
igneous rock of the same age as the intrusion. No variations will be seen from
the baked zone to the unheated zone, a situation that could also occur from
general heating due to a period of regional metamorphism.

It should be noted that the inverse is also true. If stable magnetizations are
observed in unbaked rocks that provide positive evidence for a baked contact test
such as illustrated in Figs 3.8A and Fig. 3.8C, then this also provides evidence
that the unbaked sediments have retained their magnetization at least since the
time of the baking. This is referred to as the inverse contact test.

3.3.5 Unconformity Test

The unconformity test can be applied in the special case when successive zones
of normal and reverse magnetization are truncated by an unconformity in the
sequence, as proposed by Kirschvink (1978). In the example shown in Fig. 3.9,
the lower part of a rock sequence has recorded zones of normal and reverse
magnetization. Sedimentation ceased and erosion took place to produce the
unconformity prior to deposition of the upper part of the sequence. If the polarity
zones in the upper younger sequence do not match those in the lower older
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Fig. 3.9. The unconformity test. Zones of normal (shaded) and reverse (white) magnetizations in the
lower sequence are truncated by an unconformity. If the polarity zonation in the upper sequence
differs from that of the lower sequence, then the magnetization of the lower beds predates the
unconformity. After Kirschvink (1978), with permission from Elsevier Science.

sequence, then the magnetization in the lower beds is older than the episode of
erosion that created the unconformity. On the other hand, if the polarity zones
show continuity across the unconformity, then the sediments must carry a CRM
that postdates the younger sedimentation.

3.3.6 Consistency and Reversals Tests

If a single geological unit or formation can be sampled over a wide area and
through a considerable thickness, in which are represented a variety of rock
types with differing mineralogy, and if consistent directions of magnetization are
observed, then there is good reason to believe that the magnetization has been
stable since the time of formation. This is generally referred to as the consistency
test. However, it is important that the directions observed should also differ from
that of the present Earth’s field or of any other field direction that has been
observed in rocks of younger age from the same craton or block. Agreement
with known directions of a younger age can be a strong indication that
remagnetization has taken place.

The presence of reversals of magnetization represented by two groups of
directions that are 180° apart is a much stronger consistency test than simple
consistency of directions without reversals. If, subsequent to formation, both
groups acquire a secondary component of magnetization, they will both change
in the same direction towards the secondary magnetic field direction. The two
resultant groups of directions will then not be 180° apart (Fig. 3.10). It is thus
necessary to be able to test whether these opposing directions of magnetization
differ discernibly from being 180° apart. Such a test is called the reversals fest.
Originally the simple procedure was to invert one of the directions by 180° and
then test if the resulting two directions of magnetization were discernibly
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Fig. 3.10. Normal and reverse magnetizations originally 180° apart each acquire a secondary
component causing the resultant directions of magnetization to deviate from being antiparallel.

different using the comparison method discussed in §3.2.3. However, McFadden
and McElhinny (1990) showed that this method is flawed because the larger the
circles of confidence the harder it would be to show that the two directions were
discernibly different from one another. Thus the worst data sets were the easiest
ones with which to achieve a positive reversals test!

McFadden and McElhinny (1990) therefore formalized the computation of the
reversals test by using a classification system based on the amount of
information that is available for the test. First, one of the two directions and its
circle of confidence is rotated through 180° for comparison with the other
direction. The angle y, between the two means can then be calculated and it is
also possible to calculate the angle y, at which the two directions become
significantly different at the 95% confidence level. The reversals test obviously
fails if y, > v.. Otherwise the reversals test is classified as “A” if y, < 5°, as “B” if
Y. < 10° and “C” if y, < 20° and as “indeterminate” if y, > 20°. An example is
given in Fig. 3.11. The computation of the critical angle y, will depend on the

(b)

13,59/
/
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Fig. 3.11. Example of the classification of the reversals test (McFadden and McElhinny, 1990). One
of the two opposing mean directions, together with its circle of 95% confidence, is rotated by 180°.
(a) The two mean directions, A and B, are separated by y, = 4.5°. (b) These must be separated by an
angle y, = 13.5° to differ significantly at the 95% confidence limit. The reversals test is then
classified as “C”. Note that in (b) the circles of 95% confidence still overlap slightly following
(3.2.18) in §3.2.3.
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statistical properties of the normal and reverse populations and on the number of
observations. If the number of samples in each population is small or if the two
populations do not share a common precision, calculation of y, should be
performed using a simulation or bootstrap method. McFadden and McElhinny
(1990) show how to do this using a suggestion made by Watson (1983).

In the common case where there are several observations N, and N, in the two
populations having resultants R, and R, and they share a common precision, the
critical angle v, may be calculated from

cosyc=1—(N_R‘_RZ)(R1+R2){(l)m—1}- (3.3.2)
RR, P

where N = N, + N, and P = 0.05 (McFadden and McElhinny, 1990).

3.4 Laboratory Methods and Applications

3.4.1 Progressive Stepwise Demagnetization

After collection and measurement of their NRM, rock samples are subjected to
various methods of progressive demagnetization in the laboratory in an attempt
to elucidate the magnetic history of the rock since formation. The most common
methods used are alternating field (AF) demagnetization, thermal
demagnetization and chemical demagnetization. These methods are often
referred to as magretic cleaning, thermal cleaning, and chemical cleaning,
respectively. During demagnetization experiments samples are subjected to
stepwise increasing values of alternating field, temperature, or time (in the case
of chemical demagnetization) in the presence of zero steady magnetic field
(field-free space). The magnetization is remeasured after each such treatment
and the resultant changes in both direction and intensity are displayed and
analyzed as discussed below in §3.4.2. A general discussion and description of
instruments in use for demagnetization is given in Collinson (1983).

Alternating Field Demagnetization

If a rock specimen is placed in an alternating magnetic field with peak value B,
then all grains with microscopic coercive force B! < Bcos® (where 0 is the
angle between B and the grain microscopic coercive force) will follow the field
as it alternates. If the alternating field can be applied to all possible grain
orientations, then as the alternating field is slowly decreased to zero, grains with
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progressively lower coercive force become fixed in different orientations and
hence ultimately the magnetization of grains with coercive forces less than B will
have their directions randomized. The procedure for a single demagnetization
step involves taking the specimen around successively larger hysteresis loops
(see Fig. 2.5 and §2.1.4) until the desired peak field is reached and then around
successively smaller ones.

The technique of AF demagnetization was first carried out on a routine basis
by As and Zijderveld (1958). In their apparatus they demagnetized the specimen
three times, once along each of three mutually perpendicular axes at
progressively higher peak alternating magnetic fields produced by a solenoid.
The main objection to this technique is that not all directions in the specimen are
exposed to the same peak field (for a theorectical analysis of the consequences,
see McFadden, 1981). Creer (1959) introduced the technique of tumbling the
specimen about two axes at right angles and perpendicular to the axis of the
demagnetizing coil. Doell and Cox (1967b) employed a more elaborate three-
axis tumbler. In the demagnetizing procedure it is important that the production
of ARM (see §2.3.5) be avoided, so the procedure must be carried out in field-
free space. Unfortunately a direct effect of tumbling the sample is to induce a
rotational remanent magnetization (RRM) antiparalle] to the rotation vector of
the sample (Doell and Cox, 1967b; Wilson and Lomax, 1972).

Smith and Merrill (1980) and Stephenson (1980) provided a theoretical
explanation of rotational remanent magnetization, which is now known to be a
form of gyroremanent magnetization (GRM). GRM can also be produced during
static demagnetization in rocks that are even slightly anisotropic and which
contain small magnetically hard particles of magnetite, titanomagnetite, or
maghemite (but not hematite). The effect is then seen when high alternating
fields are used to reveal the hardest magnetization component (Stephenson,
1993). When tumbling is used the effect can be eliminated by arranging for the
sense of rotation to be reversed so as to give equal time for the forward and
reverse rotations while increasing and decreasing the field (Wilson and Lomax,
1972). Alternatively the sample can be demagnetized twice at each step with the
rotation of the tumbler being reversed the second time. The average of the
magnetizations then eliminates the effect of GRM (Hillhouse, 1977). For static
demagnetization along three axes, the effect can be eliminated by measuring the
x, ¥, and z components after each demagnetization along the x, y, and z axes and
then averaging the three measurements in each direction (Stephenson, 1993).
The AF demagnetization equipment available in most laboratories can produce
peak alternating fields in the 100-200 mT range. This is adequate for dealing
with magnetite bearing rocks but not sufficient for hematite-bearing rocks, which
respond more effectively to thermal or chemical demagnetization.

For SD grains the relaxation time t is directly related to the microscopic
coercive force B, as shown by (2.3.15) so that progressive AF demagnetization
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of a rock specimen randomizes the magnetization of those grains with low
coercive force, which for any given grain volume are also those with the shortest
relaxation time. If the NRM of a rock specimen is capable of withstanding high
alternating fields then the grains in which the NRM resides have long relaxation
times, and are capable of retaining their magnetization for considerably longer
than the age of the rock.

Apart from an interest in the stability of rocks as judged by their ability to
withstand alternating magnetic fields, it is important to be able to judge the type
of the magnetization being studied and thereby the possible origin. Studies of the
demagnetization of TRM and CRM produced in weak magnetic fields show that
they have similar demagnetization characteristics that are quite different from
that of IRM (Kobayashi, 1959), as illustrated in Fig. 3.12. The IRM acquired by
magnetic fields of 3 mT is effectively destroyed in a peak alternating field of
similar value, but the TRM acquired in 50 uT and the CRM acquired in 1 mT
decrease only slightly at 10 mT with a measurable part remaining at 50 mT.
Thus, it is relatively simple to distinguish IRM from TRM or CRM using
alternating field demagnetization but not to distinguish CRM from TRM. The
discrimination of TRM from CRM, however, can be made through special
thermal demagnetization procedures (McClelland, 1996).
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0 1 | ] |
0 10 20 30 40 50
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Fig. 3.12. Alternating field demagnetization of IRM, CRM, and TRM in magnetite samples. The
field used in each process is indicated in brackets. After Kobayashi (1959).
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Thermal Demagnetization

When a rock specimen is heated to temperature 7 and then cooled in field-free
space, all grains with blocking temperature Ty < T will be reset to zero
magnetization. For SD grains, 7 for a grain of volume v is defined as that
temperature at which the relaxation time t becomes small (e.g., <100 s) as given
by (2.3.14). A high blocking temperature indicates that the grains will have a
long relaxation time at room temperature. The blocking temperature spectrum
can be investigated through thermal demagnetization studies. Two methods have
been used. In the continuous method, the magnetization of the sample is
measured while still hot by using a small furnace close to a suitable
magnetometer (Wilson, 1962c¢). In the progressive method, the sample is heated
to successively higher temperatures, and cooled in field-free space after each
heating, the magnetization being remeasured at each step (Irving er al., 1961).

Because short relaxation time components also have lower blocking
temperatures, thermal demagnetization progressively eliminates the short
relaxation time components. The technique is most effective with hematite-
bearing rocks whose coercivities are much greater than the peak fields available
in AF demagnetization equipment. Unlike AF demagnetization, thermal
demagnetization appears to have little use in removing large IRM components,
such as those produced by lightning strikes. Irving and Opdyke (1965) describe
the blocking temperature spectrum as consisting of two basic types as illustrated
in Fig. 3.13a. Thermally discrete components are those of great stability that
remain unchanged up to temperatures near the Curie temperature, whereas
thermally distributed compornents are those that possess a range of blocking
temperatures. Thermally distributed components therefore include the less stable
components that are more capable of acquiring secondary magnetizations.

The blocking temperature spectrum for an identical set of magnetite grains will
be different for TRM and CRM (McClelland, 1996). Therefore, unlike AF
demagnetization, it is possible to distinguish between CRM and TRM through
suitable thermal demagnetization procedures. Although CRM and TRM will
unblock at a common temperature in magnetite and at a common temperature in
hematite, the TRM and CRM magnitudes will be different because the net
fractional alignment for CRM is controlled by the blocking volume and the
reaction temperature (§2.3.6), whereas TRM is controlled by the final volume
and the blocking temperature (§2.3.5).

The procedure outlined by McClelland (1996) to discriminate between TRM
and CRM is to apply thermal demagnetization to a sample at successively higher
temperatures up to at least 450°C. At each step the sample is given a PTRM
(82.3.5) so that the PTRM acquisition properties can be measured for each
temperature interval. There should be a linear relationship between the PTRM
lost and the PTRM gained for each temperature interval for both CRM and TRM
up to about 350°C, but this will start to change significantly for CRM above this
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Fig. 3.13. Aspects of thermal and chemical demagnetization. (a) Normalized thermal
demagnetization curves of two samples from the Waterberg redbeds of South Africa, one dominated
by a thermally discrete component near the Curie point and the other composed of thermally
distributed components up to the Curic point (after Jones and McElhinny, 1967). (b) Normalized
decay of magnetization (circles) and decrease in iron content (squares) during chemical
demagnetization of a sample from the Chugwater Formation of Wyoming (after Collinson, 1965).

temperature. If the PTRM checks fail below about 400°C, then it is not possible
to distinguish CRM from TRM.

Chemical Demagnetization

The technique of chemical demagnetization was developed by Collinson (1965)
for investigating the magnetization of red sediments. In this method specimens
are immersed in hydrochloric acid for suitable lengths of time, after which they
are washed and dried and their magnetization is remeasured. Collinson (1965,
1966) showed that the red pigment is extracted preferentially by dissolving in
cold concentrated hydrochloric acid and that the leeching causes a
demagnetization, as illustrated in Fig. 3.13b (see also Park, 1970; Roy and Park,
1974; Henry, 1979).

Chemical demagnetization experiments depend critically on the porosity of the
samples under investigation and some of the experiments undertaken by
Collinson (1965) involved chemical treatment of up to 24 hr. In other cases
chemical treatment for more than 4500 hr has been used (Roy and Park, 1974).
Henry (1979) describes experiments to determine the best methods of sample
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preparation to optimize the procedures for chemical demagnetization. Because of
the high surface area to volume ratio for small grains, chemical treatment
preferentially removes the smaller grains. Such grains have smaller relaxation
times since, from (2.3.14), the relaxation time is directly related to the volume of
a grain. The selective removal of fine-grained hematite means that the secondary
components more likely to be carried by these grains can be eliminated in the
process.

The classical experiments of Roy and Park (1974) showed that the appropriate
combination of thermal demagnetization with chemical demagnetization can be
valuable in understanding the process and timing of the magnetization acquired
by certain redbeds. In their study Roy and Park detected three components of
magnetization and the results suggest that the magnetization was acquired at
different stages in a constant field direction that repeatedly reversed its polarity
through 180° It was concluded that the first magnetization was due to the
alignment of small specular hematite particles (observed in specimens leached
for more than 3000 hr) during or shortly after deposition to form a DRM. The
next stage was the acquisition of a CRM, by hematite growth around the
deposited particles, with the final stage being the acquisition of CRMy during
and/or filling and cementing of all grains during final lithification.

3.4.2 Presentation of Demagnetization Data

Changes in the vector magnetization of a rock sample during demagnetization
involve both its direction and its intensity. One can illustrate changes in direction
on a stereonet and changes in intensity by plotting the intensity as a function of
the treatment being used. This requires two diagrams to display the two
components of the magnetization vector. Alternatively, an orthogonal vector
diagram may be used that displays both parts of the vector at the same time.

Such a diagram is termed a Zijderveld diagram following Zijderveld (1967)
and is the standard method for presentation of the results of stepwise
demagnetization. Some examples of Zijderveld diagrams for a two-component
system are illustrated in Fig. 3.14.

The method of presentation in the Zijderveld diagrams of Fig. 3.14 is as
follows. Imagine the direction and intensity at each successive treatment to be
represented by the direction and length of the vector in three-dimensional space
starting at the origin. The endpoint of the vector at each demagnetization step is
then projected onto two planes at right angles to one another. The solid points
are these endpoints when projected onto the horizontal plane containing axes NS
and EW, whereas the open points are these endpoints when projected onto the
vertical plane containing axes NS and Up-Down. The NS axis is common to
both planes. Note that the EW axis is apparently inverted so that the direction
N-E-S-W is in an anticlockwise direction rather than the normally expected
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clockwise direction. This is a matter of convenience for the presentation.
Inverting the EW axis means that the solid circles plot in the upper part of the
diagram rather than overlapping with the open circles in the bottom part.

The effectiveness of the resulting diagrams depends on the amount of overlap
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Fig. 3.14. Component coercivity or blocking temperature spectra (left) for two components of
magnetization together with the resulting stereoplots (middle) and Zijderveld diagrams (right) for
(a) nonoverlapping spectra, (b) partially overlapping spectra but wide windows of nonoverlap, and
(c) total overlap of the spectra. On the stereoplots solid circles are on the lower hemisphere and
open circles are on the upper hemisphere. On the Zijderveld diagrams solid circles lie on the
horizontal plane and open circles lie on the vertical plane. After Dunlop (1979), with permission
from Elsevier Science.
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of the coercivity or blocking temperature spectra of the two components. Figure
3.14a shows the case where the two components have nonoverlapping coercivity
or blocking temperature spectra and therefore exhibit ideal behavior on the
Zijderveld diagram. The first component (4), removed between steps 1 and 6 in
the demagnetization procedure, is directed NNE (as shown by the solid circles in
the horizontal plane) and has an upward inclination (as shown by the open
circles in the vertical plane). The second component (B), removed between steps
6 and 9, decays to the origin and is directed SE with steep downward inclination.
This final component that decays to the origin is termed the characteristic
remanent magnetization (ChRM).

In Fig. 3.14b the spectra overlap only partially but there are wide windows of
nonoverlap. The resulting Zijderveld diagram easily identifies the two
components, with the straight line segments that identify them merging from one
to the other through a small curve that corresponds to the overlap in the spectra.
In Fig. 3.14c the spectra of the 4 and B components now overlap completely so
that the segments become curves and neither component can be accurately
determined.

The declination (D) of any component represented by a straight line segment
on a Zijderveld diagram is readily determined from the direction of the line in
the horizontal plane imagined to commence from the origin in each case. For
example, the declination of component 4 in Fig. 3.14a is determined by
transposing the line 1-6 so that point 6 is at the origin and then measuring the
angle the line makes with true north. In the vertical plane the angle between the
corresponding line and the horizontal axis (transposed in the same way) is the
apparent inclination (1,), which is related to the true inclination (/) by

tan/ =tan/, {cosS|, 341D

where 3 is the angle between the line in the vertical plane and the common axis
that lies in the horizontal plane. In Fig. 3.14 the common axis is NS, in which
case 3 = D. However, if the common axis is EW (as might be chosen when D is
closer to 90° or 270° than 0° or 180°) then 9 = D-90°.

The principles shown in Fig. 3.14 can be extended to more than two
components with an obvious further degree of complexity depending on the
relative overlap of the spectra of the three or more components. However, if the
blocking temperature spectra overlap, this does not necessarily mean that the
coercivity spectra will overlap in the same way. Therefore the choice of
demagnetization technique can be critical for resolving the different
magnetization components. It is often not clear which of the various
demagnetization methods should be used when treating a set of samples
collected from a rock unit. In general, it has been found that AF demagnetization
is appropriate in the case of igneous rocks and thermal demagnetization in the
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Fig. 3.15. Zijderveld diagrams from AF (left) and thermal (right) demagnetization of a sample of
some Ordovician volcanics. Solid (open) circles are for projections onto the horizontal (vertical)
plane. The corresponding coercivity and blocking temperature spectra are shown at the bottom for
components 4 and B. The arrows indicate the nonoverlapping part of the spectra in each case. After
Perroud (1983).

case of sediments. However, it is always best to experiment initially using at
least two methods to determine which method is the most appropriate. In many
rocks both magnetite and hematite are present and the components derived from
these minerals can easily be detected by thermal demagnetization where only the
magnetization due to hematite survives heating above 580°C, the Curie point of
magnetite.

An example is given in Fig. 3.15 where both AF and thermal demagnetization
are needed to separate out two magnetization components 4 and B in some
Ordovician volcanics (Perroud, 1983). AF demagnetization is only capable of
isolating the high-coercivity component A4, corresponding also to the high
blocking temperature component during thermal demagnetization. The lower
coercivity, lower blocking temperature component B is not isolated by AF
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Fig. 3.16. Difference vector method of analysis for three components 4, B, C with varying overlap
in their coercivity or blocking temperature spectra (left) and corresponding stereoplots of the
difference vector paths (right). After Hoffman and Day (1978), with permission from Elsevier
Science.

demagnetization because of almost complete overlap of its coercivity spectrum
with that of 4. However, the blocking temperature spectrum of B hardly overlaps
with that of 4 and component B is therefore easily isolated during thermal
demagnetization.

Hoffman and Day (1978) propose an alternative method, illustrated in Fig.
3.16, that is simple and effective for analyzing demagnetization data. In this
method the data are displayed stereographically as the vectors that are removed
during successive demagnetization steps, referred to as difference vectors or
subtracted vectors. Figure 3.16 shows the case in which there are three
components 4, B and C, where 4 is the most stable and C is the least stable
component. In Fig. 3.16a, the coercivity or blocking temperature spectra do not
overlap so that the difference vectors are represented by three points on the
stereoplot corresponding to the three components 4, B and C.



124 Paleomagnetism: Continents and Oceans

In Fig. 3.16b there is overlap of 4 with B and B with C but no overlap between
A and C. On the stereoplot the path of the difference vector consists of two great
circles, one from C to B and the other from B to 4. The intersection, or kink,
indicates the direction of the B component.

In Fig. 3.16¢ there is overlap of 4 with B and B with C, with appreciable
overlap of 4 with C as well. The path of the difference vector is now more
complicated with a smearing of the two great circle paths near the direction
corresponding to component B. However, although the Zijderveld diagram
method in this case fails to determine the direction of component B,
extrapolation of the two great circle segments enables the direction of
component B to be estimated.

3.4.3 Principal Component Analysis

Kirschvink (1980) applied the classic multivariate technique of principal
component analysis (PCA) to estimate the directions of lines and planes of best
least-squares fit along the demagnetization paths on a Zijderveld plot. From a set
of successive data points PCA determines the best fitting line, whose precision is
estimated by the maximum angular deviation (MAD). Although there is no
general rule for acceptable values of the MAD value, line fits from PCA that
yield MAD > 15° are often considered ill defined and questionable, whereas
those with MAD < 10° would be considered to be reasonably good. Of particular
importance when dealing with the ChRM is to decide whether the origin should
be included as a data point because the ChRM is determined from the trend of
the data points towards the origin. There are three situations that can be
considered as follows:

(i) force the line to pass through the origin (anchored line fit);

(ii) use the origin as a separate data point (origin line fit);

(iii) do not use the origin at all (free line fit).

For determination of the ChRM either the anchored line fit or origin line fit
would obviously be used, whereas the free line fit would be used for other
components.

Demagnetization planes found with PCA can be used in place of the difference
vector paths of the Hoffman and Day (1978) method shown in Fig. 3.16, thus
avoiding noise amplification caused by vector subtraction. Kirschvink (1980)
gives two methods that can be used for jointly estimating an average remanence
direction from demagnetization lines and planes. Schmidt (1982) introduced a
refinement to the line fitting procedure used by Kirschvink (1980) that has been
termed linearity spectrum analysis (LSA). LSA attempts to overcome the
problem of deciding which points to incorporate in determination of the best
fitting line because a covert bias can be introduced if the criterion for rejecting or
accepting a point at the beginning or end of a line is made too coarse. Kent et al.
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(1983) produced a more elaborate procedure for determining linear and planar
structure in demagnetization data using a sophisticated procedure encapsulated
in a process that they called LINEFIND. A fundamental aspect of the
LINEFIND process is that the statistical model used assigns measurement errors
to each of the remanence vectors. The errors involved in estimating a particular
direction in a multicomponent system are fundamental to PCA, LSA, and
LINEFIND. McFadden and Schmidt (1986) have shown how these errors can be
used in estimating overall mean directions and cones of confidence.

3.4.4 Analysis of Remagnetization Circles

When rocks that contain more than one component of magnetization are
progressively demagnetized, it is usually observed that, during the preferential
demagnetization of one component, the resultant direction of magnetization
moves along a great circle (see Fig. 3.14). In most cases the individual
components can be identified by linear segments on the Zijderveld diagram with
the final linear segment progressing toward the origin giving the ChRM.
However, in some cases, either because of overlap in the stability spectra
(Fig. 3.14c) of two components and/or because the intensity decreases below the
sensitivity of the magnetometer, the ChRM is not obtained. The only available
information regarding the ChRM resides in the great circle. A single great circle
on its own provides insufficient information to estimate the ChRM, but if more
than one great circle is available (e.g., from different specimens) and these great
circles converge, then an estimate of the ChRM may be obtained.

In practice it is possible that some specimens may give an estimate of the
ChRM from the Zijderveld diagram (a direct observation) and some may only
have great circle information. Jones et al. (1975) first formulated a method, but
gave no mathematical details, that combined the information from direct
observations (set points) with those from great circles to give an estimate of the
ChRM that made use of all the available information. Halls (1976) and Bailey
and Halls (1984) presented an alternative method of analysis, but Schmidt
(1985) showed that the method could lead to bias in the estimate of the ChRM
and hence systematic errors. McFadden and McElhinny (1988) formalized the
method proposed by Jones et al. (1975) but introduced the concept of sector
constraints, which assists in eliminating the bias observed by Schmidt (1985).

An example of the application of the great circle analysis of McFadden and
McElhinny (1988) is given in Fig. 3.17. In Fig. 3.17a the effect of applying the
sector constraints becomes obvious. For each of the great circles the motion of
the resultant vector is from the open circles to the closed circles. Without any
sector constraints the solution chosen would be the intersection of the two great
circles. However, this intersection occurs more than 180° along each of the
circles from their starting point and thus cannot be correct. By defining
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(b)

Fig. 3.17. Combined analysis of great circles and direct observations. (a) The effect of sector
constraints. The motion of the resultant vector in each great circle is from the open circles to the
closed circles. The point of intersection of the two circles (indicated by the large open circle) is
more than 180° along each circle from the starting point. Sector constraints in each case are defined
by the asterisks and then give the result indicated by the solid square. (b) Analysis of six great
circles and two set points. 4; no sector constraints used and no set points included. B; sector
constraints used but no set points included. C; sector constraints and set points all included. Solid
circles are the two set points and the open circles are circles of 95% confidence for the results 4, B
and C. From McFadden and McElhinny (1988), with permission from Elsevier Science.

acceptable arcs of the great circles (shown with asterisks) outside of which the
true direction cannot lie, the result indicated by the square is obtained. When
there are set points and great circles the analytical procedure developed by
McFadden and McElhinny (1988) is an iterative one.

Figure 3.17b shows an example from the application of the method to the data
from a site in some red sandstones from the Tarim Block, China (McFadden et
al., 1988b). There are six great circles and two set points. The variation in the
best estimate of the mean direction is shown for three data combinations. Result
A is for the great circles only without any sector constraints, B incorporates the
information provided by the sector constraints but not from set points and the
final result C incorporates the information from sector constraints and the set
points. Details of the statistical formulation and iterative procedure used are
provided in McFadden and McElhinny (1988).
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3.5 Identification of Magnetic Minerals and Grain Sizes

3.5.1 Curie Temperatures

Curie temperatures in rocks should, in principle, provide a simple diagnosis of
the magnetic minerals that are present. Table 2.2 gives the Curie temperatures
for the most common magnetic minerals, and it is immediately apparent that
some of these either have similar values or may overlap with others depending
on the composition. Thermomagnetic curves (or M~T curves) are produced by
heating samples in the presence of a steady magnetic field of suitable strength
and then measuring the resulting magnetization as a function of temperature. The
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Fig. 3.18. Examples of vacuum thermomagnetic (M~T) curves in basalts. (a) Subaerial basalts with
high, moderate but inhomogeneous, and low oxidation states. (b) Deep-sea basalts containing
unoxidized titanomagnetite (reversible curve) and titanomaghemite from low-temperature oxidation
(irreversible curve due to the inversion of titanomaghemite during heating). After Dunlop and
Ozdemir (1997).
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temperature is generally cycled from room temperature to about 700°C and back
again. However, the instruments used for this purpose are often not sensitive
enough or the concentration of magnetic minerals not high enough to yield data
of sufficiently high quality.

To ensure that true Curie temperatures are measured, the thermomagnetic
analysis must be carried out in fields of sufficient strength to saturate minerals
like hematite and goethite. This is virtually impossible using the electromagnets
that are available in a typical paleomagnetic laboratory. Therefore the use of
thermomagnetic curves (Fig. 3.18) is generally restricted to rocks containing
strong magnetic minerals such as magnetite. Curie temperatures are determined
as a matter of course during the normal thermal demagnetization procedures
used on rocks (§3.4.1), but this does not necessarily reveal the Curie temperature
of those minerals (goethite, pyrrhotite, etc.) that are minor constituents and
which revert to other minerals at intermediate temperatures (see §2.2.4).

Figure 3.18 gives examples of some vacuum thermomagnetic curves from
subaerial and deep-sea basalts. Fresh subaerial basalts, when heated in vacuum
(Fig. 3.18a), may exhibit a high Curie point (500-580°C) due to high-
temperature deuteric oxidation, a low Curie point due to homogeneous
titanomagnetite with x = 0.6-0.7 in a low oxidation state, or rarely both Curie
points for moderate but inhomogeneous oxidation states (see §2.2.2). The
thermomagnetic curves are practically reversible. In the case of deep-sea basalts
(Fig. 3.18b), unoxidized basalts have reversible curves due to titanomagnetite,
but basalts containing titanomaghemite due to low-temperature oxidation have
irreversible curves due to the inversion of the titanomaghemite during the
measuring process.

3.5.2 Isothermal Remanent Magnetization

After a rock specimen has been demagnetized, it is common practice to measure
the IRM acquired in increasing steady fields (§2.1.4) as a means of measuring
the intrinsic coercivity spectrum. A plot of this progressive acquisition of IRM is
referred to as an IRM acquisition curve (Fig. 3.19). When saturation (SIRM) is
reached the sample is then exposed to reverse fields of increasing strengths until
the remanence reduces to zero at the coercivity of remanence, B,,. Figure 3.19
shows two examples of IRM curves, one for a hematite-rich and one for a
magnetite-rich basalt sample. The magnetite-rich sample shows a steep rise in
IRM acquisition up to 0.3 T (300 mT) at which point single domain magnetite
grains are all aligned in the field direction. The IRM curve still continues to rise
because of the presence of hematite and at 2 T is near to saturation. For this
sample B, = 61 mT. The hematite-rich sample has no initial sharp rise in IRM
and again is near to saturation at about 2 T, with a value of B, = 615 mT
(10 times that of the magnetite-rich sample).
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Fig. 3.19. IRM acquisition curves for two samples from the Antrim Plateau Volcanics of northern
Australia. (a) Hematite-rich sample; (b) magnetite-rich sample. From McElhinny (1973a).

Dunlop (1972) suggested that the coercivity spectrum be estimated from the
IRM acquisition curve by calculating the fraction of the IRM acquired over
successive equal incremental values of the applied field. Figure 3.20 shows
examples of such coercivity spectra in sediments in which coercivities <0.1 T are
mostly due to magnetite, those between 0.1 and 0.3 T are due to coarse detrital
hematite, and those >0.3 T due to authigenic hematite and goethite. There is
considerable overlap in the coercivity ranges of these phases. Some uses of
coercivity spectrum analysis are given by Lowrie and Heller (1982).

The interpretation of the magnetic mineralogy can be considerably improved
by stepwise thermal demagnetization of the acquired IRM (Heller, 1978). As
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Fig. 3.20. Coercivity spectra determined from IRM acquisition curves for three types of sediment.
The dominant magnetic minerals in the limestone and red sandstone samples are detrital and
pigmentary hematites. Magnetites with coercivities <0.1 T are important in the argillite. After
Dunlop (1972).
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TABLE 3.2
Maximum Coercivities and Unblocking Temperatures for Some Common Magnetic Minerals
Magnetic mineral Max coercivity (T) Max unblocking temp.(°C)
Magnetite 0.3 580
Maghemite 0.3 =350
Titanomagnetite x=0.3 0.2 350
x=0.6 0.1 150
Pyrrhotite 0.5-1 325
Hematite 1.5-5 675
Goethite >5 80-120

shown in Table 3.2, minerals with similar maximum coercivities generally have
different unblocking temperatures. A modification of the method of coercivity
spectral analysis was therefore proposed by Hirt and Lowrie (1988) and further
refined by Lowrie (1990). It appears to work well in sediments and is especially
useful in weakly magnetized limestones.

In this refined method Lowrie (1990) first observed the IRM acquisition up to
the maximum available magnetizing field along the z axis of the sample. A
maximum field of at least 1 T is desirable, but 5 T is preferable (Fig. 3.21)
because the contribution of goethite to IRM is often pronounced above 1.5 T.
Next, a field of 0.4 T is applied perpendicular to the first field along the y axis,
thus remagnetizing the coercivity fraction softer than 0.4 T along the y axis and
leaving the high coercivity minerals magnetized along the z axis. Finally, a field
of 0.12 T is applied normal to each of the other fields along the x axis. The
sample is then thermally demagnetized in field-free space in the usual way (see
§3.4.1).

Two examples of the Lowrie (1990) method are illustrated in Fig. 3.21 for
some Swiss sediments. The method of analysis consists of plotting and
evaluating the thermal decay of each of the three components separately. In the
first case (Fig. 3.21a), the smooth IRM acquisition curve rises steeply at first, but
does not reach saturation even in 5 T. Thermal demagnetization of the soft
(<0.12 T), medium (0.12-0.4 T), and hard (0.4-5 T) fractions shows distinct
unblocking temperatures. The hard and medium coercivity fractions show strong
evidence for the unblocking of pyrrhotite below 330°C and hematite at 640°C,
whereas the soft fraction demagnetizes completely by 330°C. There is no
indication of goethite, maghemite, or magnetite.

In the second example (Fig. 3.21b), the IRM acquisition curve climbs steeply
in low fields but again still does not reach saturation in 5 T. Thermal
demagnetization shows an abrupt drop of the hard fraction at only 80°C,
indicating the presence of a sizeable goethite component. Above 80°C up to
640°C, the hard fraction shows a monotonic decay due to hematite. The soft and
medium coercivity fractions show no significant discontinuities, indicating
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Fig. 3.21. IRM acquisition curves and thermal demagnetization of a three-component IRM
produced by magnetizing the sample in 5 T along the z axis, followed by 0.4 T along the y axis and
then 0.12 T along the x axis for two Swiss limestones. The soft (<0.12 T), medium (0.12-0.4 T),
and hard (0.4-5 T) components are shown during thermal demagnetization. (a) Sample dominated
by pyrrhotite (unblocking at 330°C) and hematite. (b) Sample dominated by magnetite and hematite
with an appreciable fraction of goethite. After Lowrie (1990).

maghemite or pyrrhotite, and demagnetize smoothly to zero at 540°C, indicative
of magnetite. The sample is therefore dominated by magnetite and hematite with
an appreciable fraction of goethite.

3.5.3 The Lowrie-Fuller Test

Lowrie and Fuller (1971) proposed a test that would enable the simple
identification of those igneous rocks that were dominated either by SD grains or
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Fig. 3.22. The Lowrie—Fuller test for SD and MD grains. Hypothetical normalized AF
demagnetization curves for weak-field TRM or ARM and SIRM. For SD grains the TRM (ARM)
curve always lies above the corresponding SIRM curve, whereas for MD grains the TRM (ARM)
curve always lies below the corresponding SIRM curve.

by MD grains of magnetite as carriers of the remanence. This would enable the
rapid selection of those igneous rocks in which SD grains dominated the
remanence. The test is based on the experimental observation that normalized
AF demagnetization curves (see §3.4.1) of weak-field TRM and SIRM have
different relationships for SD and large MD grains of magnetite. In large MD
grains SIRM is more resistant to AF demagnetization than weak-field TRM,
whereas for SD grains the opposite is true (Fig. 3.22). Interestingly, theory
suggests that noninteracting SD assemblages should exhibit Lowrie—Fuller
trends opposite in sense to those obtained experimentally (Schmidt, 1976;
Halgedahl, 1998). A modification to the test (Johnson et al., 1975) uses weak-
field anhysteretic magnetization (ARM) instead of weak-field TRM since they
exhibit similar AF demagnetization characteristics and the sample does not have
to be heated for the test.

As shown in Fig. 3.22, for MD grains the normalized AF demagnetization
curve of ARM (or weak-field TRM) always lies below that of SIRM, whereas
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for SD grains the ARM (or weak-field TRM) curve always lies above that of
SIRM. It appears that PSD grains of magnetite up to around 10-15 um display
the same characteristics as SD grains (Bailey and Dunlop, 1983) so that SD or
PSD grains may be identified in this way. However, in rare situations, such as in
some low-stress hydrothermal magnetites (Heider er al., 1992), the Lowrie—
Fuller test appears to fail. In practice, however, it is still valuable as a grain-size
discriminator for magnetite in igneous rocks whose magnetization is of thermal
origin.

3.5.4 Hysteresis and Magnetic Grain Sizes

The measurement of hysteresis curves or loops for weakly magnetized rocks has
now become quick and reliable through the introduction of automated
instrumentation for this purpose (e.g., Flanders, 1988). When rocks are saturated
through the application of an applied magnetic field during hysteresis (§2.1.4
and Fig. 2.5), the nonmagnetic matrix has a diamagnetic or paramagnetic signal
(§2.1.2 and Fig. 2.2) that is still present above the saturation field. This effect is
corrected for in modern automated instrumentation. The common parameters
that are measured are M, M., B, and B, or the ratios M, /M, and B_/B..

The remanence ratio M, /M, and the coercivity ratio B_/B, have diagnostic
values for SD, PSD, and MD grains (Table 3.3). For a random assemblage of
uniaxial SD grains that have isotropic random orientations of their easy axes
(i.e., they are dominated by shape anisotropy), M /M, = 0.5 (§2.3.4 and
Fig. 2.13). In practice the magnetization of each grain rotates back to the nearest
easy direction on removal of the applied field. When the population of SD grains
is dominated by magnetocrystalline anisotropy ([111] easy axis for magnetite)
M, /M= 0.87. In the case of hematite, if saturation is not reached, then M, /M,
can be as high as 0.95 because M, may still remain pinned in the easy basal
plane. For ideal MD grains M, /M, < 0.1. The coercivity ratio B_/B, for SD
grains cannot be less than 1 and a value of 1.5 is often used as an upper SD limit
(Day et al., 1977), but this is a purely arbitrary value. For ideal MD grains a
value of B /B, > 4 is often used. PSD grains would be expected to have values
intermediate between SD and ideal MD values (Table 3.3).

Following Day et al. (1977) it is now common practice to plot M, /M, versus
B_/B¢. Such a plot for some young (100 ka) basalts and some Jurassic basalts is

TABLE 3.3
Limiting Values for the Remanence Ratio M, /M and Coercivity Ratio B/B for Single-Domain
(SD), Pseudo-Single-Domain (PSD), and Multidomain (MD) Grains

Ratio SD PSD MD

M, /M, 20.5 0.5-0.1 <0.1
B, /B, 1.0-1.5 1.5-4.0 24.0
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Fig. 3.23. M /M versus B /B plot for (a) the young Vulcano Island basalts from the Acolian
Islands, Sicily (from Laj ef al., 1997, with permission from Elsevier Science) and (b) the Jurassic
Lesotho basalts of southern Africa (Kosterov ef al., 1997). The magnetic grain size boundaries are
those listed in Table 3.3.

given in Fig. 3.23. Most grain sizes fall within the PSD grain size range as might
be expected. For sediments these plots have been found useful in distinguishing
between remagnetized and unremagnetized limestones (§2.3.6). Channell and
McCabe (1994) found that the unremagnetized Maiolica limestones from Italy
followed the typical SD-PSD trends on these plots (Fig. 3.24). However, the
remagnetized limestones from both North America and Europe followed an
unusual trend with high SD-PSD values of M, /M, but PSD-MD values of B_/B,
from about 3 to 10. These high values of B_/B, could result from a mixture of SP
and stable SD grains as the scanning electron microscope images of Fig. 2.18
suggest since high values of B /B, are a characteristic of SP as well as MD
grains. The intercept of the trend of the remagnetized limestones at B_/B, = 1 is
M, /M, ~ 0.87 implying that magnetocrystalline anisotropy dominates, as would
be expected for spherical grains. If this is so, then the observed M, /M, values
have been considerably reduced by the addition of SP grains.

The classical hysteresis loops from SD, PSD, and MD grains are frequently
found in rocks. However, rocks rarely contain just one domain state. A sample
containing a mixture of grain sizes of a single magnetic mineral or a mixture of
different magnetic minerals can sometimes give rise to hysteresis loops that are
similar to those of a population of grains of uniform composition and identical
size. Further complication can occur because the loops are frequently distorted,
having constricted middle sections (wasp-waisted loops) or spreading middle
sections and slouching shoulders (potbellied loops). It seems that the
requirement for such distortions is the presence of at least two magnetic
components with strongly contrasting coercivities. Numerical simulation of
hysteresis loops shows that both wasp-waisted and potbellied loops can easily be
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Fig. 3.24. M, /M versus B. /B, plot for unremagnetized Maiolica limestones from Italy and for
remagnetized North American and European limestones. The SD and MD mixture line corresponds
to that determined from synthetic and crushed natural magnetites from Parry (1982). The magnetic
grain size boundaries are those listed in Table 3.3. After Channell and McCabe (1994).

generated from populations of SD and SP grains (Tauxe et al., 1996). Wasp-
waisted loops require a contribution from SP grains that saturate quickly having
a steep initial slope to the hysteresis curve. Potbellied loops require low initial
slopes with the SP contribution approaching saturation at higher fields.

3.5.5 Low-Temperature Measurements

Both magnetite and hematite exhibit transitions in their magnetic properties
when cooled below 0°C. When hematite is cooled through the Morin transition
(=15°C, see §2.2.3), the spin-canted remanence vanishes and only the isotropic
defect moment remains. On reheating in zero magnetic field a fraction (memory)
of the spin-canted remanence is recovered. It is likely that the defect moment
renucleates the spin-canted moment during reheating. Fuller and Kobayashi
(1964) therefore proposed that cycling across the Morin transition is a non-
destructive alternative to thermomagnetic analysis for the detection of hematite.
In magnetite the magnetic properties that depend on magnetocrystalline
anisotropy in MD grains change abruptly around the Verwey transition
temperature (= -150°C, see §2.2.2). The magnetocrystalline anisotropy constant
K, momentarily becomes zero (changing from positive to negative) at the
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isotropic point (~ -135°C) just above the Verwey transition. Therefore cycling
through this transition in zero field is also a useful means of detecting magnetite.
However, the anisotropy of elongated SD grains of magnetite depends only on
shape, so these grains exhibit a low-temperature memory on reheating. Thus,
cycling through the isotropic point of magnetite in zero field can be used as a
means not only of detecting and recovering the remanence of SD grains that
depend on shape anisotropy but also of demagnetizing MD magnetite grains.



Chapter Four

Magnetic Field Reversals

4.1 Evidence for Field Reversal

4.1.1 Background and Definition

Synoptic observation long ago revealed much about the behavior of the
geomagnetic field (§1.1.1). Direct measurements made by a range of different
people, including mariners, have given us a detailed global picture of the modern
geomagnetic field and a good record of how the field has changed over the past
century. The record is reasonable on a larger scale back to about 1840, but
beyond that it fades away (Bloxham and Jackson, 1992). Recently, satellites and
a sophisticated observatory network have provided detailed information on the
very short-term behavior of the field. Reversals, however, are different — there
are no direct observations. Furthermore, the reversal process, despite being
almost instantaneous on the geological time scale, is so slow on the human time
scale that no single human will ever observe this remarkable phenomenon in its
entirety. Thus, with regard to reversals, the evidence relies totally upon the
indirect observations afforded by paleomagnetism. An excellent review of
magnetic field reversals is given by Jacobs (1994).

The mathematical equations governing the geodynamo are notoriously
difficult, so much so that there is as yet no analytical solution for the full set of
equations. However, the symmetry of the field equations demands that for any
solution there is another solution in which the field is everywhere reversed.

137
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(Merrill et al., 1979; see also Cox, 1981). Thus, even without a solution to the
equations, it is evident that there must be another possibility for the geodynamo
in which the field is everywhere reversed relative to today. Furthermore, such a
“reverse” state should have the same statistical properties as today’s “normal”
field. In contrast, it is not immediately evident from the equations whether a
mechanism exists in the Earth to produce a transition from one (quasi-) stable
solution to the other. Certainly there is evidence that such a mechanism exists
elsewhere, since the Sun, for example, has a general magnetic field that appears
to reverse its polarity frequently. Also, the magnetic field of the Milky Way (the
galaxy in which the solar system resides) tends to be perpendicular to the plane
of the galaxy but the sign of this field appears to vary on a large regional scale,
suggesting reversals of that field.

The now incontrovertible documentation that the Earth’s magnetic field has
reversed its polarity many hundreds of times in the past must be recognized as
one of the great triumphs of paleomagnetism. Glen (1982) gives an excellent
history of the development of this field of endeavor and Opdyke and Channell
(1996) provide an outstanding technical review of magnetic stratigraphy.
Knowledge of reversals and of their ages has been used in diverse applications,
such as the dating of beach ridges (Idnurm and Cook, 1980),
paleoanthropological sites (McFadden et al., 1979), vertebrate fossil sites
(MacFadden et al., 1987; Whitelaw, 1991a,b, 1992), and the onset of aridity and
dune building (Cheng and Barton, 1991). The knowledge has also been used to
gain an improved understanding of the dynamo process and its boundary
conditions (Laj er al., 1991; McFadden and Merrill, 1984, 1997; Courtillot and
Besse, 1987; Hoffman, 1992a, 1996; see also Merrill et al., 1996). The
Geomagnetic Polarity Time Scale (GPTS) has become a central tool in the
construction of Late Cretaceous—Cenozoic geological time scales and facilitates
correlation between other measures of geologic time, such as isotope
stratigraphy and biostratigraphy.

The field at the surface of the Earth is dominated by a geocentric axial dipole
field (the g term in a spherical harmonic analysis; §1.2.3) so an apparently
acceptable definition of a field reversal is that a reversal occurs when the
geocentric axial dipole field changes its polarity. This might be an acceptable
definition from a geomagnetic perspective given that it is possible to obtain
many simultaneous observations and perform a spherical harmonic analysis to
determine the value and sign of g{) . However, a paleomagnetic observation at
one locality from rocks of a given age with field direction approximately
opposite to the known mean field of that age is not sufficient evidence for a
reversal of the axial dipole. This is because the nondipole field can produce large
local deviations of the field, even to the extent of appearing locally to be a
reversal. For example, the International Geomagnetic Reference Field for 1995
shows that the magnetic declination can be as much as —40° at a latitude of 40°S
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and there are locations at high latitudes where the declination can be 180°.
Therefore, it is necessary to obtain effectively simultaneous observations of
inverted field directions well distributed over the Earth’s surface before it can be
concluded that the axial dipole field has reversed. The change in sign of the field
must also exhibit some stability before it can be considered to be a reversal. A
reversal of the Earth’s magnetic field is thus usefully defined as a globally
observed 180° change in the axial dipole field averaged over a few thousand
years.

4.1.2 Self-Reversal in Rocks

The earliest observations of lava-flow magnetic directions roughly opposed to
that of the present Earth’s magnetic field were obtained by David (1904) and
Brunhes (1906). Using the magnetic directions from more than 100 Japanese and
Manchurian lava flows, Matuyama (1929) produced the first (crude) reversal
chronology. However, these studies did not by themselves provide convincing
evidence for reversals of the geomagnetic field. Because the evidence relied
totally on the indirect paleomagnetic observation, it was necessary to prove that
the magnetization was a valid record of an inverted Earth’s magnetic field and
not a false record created by some self-reversal mechanism in the rock. Indeed,
Néel (1955) produced theoretical models for self-reversal, highlighting the need
for convincing evidence of genuine reversal of the field. Since then other
possible self-reversing mechanisms have been proposed by several authors (e.g.,
Verhoogen, 1956; Uyeda, 1958; Ishikawa and Syono, 1963; O’Reilly and
Banerjee, 1966; Hoffman, 1975, 1992b; Tucker and O’Reilly, 1980; McClelland
and Goss, 1993), and Dunlop and Ozdemir (1997) have recently provided an
excellent detailed review.

All current models for self-reversal share a conceptual framework that requires
at Jeast two magnetic phases in the rock. One phase becomes magnetized first,
parallel to the external magnetic field, and then through some interaction of the
first phase with the second, the second phase subsequently becomes magnetized
antiparallel to the first. This occurs either because there is a negative exchange
interaction acting between the two phases or simply because the magnetic field
of the first phase swamps that of the external magnetic field (magnetostatic
interaction). An example of the latter is illustrated in the model of Fig. 4.1 for a
thermoremanent self-reversal. In this model the field of interest is that inside the
material so the magnetic field H is used rather than the magnetic induction B
(see §2.1.1). Phase A has the higher Curie temperature so on cooling it becomes
magnetized parallel to the external field H while phase B is still above its Curie
temperature. On further cooling, phase B becomes magnetized in the total field
H+H,, (Fig. 4.1a), where H, is the magnetic field due to phase 4. In this model
H, within phase B is opposite to the external field H. If {H,| > |H| then phase B
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(a) lﬂ (b) iﬂ

N(Z= |+ bt
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l}l lH
Fig. 4.1. Model for a self-reversal mechanism in rocks with two magnetic phases 4 and B. 4 has the
higher Curie temperature but B has the higher room temperature value of saturation magnetization
(M)). (a) On cooling, 4 becomes magnetized first in a direction parallel to the external field H, and
on further cooling phase B becomes magnetized in the total field H+H,, where H, is the field in
phase B caused by the magnetization of 4 and is antiparallel to H. The relative magnitudes of H and
H,, then determine the direction of the total field in which B becomes magnetized. (b) If H , is larger

than H then phase B will acquire a magnetization antiparallel to H on further cooling. Because B
has the higher room temperature M,, the sample will then have a self-reversed magnetization.

will be magnetized opposite to H, and if at room temperature the total
magnetization of B exceeds that of A then the sample will have self-reversed
(Fig. 4.1b). After formation of the rock, one of the phases may be altered by
chemical changes (e.g., oxidation) in such a way that the self-reversal may not
be detected in a subsequent laboratory experiment.

Unfortunately, self-reversal is not restricted to the realm of theory, for Nagata
(1952), Nagata et al. (1957), and Uyeda (1958) demonstrated self-reversal in
samples from the Haruna dacite, a hyperthermic dacite pumice. One of the
minerals in this dacite, a titanohematite containing roughly 50 mole percent
ilmenite and hematite, is experimentally the best understood and most studied
self-reversal mineral (e.g. Uyeda, 1958; Ishikawa and Syono, 1963; Hoffman,
1975, 1992b). The self-reversal mechanism is complicated, involving Fe-Ti
ordering and possibly exsolution. However, the essence of the mechanism is that
a negative exchange interaction occurs between a weakly magnetic phase that
has a high Curie temperature and a much stronger magnetic phase with a lower
Curie temperature.

McClelland and Goss (1993) and Merrill and McFadden (1994) suggest that it
is also possible for self-reversal to occur in sediments if two anticoupled phases
coexist during chemical alteration. For example, McClelland and Goss show that
under some circumstances the conversion of maghemite to hematite would result
in self-reversal. Documentation of this phenomenon is effectively impossible
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because a sediment self-reversal that occurred at ambient temperatures would
typically take so long that it could not be reproduced in a laboratory experiment.

The very existence of self-reversing minerals/rocks demanded convincing field
tests before there could be acceptance that the Earth’s magnetic field had
actually reversed. Many instances of such tests exist (§4.1.3) and provide strong
evidence in favor of field reversal. Fortunately, thermoremanent self-reversal is
rare and sediment self-reversal is probably even more rare. Furthermore, great
care is taken in documenting a reversal and there is overwhelming evidence
(84.1.3) that the vast majority of reverse magnetizations observed in rocks arise
from changes in the polarity of the Earth’s magnetic field. Thus, it is extremely
unlikely that self-reversal could have caused any errors in the commonly used
reversal chronologies.

Because of the strong evidence in favor of field reversal, it was somewhat
surprising that an apparent correlation between oxidation state and polarity was
purported to have been found in the late 1960s (Wilson and Watkins, 1967; see
also Smith, 1970b). Although sometimes still referred to, this apparent
correlation has been shown to be due to a data artifact (Merrill, 1985).

4.1.3 Evidence for Field Reversal

Three field tests provide compelling evidence with regard to reversals. If the

Earth’s magnetic field has indeed undergone reversals, then:

(i) studies of baked contacts adjacent to intrusive igneous rocks or underlying
lava flows should show agreement in the polarity of the magnetization of
the igneous rock and the baked rock;

(i) rocks worldwide in which the magnetization was acquired simultaneously
should exhibit a common polarity; and

(iii) there should be rock sequences that show the polarity of the magnetic field
changing continuously from one state to the other.

The first two tests rely on observations in different rock types (and therefore

with different magnetic mineralogy) of magnetizations acquired simultaneously.

This makes it difficult for the rare circumstance of self-reversal to compromise a

conclusion that the Earth’s magnetic field has indeed reversed.

The evidence from the studies of baked contacts was first compiled by Wilson
(1962b). This was later updated by Irving (1964) and then by McElhinny
(1973a). The successive increase, up until 1973, in the overwhelming evidence
showing the correspondence in polarity between the baked and baking rocks is
given in Table 4.1. Conventionally, magnetizations in the same sense as the
present magnetic field are termed normal (N) and those in the opposite sense are
termed reverse (R). Directions intermediate between these (defined by the virtual
geomagnetic pole being further than 45° from the axis of rotation) are termed
intermediate (I). Comparisons of polarities for the case of reverse magnetizations
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TABLE 4.1
Comparison of Polarities Observed in Igneous Rocks and Their Baked Contacts”
Number of observations
Igneous Baked contact Wilson (1962b) Irving (1964) McElhinny (1973a)
N N 14 34 47
R R 34 49 104
I 1 1 2 3
N R 3 3 3
R N 0 0 0

“N, normal; R, reverse; I, intermediate.

were of course central to confirmation of the reality of the field reversals and this
is seen by the much greater emphasis given to this situation in Table 4.1. The
three cases of disagreement reported in the table refer to measurements made
before the advent of magnetic cleaning techniques in paleomagnetic studies and
are probably in error. Today the hypothesis of field reversal is so well accepted
that baked contact studies are now used not so much as a check on the reality of
field reversals but as a check on the age of the magnetization of igneous rocks
(see §3.3.4). This is especially true in studies of old Precambrian rocks in which
the importance of evidence relating to the age of the magnetization being
measured is paramount.

Wilson (1962a) undertook a study into the magnetic record in a doubly-baked
rock that was particularly convincing in the field-reversal versus self reversal
debate. The situation is illustrated in Fig. 4.2. A lava flow, reversely magnetized,
had heated an underlying laterite. The baked zone of the laterite had a direction
of magnetization the same as that of the lava — reverse. Subsequently, both lava
and baked laterite were intruded by a dike whose magnetization was also reverse

Lava flow

A AAAAA AN

Baked laterite

\Wl Il
A

k Zone reheated

by dike

1

Fig. 4.2. Evidence for field reversal from the magnetic record in a doubly baked rock. A lava flow
originally heated the laterite horizon. Subsequently a dike intruded both, reheating both lava flow
and laterite in its adjacent region. In this region the laterite was thus first reheated by the lava and
then reheated a second time by the dike. From Merrill and McElhinny (1983).



Magnetic Field Reversals 143

but whose direction differed by about 25° from that of the lava and baked
laterite. A study of the zone of second heating of the laterite caused by the dike
showed a gradual change from the dike direction, adjacent to the dike, to the lava
direction at a distance where the second heating had produced no effect. Thus, in
the same region both superimposed magnetizations were of reverse polarity. It is
difficult to explain this observation by any reasonable mechanism other than that
the Earth’s magnetic field had changed polarity and was reverse during both
heating episodes.

4.2 The Geomagnetic Polarity Time Scale

4.2.1 Polarity Dating of Lava Flows 0-6 Ma

Mercanton (1926) first realized that if rocks containing reverse magnetizations
were due to reversals of the Earth’s magnetic field, then this should be registered
in rocks worldwide and so he obtained samples from Spitsbergen, Greenland,
Iceland, the Faroe Islands, Mull, Jan Mayen Land and Australia as a test. He
found that some were magnetized in the same sense as the present Earth’s field
and others were roughly reversed from it. Matuyama (1929) observed similar
effects in lavas covering the past 2 million years from Japan and Manchuria. He
noticed that the reverse lavas were always older than the lavas magnetized in the
same sense as the present field, which was the first suggestion of a time sequence
associated with reversely magnetized rocks. Based on observations of volcanic
rocks from the Chaine des Puys in France, Roche (1951, 1956) concluded that
the most recent reversal of the Earth’s magnetic field took place in the middle of
the Early Pleistocene. Similar observations were made by Hospers (1953, 1954)
in lava sequences in Iceland, by Opdyke and Runcorn (1956) in rocks from the
United States, and by Khramov (1955, 1957, 1958) in sedimentary sequences in
western Turkmenia. These observations suggested that an ordered sequence of
polarity inversions might exist in the geological record. This conclusion was
further emphasized by the evidence that almost all rocks of Permian age are
reversely magnetized (Irving and Parry, 1963).

In the above studies the assessment of the ages of magnetizations relied on the
relatively imprecise methods used for dating rocks on the basis of fossil
occurrences. It was only in the early 1960s that developments (by Evernden,
McDougall and Dalrymple) in the K—Ar isotopic dating method enabled the
dating of quite young volcanic rocks with some precision. Rutten (1959) was the
first to use K—Ar dating to assess the age of magnetic polarities. He concluded
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that the present normal polarity had existed since at least 0.47 million years ago
and that an earlier period of normal polarity existed about 2.4 million years ago.

In an attempt to define a polarity time scale, systematic studies using joint
magnetic polarity and K—Ar age determinations on young lava flows were
undertaken in both the United States and Australia. The first time scale put
forward by Cox et al. (1963a) appeared to be consistent with a periodicity of
magnetic reversals at about 1 million year intervals. However, as new data
appeared in the literature (Cox et al., 1963b, 1964a; McDougall and Tarling,
1963, 1964) it rapidly became apparent that there was no simple periodicity; the
lengths of successive polarity intervals varied haphazardly, some being long (~1
Myr) and others short (~0.1 Myr). Cox et al. (1964b) proposed that within
intervals of predominantly one polarity lasting of the order of 1 Myr, there were
short intervals of opposite polarity of the order of 0.1 Myr. The longer intervals
were termed magnetic polarity epochs and the shorter intervals were called
events. The epochs were named after pioneering scientists in geomagnetism
(Brunhes, Matuyama, Gauss, and Gilbert) whereas the events were labeled from
the location of their discovery (e.g., Jaramillo, Olduvai, Kaena, and Sidufjall).
The terms chron and subchron have subsequently been officially adopted to
replace the terms epochs and events (see Table 4.3). However, the terms “epoch”
and “event” are still used but with somewhat different meaning. For example,
the term reversal event is often used to describe the phenomenon of two
reversals that occur close to each other in time, whereas the term subchron refers
to the time interval of the stratigraphic record of an event (see §4.3.1).

A few of the earliest compilations, covering the years 1959-1966, of the GPTS
for the past 4 million years are shown in Fig. 4.3. These early studies combined
conventional K-Ar dating with measurements of magnetic polarity from widely
spaced localities worldwide; they were not carried out on continuous sequences
so the ordering relies on the accuracy of the K-Ar dates. In general, the
evolution of this time scale has been marked by the inclusion of an increasing
number of reversals. Glen (1982), in an excellent history of this evolution, notes
that the classic work by Khramov (1955, 1957, 1958) on sedimentary sequences
in what is now western Turkmenistan clearly influenced the early igneous rock
work on polarity time scales of Cox, Doell, and Dalrymple in the United States
and of McDougall and Tarling in Australia in the early 1960s.

The development of high-precision “’Ar/*Ar dating techniques has shown that
many of the ages determined by the conventional K—Ar method were too young,
so those ages have had to be corrected. Furthermore, as increasingly more
measurements have been made, questions have arisen regarding the
identification of some of the short subchrons. The problem that arises with some
of these is to decide whether they represent true reversals or some other
geomagnetic field behavior such as changes in intensity.
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Fig. 4.3. Early evolution of the geomagnetic polarity time scale 1959-1966. Black represents
normal polarity, white represents reverse polarity, and gray indicates uncertain polarity. Abstracted
with permission from Cox (1969). © American Association for the Advancement of Science.

;

Figure 4.4 shows the present state of the GPTS for the past 6 Myr following
Cande and Kent (1995). This represents the time interval during which all the
polarity chrons and subchrons have been named. Cande and Kent (1995) also
identified various cryptochrons (see Table 4.3), which may be due to
geomagnetic behavior such as geomagnetic intensity changes that occur at 0.49,
1.20, (Cobb Mountain) and 2.42 Ma.

Although natural with the evolution of the GPTS, the development of the
terminology of polarity chrons (such as the reverse Matuyama chron) containing
polarity subchrons (such as the normal Jaramillo, Olduvai, and Réunion
subchrons) was perhaps unfortunate. The problem is that the nomenclature
suggests a reasonable interval of time (the chron) during which the polarity was
biased toward one value while containing short, aberrant intervals (subchrons) of
the opposite polarity. This concept of polarity bias persists in the literature today
(e.g., Johnson et al., 1995; Algeo, 1996). As discussed in §4.5.4, the individual
normal and reverse intervals (whether they be intervals of the chron polarity or
subchrons of the opposite polarity) are equivalent, independent intervals drawn
from a random process.
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Fig. 4.4. Geomagnetic polarity time scale for the past 6 Myr based mainly on *Ar/*Ar and
paleomagnetic data on igneous rocks. Black represents normal polarity, and white represents reverse
polarity. From Merrill ez al. (1996).

4.2.2 Geochronometry of Ocean Sediment Cores

Volcanic activity is intermittent so the study of lava successions does not
produce a continuous sequence of polarity information. In contrast, continuous
sequences can be obtained using ocean-bottom cores from deep-sea sediments,
providing an independent method of determining the polarity time scale. The
cores are not usually oriented but they are taken nearly vertically into the ocean
bottom so that changes in sign of the magnetic inclination measured in the cores
or changes of 180° in declination can easily be identified as records of polarity
change. Deposition rates are relatively low in oceanic sediments, typically being
in the range 1-10 mm per 1000 years. This means that the Matuyama—-Brunhes
boundary at 0.78 Ma will typically be found at a depth of between 0.78 and
7.8 m and the Gilbert-Gauss boundary at 3.58 Ma will typically be found at a
depth of between 3.58 and 35.8 m. This slow sedimentation rate smooths the
magnetic signal but does allow one to go further back in time for a given length
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of core. Oceanic sedimentation rates elsewhere (e.g., continental margins) can be
much higher and provide a more detailed record of magnetic changes but over a
shorter interval of time.

The earliest investigations of marine sediment cores rapidly confirmed the
reality of the land-based polarity time scale (Ninkovich et al., 1966; Opdyke and
Glass, 1969). Two examples from the North Pacific are given in Fig. 4.5, with
the sedimentation rates differing by about 50%. In both cases there is positive
(downward pointing) inclination (normal polarity) in the upper part of the core
corresponding to the Brunhes chron. An abrupt change to negative (upward
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Fig. 4.5. Variation of magnetic inclination with depth in two deep-sea sediment cores from the
North Pacific. (Left) V20-107, (right) V20-108. On the right of each log, the black strip indicates
normal polarity, and the white strip indicates reverse polarity. From Ninkovich et al. (1966),
reprinted with permission from Elsevier Science.
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pointing) inclination (reverse polarity) occurs some distance down each core,
corresponding to the Matuyama—Brunhes boundary. Further down each core
there is a brief return to normal polarity corresponding to the Jaramillo subchron,
and so on. The correlation of the polarity changes down the cores with the GPTS
enables various horizons to be dated precisely so that the rate of sedimentation
can be determined. This enables the lengths of the various polarity chrons and
subchrons to be determined with some precision.
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Fig. 4.6. Magnetic stratigraphy in a long (24-m) deep-sea sediment core (Conrad 12-65) from the
equatorial Pacific. Changes in declination with respect to a scribe mark on the core are plotted
against depth. The black (normal) and white (reverse) bar diagram on the left is a proposed
extension of the GPTS. From Foster and Opdyke (1970).
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4.2.3 Extending the GPTS to 160 Ma

Early on it was recognized that the GPTS could not be extended beyond a few
million years using only absolute dating methods without an independent means
of ordering the older reversals. Beyond about 5 Ma the dating errors in the
methods of §4.2.1 would become too large to delineate reversals and order them
correctly. A 3% error in radiometric dating of a lava flow with age near 10 Ma
would misplace it by more than the mean polarity interval for the past few
million years. Therefore, it becomes impossible to date a lava flow accurately
enough to conclude that it erupted in the same polarity chron as another lava
flow in a different locality. However, in continuously deposited sediments the
ordering is automatically retained and so studies of long deep-sea sediment cores
enabled the polarity sequence to be determined back to about 10 Ma, as
illustrated in Fig. 4.6. Foster and Opdyke (1970) examined two cores from the
equatorial Pacific that were 24 and 28 m in length. For these cores it was more
reliable to measure changes in declination because the magnetic inclination is
near zero in the equatorial region. The results from the 24-m Conrad 12-65 core,
shown in Fig. 4.6, were the first reported measurements of magnetic changes
extending down through 11 polarity chrons. McDougall et al. (1976a,b, 1977)
showed that by studying long sequences of lava flows it was also possible to
extend the GPTS beyond 5 Ma using radiometric dating of lava flows on land.

The most valuable extension to the GPTS has, however, come from sea-floor
magnetic anomalies (see chapter 5). Vine and Matthews (1963) proposed that the
lineated magnetic anomalies observed on either side of oceanic ridges were a
consequence of sea-floor spreading (as put forward by Hess, 1962) and the
alternating polarity of the geomagnetic field. This was essentially confirmed by
Vine and Wilson (1965). Subsequently, Vine (1966) and Pitman and Heirtzler
(1966) extended the magnetic reversal pattern back to 10 Ma. This extended
pattern was dated by assuming an age for the base of the Gauss chron and by
assuming a constant spreading rate.

The beauty of the sea-floor spreading pattern is that the ordering of the
reversal pattern is automatically maintained. It rapidly became apparent that the
sea-floor magnetic anomalies, extending for thousands of kilometres on either
side of the ridge crests of the South Atlantic, South Pacific, and North Pacific
oceans, were in principle correlatable back to the age of the oldest sea floor.
Heirtzler et al. (1968) examined anomaly patterns from all the oceans in an
attempt to construct a GPTS. In order to resolve several problems they took the
bold step of assuming, on the basis of the evidence before them, that the South
Atlantic ocean had spread at an almost continuous rate since the Late
Cretaceous. They produced a GPTS for the Late Cretaceous and for the whole of
the Cenozoic and put the age of the K/T boundary at 60 Ma. Since then, there
have been several geomagnetic polarity time scales published, most using the
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Heirtzler et al. (1968) interpretation of the anomaly sequences (LaBrecque et al.,
1977; Berggren et al., 1985a,b; Harland er al., 1982, 1990) but with some
important modifications for some of the anomalies by, for example, Blakely
(1974), Klitgord et al., (1975), and Cande and Kristoffersen (1977). Ages within
these time scales are generally determined by interpolation between several
absolute age calibration points.

The Harland et al. (1982) chronology of reversals for the past 170 Myr
combined data from lavas, deep-sea sediments, and marine magnetic anomalies.
However, this chronology did not incorporate the more recent changes based on
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Fig. 4.7. Detail of the Cande and Kent (1995) time scale for the past 18 Myr. This time scale
includes only those subchrons that are recorded both in marine magnetic anomaly records and in
magnetostratigraphic sections.
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YArAr dating. Kent and Gradstein (1986) presented a geomagnetic and
geologic time scale for the past 160 Myr based on the integration of marine
magnetic anomaly data with biostratigraphic, magnetostratigraphic, and
radiometric data.

Despite having a rather slow rate of spreading, the South Atlantic has not
suffered major plate reorganization and both flanks of the ridge crest are well
preserved. Thus, in the first major analysis of magnetic anomaly profiles from
the world’s ocean basins since that of Heirtzler ef al. (1968), Cande and Kent
(1992a) concluded that the South Atlantic magnetic anomalies remained the
most appropriate as the basis for a GPTS. However, their revised GPTS for the
Late Cretaceous and Cenozoic had significant changes from the earlier time
scales. This time scale was later refined by Cande and Kent (1995), who still
used the South Atlantic as a reference ocean but assumed that its spreading rate
had smooth variations, which they approximated by splining between calibration
points. Additionally, the Cande and Kent (1995) time scale (Table 4.2) adopted
astrochronological estimates for the ages of the Plio—Pleistocene reversals. Only
those subchrons that are recorded both in marine magnetic anomaly records (see
Chapter 5) and in magnetostratigraphic section (see §4.3) are included in the
Cande and Kent (1995) time scale. Because of the relatively rapid reversal rate,
Fig. 4.7 shows details of this time scale back to 18 Ma.

In general, the GPTS for the past 10 or 20 Myr has stabilized significantly,
with minor improvements continuing to occur. For example, the time scales of
Baksi (1993) for the past 18 Myr and of Cande and Kent (1995) differ only in
minor detail. However, there are two issues of possibie contention; calibration
points and assumptions about the South Atlantic spreading rate (§5.3.1). Wei
(1995) disputed five of the nine calibration points used by Cande and Kent
(1992a, 1995) and used other calibrations instead. This has led to a time scale
that differs significantly from the Cande and Kent time scales, with the greatest
differences being in the Miocene, as may be seen in Table 4.2.

In Fig. 4.8 the Late Jurassic and Early Cretaceous part of the of Kent and
Gradstein (1986) reversal chronology has been combined with the Cande and
Kent (1995) chronology to give a complete reversal time scale for the past
160 Myr. The presence of two suggested zones of mixed polarity between 100
and 107 Ma (Gradstein ef al., 1994) has been omitted, since these are not seen in
marine magnetic anomalies, and their existence in magnetostratigraphic data can
be disputed (Opdyke and Channell, 1996). Extending the time scale to ages older
than 160 Ma where the marine magnetic anomaly record ends relies on the
integration of magnetostratigraphic sections sampled around the world. This is
discussed further in §4.3.
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Table 4.2
Late Cretaceous—Cenozoic Normal Polarity Intervals (Ma) in Recent Time Scales
Chron C & K° (1995) Wei (1995) Chron C & K* (1995) Wei (1995)
Cln 0.000-0.780 0.000-0.780 | C6Aar.2n 22.459-22.493  23.284-23.312
Clr.ln 0.990-1.070 0.990-1.070 | C6Bn.1n 22.588-22.750  23.392-23.527
C2n 1.770-1.950 1.770-1.950 | C6Bn.2n 22.804-23.069  23.572-23.794
C2r.1n 2.140-2.150 2.140-2.150 {C6Cn.In 23.353-23.535  24.031-24.183
C2An.1n 2.581-3.040 2.580-3.040 [C6Cn.2n 23.677-23.800  24.302-24.405
C2An.2n 3.110-3.220 3.110-3.220 jC6Cn.3n 23.999-24.118  24.573-24.673
C2An.3n 3.330-3.580 3.330-3.580 [C7n.ln 24.730-24.781  25.191-25.235
C3n.ln 4.180-4.290 4.180-4.290 | C7n.2n 24.835-25.183  25.281-25.579
C3n.2n 4.480-4.620 4.480-4.620 | C7An 25.496-25.648  25.850-25.982
C3n.3n 4.800-4.890 4.800-4.890 | CS8n.ln 25.823-25.951  26.136-26.247
C3n.4n 4.980-5.230 4.980-5.230 | C8n.2n 25.992-26.554  26.284-26.784
C3An.1n 5.894-6.137 5.829-6.051 CYn 27.027-27.972  27.214-28.100
C3An.2n 6.269-6.567 6.173-6.450 | Cl0n.1n 28.283-28.512  28.400-28.625
C3Bn 6.935-7.091 6.795-6.943  [C10n.2n 28.578-28.745  28.690-28.854
C3Br.in 7.135-7.170 6.986-7.019 [Clin.ln 29.401-29.662  29.514-29.779
C3Br.2n 7.341-7.375 7.183-7.216 [Clln.2n 29.765-30.098  29.886-30.228
C4n.1n 7.432-7.562 7.271-7.398 [(Cl2n 30.479-30.939  30.633-31.103"
C4n.2n 7.650-8.072 7.483-7902 |Cl3n 33.058-33.545  33.313-33.812
Car.1n 8.225-8.257 8.055-8.088 {Cl15n 34.655-34.940  34.922-35.200
C4An 8.699-9.025 8.543-8.887 [Clén.ln 35.343-35.526  35.586-35.760
C4Ar.1n 9.230-9.308 9.106-9.191 C16n.2n 35.685-36.341  35.909-36.518
C4Ar.2n 9.580-9.642 9.490-9.560 |Cl7n.1n 36.618-37.473  36.771-37.543
Cs5n.ln 9.740-9.880 9.670-9.827 |[Cl17n.2n 37.604-37.848  37.660-37.877
C5n.2n 9.920-10.949 9.874-11.089 |Cl17n.3n 37.920-38.113  37.941-38.112
Csr.ln 11.052-11.099 11.214-11.273 | Cl18n.In 38.426-39.552  38.389-39.382
C5r.2n 11.476-11.531 11.738-11.806 [C18n.2n 39.631-40.130  39.451-39.892
C5An.1n 11.935-12.078 12.314-12.495 |C19n 41.257-41.521  40.898-41.135
C5An.2n 12.184-12.401 12.628-12.904 {C20n 42.536-43.789  42.064-43.245
C5Ar.In 12.678-12.708 13.256-13.294 [ C2In 46.264-47906 45.731-47.511
C5Ar.2n 12.775-12.819 13.379-13.436 |C22n 49.037-49.714  48.778-49.540
C5Aan 12.991-13.139 13.654-13.813 |C23n.1n 50.778-50.946  50.734-50.921
C5Abn 13.302-13.510 14.050-14.312 | C23n.2n 51.047-51.743  51.034-51.802
CS5can 13.703-14.076 14.555-15.021 |C24n.1n 52.364-52.663  52.478-52.800
C5and 14.178-14.612 15.147-15.677 | C24n.2n 52.757-52.801  52.897-52.947
C5Bn.1n 14.800-14.888 15.901-16.007 |C24n.3n 52.903-53.347  53.057-53.527
C5Bn.2n 15.034-15.155 16.178-16.320 | C25n 55.904-56.391  56.113-56.584
C5Cn.In 16.014-16.293 17.289-17.592 [C26n 57.554-57911  57.691-58.027
C5Cn.2n 16.327-16.488 17.628-17.800 |C27n 60.920-61.276  60.850-61.188
C5Cn.3n 16.556-16.726 17.872-18.051 |C28n 62.499-63.634  62.359-63.479
C5Dn 17.277-17.615 18.617-18.955 [C29n 63.976-64.745  63.821-64.613
C5En 18.281-18.781 19.603-20.074 {C30n 65.578-67.610
Cén 19.048-20.131 20.321-21.295 | C3In 67.735-68.737
C6An.1n 20.518-20.725 21.633-21.814 [ C32n.1n 71.071-71.338
C6An.2n 20.996-21.320 22.047-22.324 [ C32n.2n 71.587-73.004
Cé6Aan 21.768-21.859 22.703-22.780 | C32r.1n 73.291-73.374
CéAar.1n 22.151-22.248 23.025-23.107 |C33n 73.619-79.075
C34n 83.000-

“Cande and Kent (1995). *A typographic error in Wei (1995) has been corrected.
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4.3 Magnetostratigraphy

4.3.1 Terminology in Magnetostratigraphy

Hospers (1955) appears to have been the first to suggest the use of reversals as a
means of stratigraphic correlation and Khramov (1955, 1957) undertook the first
application. In his book Khramov (1958, English translation 1960) suggested the
possibility of a strict worldwide correlation of volcanic and sedimentary rocks
and the creation of a single geochronological paleomagnetic time scale valid for
the whole Earth.

The application of the well-known principles of stratigraphy to the observed
reversal sequences or magnetic properties of the strata in sedimentary records is
referred to as magnetostratigraphy or magnetic stratigraphy (see review by
Opdyke and Channell, 1996). Here the interest is specifically in the magnetic
polarity and the term magnetostratigraphy is used to refer to the stratigraphy of
observed reversal sequences. The terminology has been formalized by the IUGS
Sub-Commission on the Magnetic Polarity Time Scale (Anonymous, 1979). The
basic unit in magnetostratigraphy is the magnetostratigraphic polarity zone,
which may be referred to simply as a magnetozone. Polarity zones may consist
of strata with a single polarity throughout, they may be composed of an intricate
alternation of normal and reverse units, or they may be dominantly either normal
or reverse magnetozones containing minor subdivisions of the opposite polarity.
Because of changes in sedimentation rate, polarity zones of the same thickness
may not represent intervals of the same time, so the term polarity chron is used
to represent a time interval. The recommended hierarchy in magnetostratigraphic
units and polarity chron (time) units is given in Table 4.3 following Opdyke and
Channell (1996).

Unlike most branches of stratigraphy, the chronologic system in use in
magnetostratigraphy was established as it was being developed. Type sections

TABLE 4.3
Hierarchy in Magnetostratigraphic Units and Polarity Chron (Time) Units as Recommended by the
IUGS Sub-Commission on the Magnetic Polarity Time Scale?

Magnetostratigraphic ~ Geochronologic Chronostratigraphic Approximate duration
polarity units (time) equivalent equivalent (years)
Polarity megazone Megachron Megachronozone 10%-10°
Polarity superzone Superchron Superchronozone 107-10%
Polarity zone Chron Chronozone 108-107
Polarity subzone Subchron Subchronozone 10°-10°
Polarity microzone Microchron Microchronozone <10*
Polarity cryptozone Cryptochron Cryptochronozone Existence uncertain

2After Opdyke and Channell (1996).
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were never established for the Brunhes, Matuyama, Gauss, and Gilbert chrons
during the original development of the GPTS through polarity determinations on
dated lava flows (§4.2.1). However, type localities are known for many
subchrons, such as the Jaramillo Creek in New Mexico for the Jaramillo
subchron. Because of the historical development of the subject, the four named
chrons are used for the Pliocene and Pleistocene, with the remainder of the time
scale, as shown in Fig. 4.8, being subdivided into polarity chrons designated by
numbers correlated to marine magnetic anomalies (see §5.3.2 for an explanation
of the nomenclature). The geomagnetic polarity history as preserved in the sea
floor has become the template (a sort of type section) for the GPTS for the past
160 Myr. Thus the designation of type sections, in the classical stratigraphic
sense, for the geomagnetic polarity pattern since 160 Ma is unnecessary (Opdyke
and Channell, 1996). On the other hand, type sections for magnetobiochronology
(the correlation of the biological record with the magnetic polarity sequence)
might be desirable. For example, Opdyke and Channell suggest that a potential
type section for the Paleogene might be the Contessa section at Gubbio in Italy
studied by Lowrie ef al. (1982).

4.3.2 Methods in Magnetostratigraphy

For times older than the present sea-floor record, the use of type sections for
geomagnetic polarity history is the only way in which the record of polarity
changes can be established. The establishment of polarity sequences must then
be carried out using classical stratigraphic principles involving type sections.
Opdyke and Channell (1996) point out that a good example of a viable
magnetostratigraphic type section is that recording the Kiaman Superchron (see
§4.3.6) in Australia, where the superchron is thought to be tied directly to the
rock record (Irving and Parry, 1963; Opdyke et al., 1999).

Polarity subchrons as short as 20 kyr in duration are present in the polarity
record, so any sampling scheme should ideally attempt to sample intervals of this
duration. It is common practice when sampling marine sedimentary cores to
remove samples at 10 cm spacings. Such sampling density in pelagic sediments
with sedimentation rates of 10 mm kyr! (10 m Myr!) would resolve polarity
chrons with duration greater than ~10 kyr. However, terrestrial sediments rarely
have the same homogeneity as deep-sea sediments with respect to lithology and
sedimentation rates. Terrestrial sections are thus usually selected for sampling
for some particular reason, such as the presence of important vertebrate faunas,
radiometrically dated horizons, or climatically indicative levels in loess, tills, or
pollen-rich deposits.

The basic problem in magnetostratigraphic studies is that the observed series
of normal and reverse polarity zones usually has a pattern that could correlate
with one or more segments of the GPTS. At first a constant sedimentation rate,
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or rate of extrusion of lavas, is assumed and trial correlations with the GPTS are
made. Such correlations are aided by additional information such as radiometric
ages or biostratigraphic events in the section that have been correlated with the
GPTS elsewhere. An excellent example of this is illustrated in Fig. 4.9 for the
Haritalyangar section in India (Johnson et al., 1983). Here the correlation of
polarity zones with the GPTS is aided by magnetostratigraphic data from
Pakistan where some of the same Miocene vertebrate fossils are correlated with
radiometric ages on volcanic ashes. On this basis the reversal sequence can be
correlated with the GPTS quite unequivocally on the basis of pattern fit. The
resulting regression is significant at the 99% level.

Using the available magnetostratigraphic data, Gradstein et al. (1994)
proposed an integrated geomagnetic polarity and stratigraphic time scale for the
whole Mesozoic, the framework of which involves ties between radiometric
dates, biozones, and stage boundaries and between biozones and magnetic
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Fig. 4.9. Magnetostratigraphy of the Haritalyangar section in India and correlation with the GPTS
of Mankinen and Dalrymple (1979). The high linear regression value (» = 0.998) indicates excellent
agreement and suggests roughly constant sedimentation rate. After Johnson et al. (1983), with
permission from Elsevier Science.
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reversals observed from marine magnetic anomalies and in sediments. This
integrated time scale differs slightly from that shown in Fig. 4.8 in that magnetic
anomaly M28 is estimated to be about 3 Myr younger. A period by period
review of the current state of global studies in magnetostratigraphy is given by
Opdyke and Channell (1996).

4.3.3 Quality Criteria for Magnetostratigraphy

Opdyke and Channell (1996) proposed a reliability index with 10 criteria, listed
in Table 4.4, for studies in magnetostratigraphy. These criteria are based on the
principles established by Van der Voo (1990a) for paleomagnetic studies relating
to determinations of pole positions (see §6.2.2 and Table 6.1).

Obviously there will be few studies able to meet all 10 of the criteria listed.
Radiometric dating is often not possible and field tests usually cannot be made in
flat-lying beds or deep-sea cores. However, ratings of at least 5 out of the
possible 10 should be achievable in modern magnetostratigraphic studies. The
global database of magnetostratigraphy established by McElhinny et al. (1998)
indicates that only two studies at the present time have managed a perfect score
of 10. These are the studies of the Barstow Formation of Colorado (MacFadden
et al., 1990) and the Newark Supergroup of New Jersey (Kent et al., 1995). Both
of these studies therefore represent classic examples of the application of
magnetostratigraphy in geology.

TABLE 4.4
Reliability Index Criteria for Studies in Magnetostratigraphy”

Criterion Brief description

1 Stratigraphic age known at the stage level and associated paleontology presented
adequately

2 Sampling localities placed in a measured stratigraphic section

3 Complete thermal or AF demagnetization undertaken and illustrated using Zijderveld
diagrams

4 Directions determined from principal component analysis (Kirschvink, 1980)

5 Data published completely as VGP latitudes and/or declination and inclination versus
stratigraphic distance plots, together with fully documented statistical parameters

6 Magnetic mineralogy determined

7 Field tests (fold, conglomerate, etc. tests) for the age of magnetization undertaken where
possible

8 A positive reversals test determined (McFadden and McElhinny, 1990)

Radiometric ages, especially “Ar/*Ar or U-Pb ages from volcanic ashes or bentonites,
available in the stratigraphic section

10 Multiple sections studied
“After Opdyke and Channell (1996)
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4.3.4 Late Cretaceous—Eocene: The Gubbio Section

The position of the Cretaceous—Tertiary boundary within the GPTS has been of
great interest because of the associated mass extinctions. In most of the
documented Late Cretaceous—Early Tertiary sections of the world this critical
boundary falls within a hiatus. However, the marine sediments at Gubbio, Italy,
contain an unbroken sequence across this boundary (Luterbacher and Premoli
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Fig. 4.10. The Late Cretaceous to Eocene reversal sequence recorded at Gubbio, Italy. The observed
polarity zones are compared with the GPTS. Normal polarity zones are in black. After Lowrie and
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Silva, 1964). The sections contains a long, continuous sequence of magnetic
polarity zones intercalibrated with planktonic foraminiferal zones (Alvarez et al.,
1977; Arthur and Fischer, 1977; Lowrie and Alvarez, 1977; Premoli Silva, 1977;
Roggenthen and Napoleone, 1977). The sequence has become a classic (see
Fig. 4.10) and is particularly valuable because of its unambiguous correlation to
magnetic anomaly profiles and to oceanic cores (Tauxe et al., 1983b).

4.3.5 Late Triassic GPTS

Extension of the GPTS back beyond about 175 Ma is currently difficult because
there is no extant modern ocean floor that allows the construction of a complete
reference sequence of polarity reversals. In general the development of a GPTS
for earlier times has relied on the piecing together of separate
magnetostratigraphic records of variable length, variable reliability, and usually
with insufficient absolute or relative chronological control. However, studies in
the Newark rift basin of eastern North America show the potential for GPTS
extension in thick, complete continental sedimentary sections.

The initial magnetostratigraphic results (McIntosh et al., 1985) from the
Newark basin were from discontinuous outcrop and industry boreholes. An
improved documentation of the polarity sequence was provided in later studies
by Witte and Kent (1989) and Witte et al. (1991). These later studies were based
on more dense sampling and better demagnetization procedures, and they
incorporated field tests to constrain the age of magnetization. These studies
showed the potential for detailed correlation of cyclostratigraphy and
magnetostratigraphy in the Newark basin and stimulated a comprehensive
drilling program. Under this program continuous coring with near-complete
recovery at seven drill sites produced a total of 6770 m of core. This represented
almost the whole of the Upper Triassic continental lacustrine sediments together
with some of the lowermost Jurassic interbedded continental sediments and lavas
of the Newark igneous extrusive zone. Stratigraphic overlapping of the cored
sections provided about 30% redundancy and it was possible to assemble a
(normalized) 4660-m-thick composite section (Kent et al., 1995). The remaining
part of the Jurassic section was studied using test borings by the Army Corps of
Engineers (Fedosh and Smoot, 1988; Witte and Kent, 1990; Witte et al., 1991;
Olsen et al., 1996b).

The lacustrine deposits display a pronounced cyclic variation in lithofacies
linked to the McLoughlin cycle (a Milankovitch cycle). Furthermore, the
Watchung basalts at the top of the sedimentary sequence are known to be
contemgporaneous with the Palisades Sill, which is well dated at 201+2.7 Ma
(1 'Ar/ Ar; Sutter, 1988) and 202+1 Ma (U-Pb zircon; Dunning and Hodych,
1990). Hence, it is possible to date events within the drill cores by using the
cyclostratigraphy to count down from the Watchung basalts.
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Combining the magnetostratigraphic analysis of the 4660-m-thick composite
section with the cyclostratigraphic analysis, it was possible to provide a GPTS
for almost the whole of the Late Triassic (Kent et al., 1995; Olsen and Kent,
1996; Olsen et al., 1996a). Recently, by undertaking additional sampling to
confirm short polarity intervals and to determine the thickness and duration of
polarity transition zones, and by extending the cyclostratigraphy to older strata,
Kent and Olsen (1999) presented a refinement of the initial magnetostratigraphic
results and were able to calculate an astronomically tuned GPTS for almost
25 million years of the Late Triassic. They further extended the record by 6 Myr
by downward extrapolation of the sedimentation rates determined by
cyclostratigraphy. = The  lithostratigraphy, = magnetostratigraphy,  and
cyclostratigraphy of the composite section are shown in Fig. 4.11.

The details of the resulting GPTS are provided in Table 4.5. It is impressive,
and encouraging for the future potential for extending the GPTS through
magnetostratigraphy, that this GPTS is good enough to perform a statistical
analysis of the reversal sequence. Kent and Olsen (1999) note that the interval
lengths have a mean duration of about 0.54 Myr (corresponding to an average
reversal rate of about 1.8 Myr'l) and that there is no discernible polarity bias.

TABLE 4.5

Late Triassic GPTS”

Chron Age (Ma) Chron Age (Ma) Chron Age (Ma)
E24n 202.021 Eil8n 208.624 El0n 223.219
E23r 202.048 El7r 210.006 ESr 224.487
E23n 203.026 El7n 210.466 E%n 225.016
E22r 203.330 El6r 210.762 E8r 226.634
E22n.2n 203.565 Elén 212.559 E8n 227.245
E22n.1r 203.576 El5r.2r 212.871 E7r 227.619
E22n.1n 203.941 El5r.1n 212.903 E7n 228.924
E21r.3r 204.256 El5r.1r 213.110 Eé6r 229.284
E21r.2n 204.277 El5n 213.942 Eé6n 229.990
E21r.2r 204.410 El4r 215.427 ESr 230.384
E2lr.1n 204.458 El4n 216.656 E5n.2n 230.531
E2Ir.1r 204.647 El3r 217.469 E5n.ir 230.645
E21n 205.177 El13n.2n 218.390 E5n.1n 231.047
E20r.2r 206.554 El3n.1r 218.425 Edr 231.226
E20r.1n 206.590 El3n.1n 218.953 E4n 231.649
E20r.1r 206.765 El2r 219.784 E3r 231.817
E20n 206.884 El2n 219.953 E3n 232.054
E19r 207.567 Ellr 221.956 E2r 232.412
E19n 207.717 Elln 222.232 E2n 232.818
El8r 208.098 El0r 222.728 Elr(part) 233.153

“After Kent and Olsen (1999).
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4.3.6 Superchrons

A superchron is an interval of time in the range 10’—10® years during which the
geomagnetic polarity remained constant (Table 4.3). The existence of two such
superchrons was suggested before the reversal chronology was well developed.
These are the Permo-Carboniferous (Kiaman) Reverse Superchron (Irving and
Parry, 1963) and the Cretaceous Normal Superchron (Helsley and Steiner,
1969). The Cretaceous Superchron, which extends from approximately 118 to 83
Ma (Cande and Kent, 1995), is the best documented, since it is evident both in
marine magnetic anomalies and in magnetostratigraphic data (Fig. 4.8). The
Kiaman Superchron appears to be longer, extending from about 316 to about 262
Ma (Opdyke and Channell, 1996; Opdyke et al., 1999); a substantial body of
worldwide magnetostratigraphic data supports its existence, as summarized in
Fig. 4.12 for the Late Carboniferous and Permian.

Johnson et al. (1995) used data from the global paleomagnetic database (Lock
and McElhinny, 1991; McElhinny and Lock, 1993) to interpret, from indirect
statistical arguments, the existence of another superchron during the Early
Ordovician. However, there does not appear to be any direct evidence at this
stage to support the interpretation. There is some suggestion from Siberian
sections (Gallet and Pavlov, 1996) of a reverse polarity zone lasting 15 Myr
during the Arenig, but there are problems with time resolution and correlations
with other parts of the world, where the best published magnetostratigraphic data
do not show evidence for a superchron at that time (Ogg, 1995; Opdyke and
Channell, 1996). It would be surprising if the two known superchrons were
unique, and so despite the problems of the Johnson ef al. (1995) interpretation
their work shows the need for more high-quality magnetostratigraphy.

Figure 4.13 shows a histogram of the lengths of all known polarity intervals
from 330 Ma to the present as compiled by Opdyke and Channell (1996). The
durations of the vast majority of polarity intervals lie in the range 0.1 to 1.0 Myr
and there are few with duration longer than 2 Myr. It has been suggested that
each of the two superchrons contains a short interval of the opposite polarity (see
Opdyke and Channell, 1996), which would mean that each of the superchrons
would in reality be made up of two exceptionally long intervals of the same
polarity separated by a very short interval. The evidence for these short intervals
is not convincing in either case and, as discussed in §4.5.4, their existence would
be surprising. The lengths of the Cretaceous and Kiaman Superchrons shown in
Fig. 4.13 are their total lengths; they are clearly outliers of the general
distribution with or without the short interval of opposite polarity. As shown by
McFadden and Merrill (1995), and discussed in §4.5.4, the Cretaceous
Superchron is so long that it cannot be part of the general reversal process; the
suggestion is that the reversal process ceased to operate during the superchron.
Presumably this would also be the case with the Kiaman Superchron.
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Fig. 4.12. Compilation of Late Carboniferous—Permian magnetostratigraphy data. Black represents
normal polarity and white reverse polarity. AUS — Australia, EUR — Europe, PAK — Pakistan.
1, Eastern Russia (Molostovsky, 1992); 2, Gusinaya Zemlya Peninsula (Gurevich and Slautsitais,
1985); 3, Urals (Khramov et al., 1974; Burov et al., 1996); 4, New South Wales (Opdyke et al.,
1999); S5, Dewey Lake Fm, Texas (Molina Garza et al., 1989); 6, Cutler Fm, Utah (Gose and
Helsley, 1972); 7, Supai Grp, Arizona (Steiner, 1988); Cumberland Grp, Nova Scotia/New
Brunswick (DiVenere and Opdyke, 1990, 1991); 8, Cumberland Grp, Nova Scotia/New Brunswick
(DiVenere and Opdyke, 1990, 1991; Opdyke et al., 1999); 9, Maroon-Mintum Fm, Colorado
(Miller and Opdyke, 1985); 10, Casper Fm, Wyoming (Diehl and Shive, 1981); 11, Ingleside Fm,
Wyoming (Diehl and Shive, 1979); 12, Minturn Fm, Colorado (Magnus and Opdyke, 1991); 13,
Rotliegendes, Germany (Menning et al., 1988); 14, Sth Tien Shan, Northern Tarim (McFadden e¢
al., 1988b); 15, Dalong Fm, Sichuan (Heller ef al., 1988); 16, Wujiaping, Sichuan (Steiner et al.,
1989); 17, Shihezi and Shigiangfen Fms, Shanxi (Embleton et al., 1996; Menning and Jin, 1998);
18, Wargal and Chidru Fms (Haag and Heller, 1991); 19, Composite magnetostratigraphic column.
Compiled from Opdyke (1995) with additions.
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4.4 Polarity Transitions

4.4.1 Recording Polarity Transitions

The final compelling piece of evidence that the Earth’s magnetic field changes
polarity comes from observations of the magnetization in rock sequences in
which the polarity changes continuously from the one state to the other. A
comprehensive review of geomagnetic polarity transitions has recently been
provided by Merrill and McFadden (1999).

For the sake of clarity the term reverse is always taken to indicate either the
state of magnetization of a rock or the polarity of the Earth’s magnetic field in
the sense when they are opposed to the present-day situation. The actual period
of change from one polarity to the other is termed a polarity change or, more
often, a polarity transition. Directions of magnetization observed in rocks during
such transitional times are termed transitional, which is distinct from the term
intermediate (1) used in §4.1.3.

The duration of a typical geomagnetic polarity transition is not well known but
probably lies between about 1000 and 8000 years (§4.4.4). Although this is slow



Magnetic Field Reversals 165

on the human time scale, it is but a fleeting moment on the geological time scale.
Furthermore, it represents only a brief interval in the formation time of a typical
rock unit. Consequently, there are several data acquisition problems in
attempting to characterize polarity transitions.

First, it is a difficult task to identify rocks that have recorded a given polarity
transition. There are only 127 transitional records currently available in the
polarity transition database initially described by McElhinny and Lock (1996).
These records represent a total of 46 different transitions, the best documented
transition being the Matuyama—Brunhes with 32 records. The Athanasopoulos et
al. (1996) compilation shows 23 sedimentary records for the Matuyama—
Brunhes transition. Love and Mazaud (1997) have undertaken a comprehensive
review of data for the Matuyama—Brunhes reversal transition field. They present
a data set comprising sedimentary and lava data; they considered 62 different
sites, of which only 11 satisfy their quality criteria.

Second, there is the potential for polarity transitions to be recorded in
sediments, intrusives, and lava flows. The characteristic of the recording, the
information available, and the reliability of the recording process itself in each of
these different rock types are, however, quite different. This means that at times
it can be difficult to reconcile the records from different rock types. In
sedimentary rocks it is possible to obtain a good continuous record of a transition
if the sedimentation has been rapid. In marine sediments the magnetic record is
locked in over a 10 to 30-cm range so that the magnetic signal recorded by them
is a filtered one. However, sediment records have proved to be one of the most
valuable sources of information on the transitional behavior of the geomagnetic
field (e.g. Opdyke et al., 1973; Valet and Laj, 1981; Valet et al., 1986, 1989;
Clement and Kent, 1991; van Hoof and Langereis, 1992a, b). Terrestrial lava
flows extruded during times of polarity transitions provide excellent records of
the transitional field but only at discrete, instantaneous points in time. The first
such detailed record of a polarity transition from a lava sequence was obtained
by van Zijl et al. (1962a, b) from the Jurassic Stormberg lavas of Lesotho in
southern Africa, now studied in more detail by Kosterov and Perrin (1996).

One of the most studied records in recent times, largely because of the
available detail and because of some of the peculiarities in the record, is that
from the Steens Mountain in Oregon (Watkins, 1969; Prévot et al., 1985; Coe
and Prévot, 1989; Coe et al., 1995). Intrusive rocks formed during a polarity
transition may also provide a record of the transitional geomagnetic field if the
cooling is sufficiently slow. However, there are significant problems in
identifying such transition records, in obtaining reasonable estimates of the
passage of time, and in proving that chemical remagnetization has not occurred
during the subsequent slow cooling. Consequently, there are few successful
studies of such transitional records (Dunn et al., 1971; Dodson ef al., 1978).
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This means that it has been extraordinarily difficult to obtain the large amounts
of spatially and temporally well distributed and well-correlated data required to
provide robust characterization of the transitional process (Merrill and
McFadden, 1999). In order to obtain a spherical harmonic description of the
magnetic field out to just a degree 4 it is necessary to have a minimum of 24
independent but simultaneous measurements well-distributed over the Earth’s
surface (§1.1.3). There is some evidence to suggest that during a reversal there
may have been significant changes in direction on time scales less than 100 years
(e.g., Laj et al, 1988; Okada and Niitsuma, 1989; Coe et al, 1995; Worm,
1997). Thus, to be useful for a spherical harmonic analysis, the time of
acquisition of the magnetization must be constrained to better than 100 years for
each observation. This is not currently possible and the prospect for such
accuracy seems remote. Thus it is effectively impossible to determine the
structure of the transitional field at any point in time let alone determine the
structure at multiple points in time so as to be able to obtain the morphology of a
reversal transition.

In the absence of appropriate data to undertake spherical harmonic analyses,
transitional directions have commonly been characterized by their VGPs (§1.2.3)
and transitional intensities by their VDMs (§1.2.4). Both the VGP and VDM
concepts assume that the field is dominantly that of a geocentric dipole, which
seems unlikely for the transitional field. The portrayal of transitional directions
and intensities as VGPs and VDMs must therefore be seen as nothing more than
a convenient mapping and not as a meaningful characterization. The paucity of
genuine information about field structure in the available data has meant that
there are few real constraints on the morphology of transitional fields. Thus the
question of transitional field behavior has been fertile ground for innovative
models that have succumbed in the light of subsequent data.

4.4.2 Directional Changes

There have been at least seven phenomenological reversal models suggested to
date. These have been summarized by Merrill and McFadden (1999) (see also
McFadden and Merrill, 1995), and the basics of the models are as follows.

(i) The dipole field either decays and then builds up in the opposite direction or
rotates without changing intensity (Creer and Ispir, 1970). See Fig. 4.14.

(ii) The transitional field is predominantly nondipolar (Hillhouse and Cox,
1976). This model was proposed when it became apparent that VGP paths
for the same reversal, but obtained from different locations, were not
coincident.

(iii) The transitional field is dominated by nondipole zonal harmonics
(Hoffman, 1979; Fuller et al., 1979). It is now accepted that the transitional
field is not axially symmetric, but the Hoffman—Fuller hypothesis
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4.14. Examples of some models for the transition field for a change from reverse to normal

polarity. (a) Decrease in dipole moment which remains axisymmetric during the process. (b)
Rotation of the main dipole without changes in moment. (c) A quadrupole transition model in
which the polarity change is initiated in the southern hemisphere of the core. (d) An octupole
transition mode! in which the polarity change is initiated in the low latitude zone of the core. From
Merrill and McElhinny (1983), compiled from Fuller ez al. (1979).

(iv)

)

represented a conceptual leap and ushered in the era of “modern” polarity
transition studies. See Fig. 4.14.

The transitional field is nondipolar but the transitional VGPs are
longitudinally confined and are biased to fall within two (preferred)
antipodal longitude bands of width about 60° (Clement, 1991). This model
was based on sedimentary data.

The transitional field is predominantly dipolar (although this aspect was
later dropped) and the VGPs are not only longitudinally confined and
biased toward two preferred bands but also, importantly, the same two
bands are preferred for each of the most recent reversals (Laj et al., 1991,
Tric et al., 1991). This hypothesis is particularly exciting for, if true, it may
imply mantle control of processes in the geodynamo, at least during
transitions. The preferred paths lie near the Americas or near an antipodal
path (Gubbins and Coe, 1993) through western Australia and Asia. This
model was also based on sedimentary data.
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(vi) The transitional VGPs from lava flows clump in two patches, one on the
American path above, lying between central South America and Antarctica,
with the other cluster falling in western Australia and the eastern Indian
Ocean (Hoffman, 1991a). The same clusters are occupied by VGPs for
different reversals.

(vii) There is no consistent pattern for transitional VGPs from different reversals
and the VGPs within a reversal are not longitudinally confined (Prévot and
Camps, 1993). This model emerged from analyses of 362 transitional VGPs
from 121 volcanic units of Miocene age or younger and is an extension of
an earlier suggestion by Valet et al. (1992).

If the transitional field were strongly dipolar then VGPs for the same time but
for different sites around the globe would be consistent with each other (just as
they are today). The transitional VGP paths would then be consistent for
observation sites around the globe. Conversely, if different sites give widely
divergent VGP positions for the same time then this is strong evidence that the
field is not dominantly dipolar. Oddly enough though, consistency in transitional
VGP paths from sites around the globe does not necessarily mean that the field
was strongly dipolar (e.g., Merrill and McFadden, 1999). This exposes
interpretation of transitional VGPs to several major difficulties, as is evidenced
by the number of phenomenological models suggested and by their diversity
(almost to the point of total contradiction).

The model probably most discussed today is model v, based on sedimentary
data. In this model it is suggested that: transitional VGPs from a given site are
confined in longitude; that for a given reversal there is a bias for the VGPs to fall
into one of two preferred antipodal bands; and that the same bands are preferred
for different reversals. Full testing of this model demands that each of its three
components be properly tested. To test the hypothesis that the preferred bands
are the same for different reversals it must first be confirmed that individual
reversals do indeed exhibit a bias toward preferred bands for their VGPs, which
itself requires confirmation of longitude confinement for individual VGP paths.
Unfortunately, the paucity of data has meant that it has not been possible to
separate out and resolve these individual questions. Consequently, investigators
have tended to lump together all of the available data and then seek an overall
clustering of some parameter (such as the longitude of the transitional VGP
equator crossing). Thus, it remains difficult to interpret the results with any
genuine clarity.

A major problem in assessing the reversal models is that the polarity transition
records obtained from volcanics and from sediments appear to show different
characteristics, as is illustrated in Fig. 4.15. The plot of 362 transitional VGPs
from 121 volcanic records of reversals less than 16 Myr in age (Fig. 4.15a) does
not exhibit any obvious clustering or preferred longitude sectors (Prévot and
Camps, 1993). The record for reversals less than 12 Myr in age recorded in
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Fig. 4.15. Comparison of the records of transitional VGPs observed in volcanics and sediments.

(a) 362 transitional VGPs from 121 volcanic records of reversals less than 16 Myr old. From Prévot
and Camps (1993), reproduced with permission from Nature. (b) Plot of equator crossings for the
available sedimentary VGP transition paths. From McFadden and Merrill (1995).

sediments is summarized in Fig. 4.15b, which shows a plot of the longitude at
which each VGP transition path crosses the equator. The claimed clustering of
the paths in two approximately antipodal positions is readily apparent. As shown
by McFadden et al. (1993), this clustering is significantly greater than would be
expected from a uniform random distribution.

However, it should be noted that both Valet et al. (1992) and McFadden et al.
(1993) questioned whether model v is actually supported by the very sediment
data on which it is based; they both note that the clustering might be linked to
the poor distribution of the observation sites, which are themselves strongly
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grouped in two antipodal longitude bands with the angles between the
corresponding site longitude and VGP path strongly clustering around +£90°.

During polarity transitions the intensity of the geomagnetic field decreases on
average to about 25% of its value before or after the transition, although values
as low as 10% have been observed (§4.4.3). The problem that arises is whether
the magnetic torque on the settling magnetic particles has become too weak to
overcome other effects so that there is inclination shallowing as discussed in
§2.3.7. Quidelleur and Valet (1994) considered some aspects of this concept and
then Quidelleur et al. (1995) carried out redeposition experiments to test it.
Using the relation of (2.3.37), they obtained values of the inclination shallowing
factor f'as low as 0.23 with an ambient field of 4.6 uT, similar to the field in the
middle of a transition. Barton and McFadden (1996) showed that, for this to be
an important factor in the clustering of VGP transition paths, values of f below
0.3 are required and that the effect becomes pronounced when f approaches 0.1.
Thus, there is the potential that clustering of transitional VGPs may have been
enhanced in sedimentary records by a combination of rock magnetic problems
and a poor distribution of sites.

Despite the conclusion by Prévot and Camps (1993) that the lava data do not
show any obvious clustering or preference for longitudinal bands, there is some
evidence to the contrary. Constable (1992) analyzed nontransitional lava data
from flows spanning the past 5 Myr to determine if there is any nonuniformity in
longitudinal distribution. Her analysis included more than 2000 VGPs and
showed a distinct bias toward two longitude bands, which were similar to the
preferred bands identified in the sediment data. Some of this bias is almost
certainly a consequence of the present orientation of the equatorial dipole. Love
(1998) has repeated the test suggested by Prévot and Camps (1993) but arrived
at the dramatically different conclusion that the transitional VGPs do exhibit
longitudinal preference for the Americas and for the antipodal Asian path (he did
not, however, find evidence for latitudinal clustering). The initial data were
similar (transitional VGPs younger than 20 Ma) but the selection criteria were
different; Love (1998) considers VGPs from different lavas to be independent
measurements, despite the counterview that lava flows typically bunch together
in short intervals of time (Holcomb, 1987). The critical step is that Love weights
each datum (VGP) according to its latitude and the number of transitional VGPs
in that record. Histograms of the number of weighted datums versus longitude
then show a distribution which, at the 99% level of confidence, is nonuniform.
Despite the fact that the analysis fails to separate the critical issues noted above
(Merrill and McFadden, 1999), the finding by Love (1998) that the two most
occupied transitional longitudes are similar to those identified by analyses of
sediment data is impressive.

Hoffman (1999) analyzed VGP data from the Love and Mazaud (1997)
database for the Matuyama—Brunhes reversal transition. The data indicate the
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existence of four major groupings of virtual poles, leading to the suggestion of
preferred locations for transitional VGPs (see also Hoffman, 1991a, 1992a).

Interpretation of the transitional field directions remains enigmatic. The
problem is exacerbated by the fact that the claimed preference of transitional
VGPs for certain longitude bands is small. For example, Love (1998) finds
approximately one quarter of the weighted data fall into the two most populated
longitudinal bands, whereas for a uniform distribution one might expect about
one sixth of the data in those bands. This highlights the fact that the questions
can only be resolved by observation, but the current paucity of relevant data
precludes a clear resolution.

4.4.3 Intensity Changes

Reliable paleointensity information is typically much more difficult to obtain
than reliable directional data. Thus, it is to be expected that even less would be
known about the transitional field strength than about the transitional field
directions. Nevertheless, there appears to be more agreement about the nature of
intensity changes during a transition than about the directional changes, and
some robust conclusions can be drawn.

Absolute paleointensities determined from lavas and relative paleointensity
estimates from both sedimentary and igneous rocks recording transition
directions indicate that the field intensity decreases substantially during a
polarity change. These data indicate reductions sometimes to only 10% of the
usual field intensity outside the transition. Figure 4.16 provides a summary of
absolute paleointensities relating to polarity transitions for lavas less than about
10 Ma. Absolute paleointensities for this time interval have been analyzed by
Tanaka er al. (1995) using only those determinations made by the Thellier
(Thellier and Thellier, 1959a,b; see §1.2.4) or Shaw (1974) methods. The 323
values include many from the central part of polarity transitions that are
characterized by low-latitude VGPs. In order to allow for the different site
locations all intensity values have been converted to VDMs (see §1.2.4 and
§1.2.5). Despite the attendant problems of using VDM during transitional times,
the use of VDM (as with VGP) should be seen as a convenient mapping that
attempts to take account of the effects of site location on the surface of the Earth.
Average VDM for VGP latitude bands of width 20° between -90° and +90° are
shown in Fig. 4.16. Note that when the VGP latitude lies between -45° and +45°,
there is a dramatic drop in VDM values. These absolute intensity values indicate
that on average the field at the central part of transitions (VGP latitude 0°) is
about 25% its usual value.

The reduction in intensity values for low-latitude transitional VGPs provides
robust evidence against a reversal model in which polarity reversal occurs by
rotation of the dipole field with no change in magnitude (Merrill and McFadden,
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Fig. 4.16. Mean VDM versus VGP latitude for data covering the past 10 Myr averaged over 20°
VGP latitude bands. The number of values averaged in each band is indicated and 95% confidence
limits are shown. After Tanaka et al. (1995).

1999). This is because a reduced intensity for low-latitude transitional VGPs
demands a reduction in the dipole field strength during a polarity transition.

4.4.4 Polarity Transition Duration

In order to understand a process it is necessary to know the order in which events
occurred and how long they took to occur. Consequently it is important to
determine the duration of geomagnetic polarity transitions. Unfortunatety
estimates of the duration can vary by more than an order of magnitude for the
same transition. Merrill and McFadden (1999) conclude that the duration of an
average geomagnetic polarity transition is not well known but probably lies
between 1000 and 8000 years (see also Bogue and Merrill, 1992).
There are four main methods for estimating the duration of polarity transitions.
(i) Rapidly deposited sediments. This requires evidence of a constant rate of
deposition, which is then estimated using absolute or relative dating
methods to obtain ages before and after the transition. The duration of the
transition can then be estimated from the depth interval in which the
directions are transitional. A variant of this method combines relative
intensity information with the directional information. The best estimates
come from oceanic cores, for example, 4000 years by Harrison and
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Somayajulu (1966), 4700 years by Niitsuma (1971) and 4600 years by
Opdyke (1972). Other estimates also cluster around 40005000 years.

(i) Statistical approach with lava flow data. This method uses the ratio of the
number of transitional directions to the number of non-transitional
directions in some time window and (under the assumption of a uniform
random sample in time) apportions the times linearly to estimate the
average time the field has spent in a transitional state. This was first
undertaken by Cox and Dalrymple (1967) who obtained an average
duration of 4600 years. Kristjansson (1985) obtained an average value near
6000 years. Unfortunately, magnetic field excursions (§4.4.5) also produce
transitional directions. Lund et al. (1998) note that there is evidence for at
least 14 excursions in the Brunhes alone, so they may be relatively
common. This would tend to produce a bias toward an overestimate for the
average duration of genuine reversal transitions.

(iii) Cooling rate in intrusive igneous rocks. If a transition occurs during the
cooling of an intrusive igneous rock and the cooling is sufficiently slow,
then the magnetic field changes are recorded as the cooling front sweeps
through the intrusive (Dunn et al., 1971; Dodson et al., 1978). This method
appears less reliable than the others because of uncertainties in estimating
cooling rates and because the total magnetization at any point is not
acquired instantaneously.

(iv) Precise absolute dating. This method is typified by Singer and Pringle
(1996), who used precise “Ar P Ar dating on lava flows from different
localities that have recorded transitional directions for the same reversal.
There are significant difficulties in resolving such a short time span with
radiometric dating: but this process may in the future provide our best
estimates.

Theoretical considerations suggest that the reversal process proper probably
takes longer than the time over which directional changes are seen. It has also
been suggested that the intensity variations in a polarity transition occur over a
longer time interval than the directional changes. These suggestions are based on
transition records observed in plutons (Dunn ef al., 1971), lavas (Mankinen et
al., 1985; Bogue and Paul, 1993), and loess (Zhu et al., 1993). Using the
statistical properties of the reversal time scale, McFadden and Merrill (1993)
also suggested that the reversal process is longer than that observed in
paleomagnetic directional data.

Lava flows at Steens Mountain in Oregon recorded a reverse to normal
polarity transition about 16 Ma. Interpretations of directional and intensity data
from some of these flows suggest that extremely rapid changes sometimes
occurred in the transitional magnetic field (Mankinen et al., 1985; Prévot et al.,
1985; Coe et al., 1995); the astonishingly rapid change of 6° per day averaged
over several days has been suggested. Merrill and McFadden (1999) query these
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interpretations, concluding that processes such as remagnetization associated
with chemical changes could be responsible for the observations.

4.4.5 Geomagnetic Excursions

Wide departures from the geocentric axial dipole field direction have been
observed to occur at a single locality, even though the field does not appear to
change polarity but returns to its previous state. Such departures have been
termed geomagnetic excursions. Verosub and Banerjee (1977) defined an
excursion to have occurred when the VGP departs more than 45° from the
geographic pole (but that departure is not associated with a polarity transition).
Lund et al. (1998) have shown that there is evidence for at least 14 such
excursions during the Brunhes, so it is likely they are a common feature of
geomagnetic field variations. Sometimes it is difficult to distinguish when an
excursion has occurred because short subchrons (~10° years in duration) are
known to be present in the geomagnetic record (see §4.2.1).

Excursions are known to occur in lava successions, the best known of which is
the Laschamp excursion observed in the Chaine des Puys in France (Bonhommet
and Babkine, 1967). They also occur in sedimentary sequences, but the
interpretation is often equivocal because their time scale is short (<104 years)
and only a narrow band of sediment is typically involved. Also, it can be argued
that the departures are due to some effect of the sedimentation itself rather than
the geomagnetic field (Verosub and Banerjee, 1977). Champion et al. (1988)
identified 10 events in the late Matuyama and Brunhes (Fig. 4.17); they claimed
that these events were actually field reversals and classified them as subchrons.
However, the necessary evidence to conclude that these events are genuine
reversals is lacking. Merrill and McFadden (1994), Langereis et al. (1997), and
Lund et al. (1998) all classify these events as excursions. Indeed, the existence
of several very short subchrons in the Brunhes would be at odds with the
observed structure of the GPTS since the Cretaceous (§4.5.4).

Two possible explanations for geomagnetic excursions appear likely; they
reflect either large amplitude secular variation or aborted reversals of the
geomagnetic field. Distinguishing between these alternatives may not be possible
unless aborted reversals can be shown to have a different signature from large-
amplitude secular variation. It is theoretically possible for the nondipole field to
become large enough that local reversals of the field could occur and thus both
polarities would appear to exist simultaneously over a wide region (Coe, 1977,
Merrill and McFadden, 1994). Gubbins (1999) notes that an excursion may
represent a reversal of the magnetic field in the outer core but not in the inner
core, so that the field would return to its original polarity. Consequently, an
excursion could be global as suggested by Langereis et al. (1997) for six well-
dated excursions during the Brunhes.
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Fig. 4.17. Late Matuyama-Brunhes geomagnetic excursions (names in italics) identified by
Champion et al. (1988). Black, normal polarity; white, reverse polarity; shaded, excursions. The
duration of the excursions is <10* years.

4.5 Analysis of Reversal Sequences

4.5.1 Probability Distributions

Cox (1968) recognized the apparent randomness of interval lengths (§4.2.1) and
developed a probabilistic model in which he assumed that polarity changes occur
as a result of interaction between random processes and a steady oscillation in
the intensity of the axial dipole field. However, the observed distribution of field
intensities is inconsistent with that predicted by Cox’s model (Kono, 1972;
McFadden and McElhinny, 1982). Also, Laj et al. (1979) noted that this model
suffered from mechanical problems arising from the different time constants of
the random fluctuations of the nondipole field and the steady oscillations of the
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dipole field. Nevertheless, Cox (1968) ushered in the era of statistical
characterization of the reversal process and the use of such characterization to
attempt to understand processes occurring in the deep Earth.

The time taken for a polarity transition is, in geological terms, short (§4.4.4),
and is short relative to the typical length of a polarity interval. Thus within the
GPTS it is a reasonable first order approximation to think of a reversal as a
rapid, and indeed almost instantaneous, event. Together with the apparent
randomness, this leads naturally to consideration of the reversal process as a
general renewal process. This would require that the lengths of individual
polarity intervals be independent. Such independence was claimed early on
(Cox, 1968, 1969; Nagata, 1969) but was subsequently challenged by Naidu
(1974). The later work of Phillips et a/. (1975) and Phillips and Cox (1976)
shows that there is no significant correlation between the lengths of polarity
intervals. Thus it is a reasonable first-order approximation to regard geomagnetic
reversals as a random process with independent intervals. This is quite different
from some other systems, such as for the Sun in which reversals occur about
every 11 years.

Recognizing that a reversal is a rare event, Cox (1969) showed that his model
led to a Poisson process and that the relevant distribution of interval lengths was
therefore the exponential distribution. For a Poisson process the probability
density p(x) of interval lengths x is given by

p(x)dx = Ae Mdx (4.5.1)

where A is the rate of the process and p = 1/A is the mean interval length. Despite
a reasonable fit to the observations, there were fewer very short intervals than
required by the Poisson process. Naidu (1971) showed that a gamma distribution
provided a good fit to the then observed intervals of the Cenozoic time scale and
Phillips (1977) confirmed this in an extensive study of geomagnetic reversal
sequences. For a gamma process the probability density p(x) of interval lengths x
is given by

p(x)dx = —1—(1«\)" xkDeg=kix gy
I'(k) (4.5.2)
= kax(k’l)e‘“dx sA=kA
I'(k)
where the mean interval length is now given by p = &/A = /A,

From (4.5.1) and (4.5.2) it is apparent that the gamma process leads to a family
of distributions depending on the value of £, and that the Poisson process is
simply the special case of a gamma process with k = 1. Appropriately scaled
probability densities for this family of distributions are shown in Fig. 4.18. It is
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distribution. After Merrill et al. (1996).

immediately apparent that a gamma process with £ > 1 has far fewer very short
intervals than a Poisson process.

4.5.2 Filtering of the Record

Obtaining a reliable GPTS from the marine magnetic anomaly record is not a
trivial matter (see chapter 5). The major problems relate to accurate dating of the
individual events and reliable recognition of the shorter intervals. A small error
in the dating of a reversal leads to small consequences in the analysis of the
reversal sequence. However, if a short polarity interval is missed then this is a
much more significant error. As shown by the examples given in Fig. 4.19, when
a short interval is missed it is combined with the preceding and succeeding
intervals of the opposite polarity. This means that the short interval is missed
from its own polarity sequence and incorrectly produces a long interval of the
opposite polarity, which is then the sum of at least three intervals.

McFadden (1984a) has shown that if n observations from a gamma process
with index & have been joined together then the resulting interval appears to have
come from a gamma process within index rk. Naturally this is the case for a
Poisson process (k= 1) as well. Therefore, if a short interval is missed from a
Poisson process then the resulting long interval of the opposite polarity looks
like an observation from a gamma process with £ = 3. This has two immediate
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Fig. 4.19. Reduction in the number of polarity intervals caused by preferential filtering of very short
intervals. (a) Three intervals reduced to one, (b) four intervals reduced to two, and (c) five intervals
reduced to one. From Merrill and McElhinny (1983).

consequences since it is likely that some short intervals have been missed. First,
it is convenient to analyze the reversal process as a gamma process because this
automatically accounts for any filtering in the observed sequence. Second, the
parameter k can be a fairly sensitive indicator of polarity intervals that have been
missed (McFadden and Merrill, 1984). This means that estimates of the
parameter £ can vary by a large amount over small intervals of time without
necessarily implying that the process itself has changed much.

McFadden and Merrill (1984) concluded that & is about 1.25 for the period
from about 80 Ma to the present. This suggested that several short intervals in
the actual reversal process had not been identified in the GPTS. However,
subsequent polarity time scales did not change this situation, and so McFadden
and Merrill (1993) discussed the alternative interpretation that the reversal
process itself is actually gamma. They showed that this would imply the
existence of an interval of about 50 kyr immediately following a reversal during
which the probability for another reversal would be depressed. The observed
sequence is similar (statistically) to that which would be expected from a Poisson
process that had been filtered to join into surrounding intervals any interval less
than 30 kyr in duration. This is consistent with the conclusion of Parker (1997)
that the maximum resolution of the GPTS from marine magnetic anomalies is
about 36 kyr. Both interpretations remain viable, with the hope being that new
techniques with higher resolution (see §5.1.3) will resolve the matter.
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4.5.3 Nonstationarity in Reversal Rate

If the rate at which reversals occurs is variable, then the process is referred to as
nonstationary. This is of central geophysical interest because the existence of
nonstationarity implies a change in the properties of the origin of the process.
The variation in the reversal rate, using the reversal chronology of Cande and
Kent (1995) for the interval 0—118 Ma and that of Kent and Gradstein (1986) for
the interval 118-160 Ma, is shown in Fig. 4.20. The use of sliding windows is
necessary because of the variation in reversal rate (nonstationarity), which
precludes considering all of the intervals of the past 160 Myr as a random
sample from a single distribution. Consequently Fig. 4.20 has been constructed
using a sliding window containing 50 polarity intervals (using constant length
windows is inappropriate, see below). Because the Cretaceous Superchron is not
part of the surrounding reversal process (§4.5.4), the sliding window does not
run across the superchron. The characteristic time of these changes is the same as
that associated with mantle processes, leading to suggestions that
nonstationarities in the reversal record are associated with changes in the core—
mantle boundary conditions (e.g., Jones, 1977; McFadden and Merrill, 1984,
1993, 1995, 1997; Courtillot and Besse, 1987). Suggestions that spatial
variations in the core—mantle boundary conditions affect reversals are now
supported by some dynamo theory (Glatzmaier et al., 1999).

Gallet and Hulot (1997) proposed an alternative nonstationarity for the
reversal rate. They suggest a model in which the rate is essentially constant from
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Fig. 4.20. Estimated reversal rate for the geodynamo for the past 160 Myr. Constructed from the
time scales of Kent and Gradstein (1986) and Cande and Kent (1995), following the methods of
McFadden (1984a). From Merrill et al. (1996).
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158 to 130 Ma and from 25 Ma to the present, with an intermediate
nonstationary segment including the Cretaceous Superchron. In an innovative
approach Constable (1999) uses a method that does not rely on the details of any
specific probability density. Although she is unable to reject either model, the
gross structure of her estimated reversal rate closely parallels that of Fig. 4.20.

The question arises as to whether the fine structure observed in curves such as
shown in Fig. 4.20 is meaningful. For example, several studies (Negi and Tiwari,
1983; Mazaud et al., 1983; Mazaud and Laj, 1991; Marzocchi and Mulargia,
1990; Rampino and Caldeira, 1993; Raup, 1985; Stothers, 1986) have suggested
either a 15- or a 30-million-year periodicity in the reversal chronology record.
McFadden (1984b) showed that similar apparent periodicities were produced by
the use of fixed-length sliding windows to analyze a Poisson process with a
uniformly changing reversal rate. McFadden and Merrill (1984) did not observe
these periodicities when using sliding windows with a fixed number of intervals.
Lutz (1985), Stigler (1987), McFadden (1987), and Lutz and Watson (1988) all
showed that the perceived periodicities are more likely an artifact of the methods
of analysis than real geophysical phenomena.

4.5.4 Polarity Symmetry and Superchrons

McElhinny (1971) and Irving and Pullaiah (1976) introduced the concept of
polarity bias, which incorporated the idea of differential stability in the normal
and reverse polarity states. That is, it was perceived that during times of normal
polarity bias the field remained normal most of the time because that polarity
was substantially more stable than the reverse polarity and vice versa for times
of reverse polarity bias. Cox (1982) formalized this into polarity bias
superchrons. This concept was interesting in that it was at odds with one of the
few obvious and truly robust conclusions from the dynamo equations. The
equations are symmetric in the magnetic field. This means that the velocity field
in the geodynamo is unable to sense the direction of the magnetic field and so
the statistical properties of the normal and reverse polarity states should be
identical (Merrill et al., 1979).

Using the analysis tools of McFadden (1984a), McFadden and Merrill (1984)
were able to show that, at least since about 165 Ma, the normal and reverse
polarity states do not exhibit any differences in their relative stabilities either
before or after the Cretaceous Superchron (see also McFadden et al., 1987).
Merrill and McFadden (1994) were able to show that the Cretaceous Superchron
is so long that it cannot be a member of the typical process describing reversals
(see also McFadden and Merrill, 1995; Opdyke and Channell, 1996). Thus, it
would seem that the geodynamo has two basic states — a reversing state and a
non-reversing state. Together with the observed nonstationarity in reversal rate
this leads to a simple broad-scale interpretation consistent with theory and with
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the observed polarity data for the past 160 Myr. That is, the boundary conditions
imposed on the core by the lowermost mantle gradually changed in such a way
as to reduce the reversal rate until it eventually reached zero (sometime soon
after the start of the Cretaceous Superchron). The superchron was then not a
consequence of polarity bias but of the fact that the reversal process had ceased.
The fact that it was of normal polarity was merely a matter of the polarity the
field was in (with a 50% chance for either polarity) at the time the reversal
process ceased. The boundary conditions continued to change, and at some time
before the end of the superchron the reversal process started again; the reversal
rate gradually increasing to the current rate of about 4'% reversals per million
years.

Kent and Olsen (1999) found that the interval lengths of their Late Triassic
(Newark) GPTS (Fig. 4.11) have a mean duration of about 0.54 Myr, which
corresponds to an average reversal rate of about 1.8 Myr'1 (§4.3.5). They
concluded that the distribution of interval lengths, ranging from about 0.02 to
about 2 Myr, is well approximated by a Poisson distribution (k =~ 1). Critically,
they note that there is no discernible polarity bias. Thus there is little evidence in
the Newark GPTS for a prominent interval of low reversal rate (Johnson et al.,
1995) or strong normal polarity bias (Algeo, 1996). Kent and Olsen (1999) point
out that the Hettangian was a time of widespread igneous activity and of thick
accumulation of sediment during a time of predominantly normal polarity.
Results from the Hettangian tend to be over-represented in paleomagnetic
compilations and this may provide a more satisfactory explanation for the claims
of Johnson et al. (1995) and Algeo (1996).

The suggestion by Champion er al. (1988) that there are several reverse
subchrons in the Brunhes (§4.4.5) has fundamental implications for the reversal
process because it would imply that the reverse polarity state has been
substantially less stable during the Brunhes than the normal polarity state. Since
the dynamo equations show that the two polarities must be statistically identical,
such a difference in stability can only be produced by mantle-imposed boundary
conditions. Because the two stabilities are the same throughout the rest of the
GPTS, these boundary conditions would have had to have changed in much less
than 10° years. However, the mantle changes on a time scale of 10’-10® years, so
there is a major incompatibility. Merrill and McFadden (1994) concluded that
the evidence that the observed abnormal directions represent genuine field
reversals is not sufficiently compelling for them to be included in the GPTS.

Short polarity subchrons during the Cretaceous or Kiaman Superchrons would
have similar implications for the reversal process. Consequently, the evidence
for any such subchrons during either superchron needs to be thoroughly tested.
Within the Cretaceous Superchron Tarduno ez al. (1992) observed seven reverse
polarity zones in the middle of the Albian. However, the magnetization in these
zones is carried by hematite and may be late diagenetic in origin. Furthermore,
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the reverse magnetization components are not antipodal to the normal
magnetization components but are offset toward directions consistent with the
Late Cretaceous or Paleogene. Opdyke and Channell (1996) conclude that it is
doubtful these mid-Albian reverse polarity zones represent the geomagnetic field
at the time of deposition of the sediments, and consequently they should not be
incorporated into the GPTS.



Chapter Five

Oceanic Paleomagnetism

5.1 Marine Magnetic Anomalies

5.1.1 Sea-Floor Spreading and Plate Tectonics

The sea-floor spreading hypothesis was first formulated by Hess (1960, 1962).
The mid-ocean ridges, which are characterized by unusually high heat flow
along their crests, are the largest topographic features on the surface of the Earth.
On Hess’s model the mid-ocean ridges are interpreted as representing the rising
limbs of mantle convection where hot magma comes right through to the surface
and new oceanic crust is formed as the magma cools. It was originally thought
that the intrusion of new material forced the cooling crust to move away from
the ridge symmetrically on either side. It is now generally believed that the crust
and part of the upper mantle are under tension at a spreading center. Thus, the
oceanic crust is pulled apart, allowing magma to rise to the surface and the
whole oceanic crust is part of a conveyor belt system, rising up at the mid-ocean
ridges and eventually sinking down at the oceanic trenches. The spreading rate
across a mid-ocean ridge is defined as the relative rate of separation of the plates
on either side of the ridge, sometimes referred to as the “full rate”. Consequently,
the spreading rate on one side of a ridge is often referred to as the “half rate”.
Values are usually quoted in km Myr™ (mm yr).

The theory of plate tectonics was formulated by McKenzie and Parker (1967),
Morgan (1968) and Le Pichon (1968). The plate tectonics model is now accepted
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Fig. 5.1. Aseismic plates on the surface of the Earth bounded by seismically active zones. The nine
larger plates are named, and eight smaller plates are labelled AR (Arabia) CA (Caribbean) CO
(Cocos) JdF (Juan de Fuca) PH (Philippine) RI (Rivera) SC (Scotia) SN (Sandwich) together with
two microplates indicated as EA (Easter) JF (Juan Fernandez). Directions and rates of relative
motion (km Myr'!) between plates are shown at selected points on their boundaries. Double arrows
indicate separation at mid-ocean ridges and single arrows indicate convergence at oceanic trenches
(subduction zones).

as the first-order explanation of global tectonics. To a first approximation it is
possible to divide the Earth’s surface into several essentially aseismic plates or
blocks bounded by seismicity associated with active ridge crests, faults, trenches,
and mountain systems. The plates can be composed entirely of continental crust,
or of oceanic crust, or of a combination of both. Figure 5.1 shows the surface of
the Earth divided into 17 plates (see DeMets et al., 1990, 1994) together with
two microplates. There does not appear to be any formal definition of a
microplate. Originally, Le Pichon (1968) proposed there were six major aseismic
plates, but since that time it has been found that relative motion exists between
North and South America and between India and Australia (Wiens et al., 1985)
and that there are several smaller plates. Other minor plates not shown in Fig. 5.1
are Nubia (west Africa) and Somalia (east Africa).

The sea-floor spreading hypothesis maintains that these plates are in constant
motion and that seismic boundaries between them delineate zones where oceanic
crust is created or destroyed, continental crust extended or compressed, and
crustal plates are translated laterally along faults without change in their surface
area. Some of the principal points of the plate tectonics model are illustrated in
Fig. 5.2. Three flat-lying layers are distinguished. The lithosphere, which
generally includes the crust and upper mantle, has significant strength and is of
the order of 100 km in thickness. The asthenosphere, which is a layer of
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Fig. 5.2. Model illustration of plate tectonics showing the roles of the lithosphere, asthenosphere
and mesosphere. Arrows on the lithosphere indicate relative motions and in the asthenosphere
represent possible compensating flow in the mantle. An arc to arc transform fault appears at the left
between oppositely facing island arcs, two ridge-ridge transform faults along the ocean ridge are in
the center, and a simple arc structure is at the right. From Isacks et al. (1968).

effectively no strength on the appropriate time scale, extends from the base of
the lithosphere to a depth of several hundred kilometres. The mesosphere, which
may have strength, makes up the lower remaining portion of the mantle and is
relatively passive, perhaps inert, in tectonic processes.

The lithosphere as defined above corresponds with the seismic lithosphere, a
region of high seismic velocity at the top of the mantle overlying a low-velocity
zone. The bottom of the seismic lithosphere is characterized by an abrupt
decrease in shear-wave velocities at depths of 150-200 km under the continents
and 10-50 km under the ocean floor depending on age (Regan and Anderson,
1984). This corresponds roughly to the 600°C isotherm below the ocean floor,
which approximates the effective elastic plate thickness (i.e., the thickness that
reacts to loads and deformation as an elastic sheet). The asthenosphere is often
equated with the seismic low-velocity zone that arises from the increase of
temperature with depth. It should be noted that the thermal lithosphere has been
defined as having its lower boundary as the depth to a constant isotherm, usually
modeled to be in the range 1250-1350°C (McKenzie and Bickle, 1988).
Depending on its age, this corresponds to a depth of 10-125 km below ocean
floor or, in the case of continental lithosphere, to a thickness of 100-200 km.
Old cratonic lithosphere may be up to 400 km in thickness (Jordan, 1975). The
boundary between the lithosphere and the asthenosphere is a transition zone
referred to as the lower thermal boundary layer. However, the lowermost part of
the thermal lithosphere may deform in a ductile fashion over time and thus is not
really part of the tectonic plate that moves as a mechanical unit in plate tectonics.

The movement of these plates on the surface of a sphere is best understood in
terms of rotations by applying Euler’s theorem. If one of two plates is taken to
be fixed, the movement of the other plate corresponds to a rotation about some



186 Paleomagnetism: Continents and Oceans

= iosy ", £ .'\ e
/ ] | \ T
ey / \ "4 1
B 4 \ _/ \\[‘;]l‘\‘l\' 2

Block 1 — e

\

Fig. 5.3. On a sphere the motion of block 2 relative to block 1 must, according to Euler’s theorem,
be a rotation about some pole. Transform faults on the boundary between 1 and 2 must be small
circles (lines of latitude) about the Euler pole. From Morgan (1968).

pole (Fig. 5.3) with angular velocity @. Mathematically, ® is a vector pointing
outwards along the rotation axis and is reckoned as positive when the rotation is
clockwise looking outwards from the center of the sphere. However, it is
commonly found more convenient to visualize these rotations as viewed from
the surface of the Earth looking toward the center. The convention has therefore
developed to regard rotations as being “clockwise” or “counterclockwise” when
viewed from the surface of the Earth, corresponding mathematically to negative
and positive angular rotations, respectively. If a is the radius of the Earth
(Fig. 5.4) and the angular distance from a point S on one plate to the pole is ¢,
then the magnitude v,, of the relative velocity at that point is given by

Vv, =ansing . (5.1.1)
The relative velocity thus has a maximum at the “equator” and vanishes at the
pole of rotation. The relative velocity vectors must lie along small circles or
“latitudes” with respect to the pole, which has no significance other than being a
construction point. When several plates are in relative motion, as at the present
time (Fig. 5.1), then it is possible to use the property of angular velocities that
they behave like vectors. Around any closed circuit crossing several plates, A, B,
C, D, etc., the sum of the angular velocities must be zero, that is,

40 tpOctc0Op+p0,=0, (5.1.2)
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Fig. 5.4. Cross-section through the Earth showing the variation of spreading rate v with angular
distance ¢ from the pole of rotation.

where ,o; is the angular velocity of the rotation that describes the magnitude
and direction of the relative motion between plates 4 and B. The sense of the
rotation is found by moving from plate A to plate B and so on. There are many
points on the Earth’s surface where three plates meet, called triple junctions.
Triple junctions can arise from any combination of the three types of plate
boundaries (ridges, trenches, transform faults) meeting at a point. Their stability
conditions and evolution have been discussed by McKenzie and Morgan (1969).

The Euler poles of rotation and angular velocity vectors describing the average
motion between the plates over the past few million years can be determined by
combining ridge spreading rates, transform fault azimuths, and earthquake slip
vectors determined from fault plane solutions. Since the original global
calculations of Le Pichon (1968) and Morgan (1968), successive new global
plate motion models have been constructed by Chase (1978), Minster and Jordan
(1978), and DeMets et al. (1990, 1994) as new high-quality data have become
available. In addition, current plate motions can be measured at the millimetre
per year level using various geodetic techniques such as very long baseline
interferometry (VLBI), satellite laser ranging (SLR), and global positioning
system (GPS) interferometry. Global analyses using VLBI and SLR at 20 sites
on five plates (Australia, Eurasia, Nazca, North America, and Pacific) show
excellent agreement between the geodetically determined plate motions over the
past two decades and those measured geophysically on the 02 Myr time scale
(DeMets, 1995). The current instantaneous poles of rotation describing the
motion between those pairs of plates that are mainly separated by mid-ocean
ridges (Fig. 5.1) are summarized in Table 5.1 from the NUVEL-1A model of
DeMets et al. (1994). The “equatorial spreading rate” is that which would occur
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TABLE 5.1

Instantaneous Poles of Rotation and Magnitudes (®) of Angular Velocities Describing the Present
Motion Between Pairs of Plates (Fig. 5.1)°

Plate Pairs Pole Lat. Pole Long. ® Equatorial spreading
°N) (°E)  Myr 1) rate (km Myr")
North America — Pacific 48.7 -78.2 -0.75 -83.5
Cocos ~ Pacific 36.8 -108.6 -2.00 -222.6
Nazca — Pacific 55.6 -90.1 -1.36 -151.4
Antarctica — Pacific 643 -84.0 -0.87 -96.8
North America — Eurasia 62.4 135.8 0.21 234
North America — Africa 78.8 383 0.24 26.7
South America — Africa 62.5 -394 0.31 34.5
Antarctica — Australia 13.2 38.2 0.65 723
Antarctica — Africa 5.6 -39.2 0.13 14.5
Australia — India -5.6 77.1 -0.30 -334
Africa - India 23.6 285 0.41 45.6
Africa - Arabia 24.1 24.0 040 44.5

Note. The second plate moves clockwise relative to the first plate.
“From DeMets et al. (1994).

when ¢ = 90°. For most ridges (e.g., the Cocos—Pacific ridge) ¢ never
approaches 90° and the fastest actual spreading rate today is about 150 km Myr”
along the East Pacific Rise separating the Nazca and Pacific plates.

5.1.2 Vine—Matthews Crustal Model

Newly erupted ocean-floor spreads smoothly away from the mid-ocean ridges.
Because these submarine basalts cool quickly from high temperatures in the sea
water environment, they contain fine-grained titanomagnetite of average
composition Fe, TipcO4 (TM60). This quenching process prevents high-
temperature deuteric oxidation, as generally occurs in subaerial basalts, so that
typical Curie temperatures lie in the range 150-200°C. Rapid cooling is also
responsible for the fine grain size, enabling oceanic basalts to acquire an intense
TRM and become excellent recorders of the paleomagnetic field.

Vine and Matthews (1963) and Morley and Larochelle (1964) proposed that
the lineated magnetic anomalies (magnetic stripes), which are observed parallel
to and on either side of the mid-ocean ridge, are records of past reversals of the
geomagnetic field. They therefore modeled the magnetic anomalies as being
produced by strips of crust of alternating polarity at increasing distances (and
therefore age) from the ridge crest (Fig. 5.5). For a uniform spreading rate the
strips, and their linear magnetic anomalies at the ocean surface, will have widths
related to the durations of the geomagnetic polarity epochs. In analyzing these
anomalies it is usual to use the effective susceptibility of the material according
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Fig. 5.5. Schematic representation of sea-floor spreading and the formation of linear magnetic
anomalies due to reversals of the Earth’s magnetic field as proposed by Vine and Matthews (1963).
Normal polarity zones are shaded. Only major subchrons are shown. Updated after Allan (1969),
with the permission of Elsevier Science.

to (2.1.3) given by the total magnetization (remanent plus induced) as in (2.1.2)
divided by the present magnetic field strength. However, the magnetic properties
of rock samples dredged from the ocean floor demonstrated the predominance of
remanent magnetization since the actual susceptibility is comparatively low. For
basalts the effective susceptibility is of the order of 0.1 SI units, corresponding to
a magnetization of about 5 Am™.

5.1.3 Measurement of Marine Magnetic Anomalies

Marine magnetic anomalies are generally measured by towing a total-field
magnetometer on the ocean surface behind a ship at sufficient distance so that
the magnetic effects of the ship are below the noise level of the magnetometer.
Anomalies may also be measured by flying an aircraft equipped with a suitable
magnetometer at a known height above the ocean surface. Satellite
measurements may also be used but the filtering effect of the height above the
ocean floor makes the results less valuable because most of the detail is lost.
Most ship-borne magnetometers are proton precession or fluxgate types that only
measure the total intensity F of the geomagnetic field. At any point on the
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Earth’s surface the expected value of the total intensity (F;) may be calculated
using the International Geomagnetic Reference Field (IGRF) for the appropriate
epoch, as defined in §1.1.3. The magnetic anomaly (AF) is then given by

AF=F-F, . (5.1.3)

It is worth noting that this does not necessarily give exactly the same value for
the anomaly as would be obtained using vector observations and calculations.
Ocean-surface magnetometers measure the geomagnetic field up to S km or
more above the ocean floor, but sometimes deep-tow magnetometers, which
follow the bottom topography of the ocean floor at a fixed distance above it
(generally in the range 50-200 m), are used (Luyendyk et al., 1968; Greenewalt
and Taylor, 1974; Macdonald, 1977; Sager ef al., 1998). Parker (1997) discussed
the analysis and interpretation of measurements from two deep-tow
magnetometers in which the second magnetometer is towed 300 m above the
first, giving in effect a vertical gradiometer. Deep-tow magnetometers provide
much more detail that those that measure at the ocean surface because they are
nearer to the signal source. An example of this difference is shown in Fig. 5.6, in
which the detail measured by the deep-tow near the ocean floor is lost when
measured at the surface. In the early days of interpreting marine magnetic
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Fig. 5.6. Magnetic anomaly profile across the mid-Atlantic ridge at a height of about 100 m above
the ocean floor using the deep-tow magnetometer package FISH (Fully Instrumented Submersible
Housing) compared with that obtained at the ocean surface. After Greenewalt and Taylor (1974).
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anomalies according to the Vine-Matthews crustal model the filtering effect of
the height above the ocean floor actually provided some advantage in that it
presented a simpler and cleaner data set. However, in their analysis of the
Cenozoic reversal time scale (§4.5.2) McFadden and Merrill (1984) suggested
that short subchrons (typically <30 kyr, see also Marzocchi, 1997) were missing
from the reversal record. In a theoretical analysis of data from the Juan de Fuca
Rise, Parker (1997) concluded that there is a maximum resolution of about
36 kyr. Note that this is not the detection limit; under favorable circumstances it
is possible to detect events much shorter than 36 kyr. With the improved systems
and analysis capability available today, it is important to obtain records with the
maximum possible resolution. Autonomous underwater vehicles, AUVs, which
operate without a tether or human intervention, represent an emerging
technology that can be used in the deep oceans for this purpose.

5.1.4 Nature of the Magnetic Anomaly Source

Basaltic magma that rises from shallow depths in the upper mantle is extruded as
pillow lavas in the region known as seismic layer 2A (approximately 0.5-1 km
thick). The magma may be intruded as sheeted dikes and sills into the underlying
layer 2B (about 1 or 2 km thick) or as slow cooling gabbros into layer 3 (about
2-5km thick). This crustal structure is illustrated in Fig. 5.7 and was first
inferred from studies of ophiolite suites, such as the Macquarie Island ophiolite
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Fig. 5.7. The petrologic, seismic, and magnetic structure of typical oceanic crust. The solid and
dashed lines indicate alternate possible variations in magnetization. From Dunlop and Ozdemir
(1997), with the permission of Cambridge University Press.
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(Banerjee, 1980) or the Troodos ophiolite (Hall et al., 1991). This was later
confirmed by direct sampling of the ocean floor through the Deep Sea Drilling
Project, DSDP, or the Ocean Drilling Project, ODP, (Johnson and Atwater, 1977,
Prévot et al., 1979; Smith and Banerjee, 1986).

The geothermal gradient beneath mid-ocean ridges can be as high as
100°C km™, and the Curie points of the primary titanomagnetites lie in the range
150-200°C (§5.1.2). Therefore, the depth of the Curie point isotherm is only a
few kilometres and this is the main constraint on the thickness of the source layer
for the magnetic anomalies (Fig. 5.8). The slower cooled sheeted dikes and
gabbros of layers 2B and 3 generally have Curie points in excess of 500°C, but
their magnetization is at least an order of magnitude less than the overlying
pillow lavas. As the newly formed lithosphere spreads away from the ridge the
deeper rocks cool more slowly than those near the surface. The cooling fronts,
and thus the boundaries of the blocks of opposite polarity, are not vertical but
curve away from the ridge with depth (Fig. 5.8).

Well before new ocean floor has spread 20 km from the ridge axis (~1 Myr at
the relatively slow spreading rate of 20 km Myr'l), sea water has penetrated
along deep fissures and oxidized the primary titanomagnetites (Bleil and
Petersen, 1983). This process of low-temperature oxidation produces
titanomaghemite (see §2.2.2, Fig. 2.9, and §3.5.1, Fig. 3.18). The inverse spinel

Fig. 5.8. Vertical structure and 500°C isotherm in oceanic crust near a spreading ridge. The normal
(N) and reverse (R) blocks of magnetized ocean floor are not vertical but curve away from the ridge
axis. After Dunlop and Ozdemir (1997), with the permission of Cambridge University Press.
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lattice of the titanomagnetite is preserved during oxidation except for high values
of the oxidation parameter z. The change in the lattice parameters is <1% and as
a result the exchange coupling will be unbroken across the titanomagnetite-
titanomaghemite phase boundary. Therefore, it can be expected that the CRM of
the titanomaghemite will inherit the original TRM direction of magnetization of
the titanomagnetite. Even after a high degree of oxidation the CRM should be
indistinguishable from the initial remanence except for a decrease in intensity
due to the change in M,. Both laboratory experiments (Ozdemir and Dunlop,
1985) and observations of magnetizations in variably oxidized ocean floor
pillow lavas (Soroka and Beske-Diehl, 1984) confirm this to be the case.

The variation of ocean crustal magnetization with distance from the mid-ocean
ridge has been quantified by rock magnetic studies (Irving, 1970; Johnson and
Atwater, 1977; Bleil and Petersen, 1983), magnetic anomaly surveys (Wittpenn
et al., 1989) including near-bottom surveys (Macdonald, 1977), and results from
deep-sea drilling (Johnson and Pariso, 1993). Of particular interest is the fact that
the central anomaly is much more intense than the subsequent anomalies and
generally requires a magnetization source about twice as strong. Analyses of
near-bottom profiles and rock magnetic studies of dredged samples have
previously documented a decrease in magnetization by a factor of five within
about 3 km of the ridge crest. The time constant of the magnetization decay (the
time for the magnetization to reduce to 1/e of its initial value) has been inferred
to be ~0.5 Myr. Seismic studies indicate that there is a rapid thickening of layer
2A within a few kilometres of the ridge crest where the extrusive layer increases
from ~0.1-0.2 to 0.3-0.5 km through the addition of flows that may extend 1 or
2 km off the ridge crest. Paleointensity measurements indicate that prior to about
10 kyr ago the geomagnetic field strength was much less than it is now (Merrill
et al., 1996). A magnetic source layer modeled with such a variation would
produce an overall axial anomaly low so that the only likely explanation of the
magnetization contrast required for the central anomaly high is a more rapid
alteration of the source layer and its magnetization than has previously been
inferred.

The problem of explaining the central anomaly high has been resolved by
remanence data from dredged basalts and from near-bottom magnetic profiles of
the fast-spreading East Pacific Rise (Gee and Kent, 1994). Forward modeling
incorporating the thickening of the source layer clearly demonstrates that the
~0.5 Myr time constant previously inferred for the magnetization reduction is
too long by at least an order of magnitude (Fig. 5.9). The time constant of the
magnetization reduction is estimated to be 20 kyr. The best fitting model for
both the near-bottom and ocean surface magnetic profiles suggests layer 2A
thickens from 0.2 to 0.45 km by 3 km from the ridge crest with a 0.3-km-wide
neovolcanic zone at the center in which the magnetization is constant, followed
by an exponential decay of the magnetization with distance. Further near-bottom
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magnetic profiles from the Juan de Fuca ridge (Tivey and Johnson, 1995) across
a newly erupted lava flow show strong magnetic anomalies and a high crustal
magnetization with >50 Am’' contrast relative to the surrounding older lavas.
There is also a clearly defined short wavelength magnetic low over the center of
the flow as seen by the data from the East Pacific Rise (Fig. 5.9).

Although the spatial association of high-amplitude magnetic anomalies with
iron-rich lavas is well documented, direct evidence of the link between high iron
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Fig. 5.9. Forward modeling of ocean-surface and near-bottom magnetic anomalies across the central
anomaly on the East Pacific Rise. Seismic data indicate thickening of layer 2A from 0.2 to 0.45 km
within 3 km from the ridge crest. A time constant of 0.5 Myr for the magnetization reduction from
the ridge crest produces a negative anomaly in both cases. A 20-kyr time constant with a 0.3-km
central neovolcanic zone of constant magnetization matches both observed profiles, including the
short wavelength low within the central zone. From Gee and Kent (1994).
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content and high remanent magnetization has been difficult to establish. Gee and
Kent (1997) report the magnetization properties of axial lavas (age 0—6 ka) from
the southern East Pacific Rise that provide the first strong support for the
geochemical dependence of remanent intensity. The samples contain 8-16%
FeO* (the asterisk indicates total iron content as FeO) and the analysis shows
that saturation magnetization and saturation remanence are highly correlated
with FeO* indicating that the more iron-rich lavas have higher abundances of
otherwise similar titanomagnetite. These data indicate that the equatorial
magnetization of submarine lavas has a range ~10-50 Am™!, which corresponds
with iron content in the range 8.5-16% FeO*.

5.2 Modeling Marine Magnetic Anomalies

5.2.1 Factors Affecting the Shape of Anomalies

The anomalies expected from the Vine—Matthews crustal model will vary
depending on location and age. Consider the case of symmetrical anomalies
about a spreading ridge at the north pole and about N-S or E-W oriented ridges
at the equator as shown in Fig. 5.10. The crustal blocks will be magnetized in
opposite directions as the polarity changes, but only the first magnetic reversal is

Fig. 5.1. Latitude variation of the shape of the magnetic anomaly due to magnetized crustal blocks
adjacent to the axis of a spreading ridge. Normal polarity block is shaded. The external magnetic
field B due to an axial geocentric dipole is shown for three cases. (a) At the north pole the intensity
of the field is increased over the ridge axis. (b) At the equator a north-south oriented ridge
spreading east-west produces no magnetic anomaly (crosses and dots indicate north—south
horizontal fields perpendicular to the page, in and out respectively, along the ridge). (c) At the
equator, for an east-west oriented ridge spreading north—south, the intensity of the field is decreased
over the ridge axis.
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shown. The central block will be magnetized in the same direction (normal
polarity) as the present geomagnetic field and the adjoining blocks on either side
will be magnetized in the opposite direction (reverse polarity). During normal
polarity time the magnetic anomaly is positive at the pole (thus reinforcing the
field intensity as in Fig. 5.10a). At the equator the magnetic anomaly depends on
the ridge orientation and for a north—south ridge spreading east-west there is no
magnetic anomaly (Fig. 5.10b). However, for an east-west ridge spreading
north—south the magnetic anomaly is negative (thus reducing the field intensity
as in Fig. 5.10c).

It should be noted that certain distributions of magnetization (e.g., that
illustrated in Fig. 5.10b) will not produce an external field. Such distributions are
known as magnetic annihilators (Parker, 1977, 1994) and clearly demonstrate
the non-uniqueness of magnetic inversion. Of particular interest here is that an
infinite slab with uniform magnetization is such an annihilator. Thus any
anomaly observed over a large slab with constant thickness must arise from
changes or discontinuities in the magnetization. In the ocean floor there are
discontinuities at each change in polarity and it is these discontinuities that give
rise to the anomalies as shown in Fig. 5.10. When the magnetized blocks are
sufficiently narrow, as is often the case in the ocean floor, then these anomalies
can become superimposed.

The shape and intensity of the observed magnetic anomalies will depend on
several factors, including latitude as described above, the direction of the profile
in relation to the orientation of the magnetized blocks, and the spreading rate.
The effect of each of these factors is illustrated in Fig. 5.11. Figure 5.11a shows
a more detailed pattern of the latitude effect described in Fig. 5.10 for north—
south profiles at various latitudes. Note that at intermediate latitudes the
symmetry of the anomaly about the ridge crest becomes obscured as individual
blocks are no longer associated with a single positive or negative anomaly.
Figure 5.11b shows the variation of the magnetic anomaly pattern with the
direction of the profile for a location where the magnetic inclination is 45°. The
variation arises because only the component of the magnetization vector lying in
the vertical plane through the magnetic profile affects the anomaly. This
component is a maximum for east-west ridges with north—south profiles and a
minimum for north-south ridges. The spreading rate affects the detail shown in
the observed magnetic anomalies and the ability to detect short subchrons as
illustrated in Fig. 5.11c¢ for slow- and fast-spreading ridges.

Because of the variation in the observed magnetic anomalies at different
places, they obviously cannot simply be stacked to improve the signal to noise
ratio. Blakely and Cox (1972) overcame this problem by applying the geocentric
axial dipole assumption (§1.2.3) and the anomalies were transformed to what
they would be if the observation site were at the pole. This process is referred to
as reduction to the pole. After reduction to the pole and adjustment for different
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Fig. 5.11. The effects of latitude, profile orientation and spreading rate on the magnetic anomaly
patterns. After Kearey and Vine (1996) and DeMets et al. (1994).

(a) Variation with geomagnetic latitude for north-south profiles. Angles refer to magnetic
inclination.

(b) Variation with profile orientation at a fixed latitude, where the magnetic inclination is 45°.

(c) Variation with spreading rate. More detail can be obtained from the fast-spreading ridge.

spreading rates, magnetic anomalies may then be stacked so as to reduce the
noise and enhance the signal.

The first applications of the Vine-Matthews crustal model to the interpretation
of marine magnetic anomalies depended critically on the geomagnetic time scale
available at the time. Improvements in the geomagnetic polarity time scale,
especially the discovery of the Jaramillo event, led to improved analyses of the
ridge anomalies. Four of these are shown in Fig. 5.12 from the analysis of Vine
(1966) for four widely separated areas on the mid-ocean ridge system. In the first
two profiles from the Juan de Fuca ridge and the East Pacific Rise, the profiles
have been reversed for comparison. The remarkable symmetry displayed is
noteworthy. Note that the three profiles from mid-latitudes have central positive
anomalies, whereas the equatorial profile from the northwest Indian Ocean on
the Carlsberg ridge has a central negative anomaly (c.f. Fig. 5.10). Spreading
rates deduced varied from 15 to 44 km Myr! over the time interval 0—4 Ma, as
far back as the land-based geomagnetic polarity time scale extended at that time.
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Fig. 5.12. Observed magnetic anomaly profiles at various points on the mid-ocean ridge system are
compared with simulated profiles based on the polarity time scale and the Vine—Matthews crustal
model. Reproduced with permission from Vine (1966). © American Association for the
Advancement of Science.
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Fig. 5.13. Symmetry of magnetic anomalies about a ridge axis. Normal polarity block is shaded. A
symmetrical magnetization of the crustal blocks (left) is not parallel to the present external field B
(taken to be vertical) because the magnetization was acquired at another place and the magnetized
blocks have subsequently been displaced to their present position. The magnetization can be
divided into a component parallel (center) and perpendicular (right) to the external field. These
components produce symmetric and antisymmetric anomalies, respectively.

Vine (1966) showed that the model could be used beyond the limits of the
known polarity time scale. By constructing a configuration of blocks to match
the observed profile and assuming a constant rate of spreading, the geomagnetic
polarity time scale could be extrapolated to the limits of the area being surveyed
(see §5.3.1).

The assumption that the anomalies are symmetric about a spreading axis if the
magnetization is symmetric is not necessarily true and is not always observed.
The symmetry may be partly an accident of the strike of the ridges under
investigation. The observed symmetry in many marine magnetic anomalies over
ocean ridges is a result of the predominant north—south orientation of the ridges
at the present time. Consider the case of the symmetric magnetization of adjacent
crustal blocks that have been displaced some distance from the spreading axis so
that their magnetization is now not paralle] to the external magnetic field. This
situation is shown in Fig. 5.13, in which the external field is taken to be vertical.
The magnetization can be divided into a component parallel to and perpendicular
to the external field. These components produce symmetrical and
antisymmetrical anomalies, respectively. If, after reduction to the pole,
symmetric magnetic anomalies are observed, then this implies symmetric
magnetization and vice versa.

5.2.2 Calculating Magnetic Anomalies

The theoretical foundations for modeling marine magnetic anomalies were
established by Bott (1967), Schouten (1971), and Schouten and McCamy (1972).
The magnetization of layers 2B and deeper is at least an order of magnitude less
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than that of the basalts making up layer 2A (see §5.1.4, Fig. 5.7). Therefore, it is
assumed that the magnetization of the ocean floor can be modeled as two-
dimensional horizontal planar bodies lying immediately below the ocean floor.
Their thickness is defined by layer 2A, usually taken to be 0.5 km, which is
much less than the typical ocean depth of about 3% km. The direction of
magnetization is assumed to be parallel to the normal or reverse geocentric axial
dipole field.

When the magnetized blocks of the ocean floor have been displaced some
distance from the spreading axis, their magnetization is not necessarily parallel
to the present geomagnetic field. This changes the relative amplitude and shape
asymmetry of the magnetic anomalies as discussed in §5.1.3 (Fig. 5.13). The
shape asymmetry of an anomaly shows up in its Fourier transform as a phase
shift 8 (Bott, 1967; Schouten, 1971; Schouten and McCamy, 1972). Thus, phase-
shifting the Fourier transform of the anomaly (a simple linear filter operation)
can remove the asymmetry. The phase shift 9 is referred to as the skewness of the
magnetic anomaly and can be defined in two ways. Schouten and Cande (1976)
defined skewness of an observed anomaly as the phase shift that transforms a
symmetrical anomaly as seen in a downward vertical magnetic field into the
observed anomaly. The inverse of this phase shift can then be applied to an
observed anomaly to transform it so that the resulting shape is most similar to
that seen at the pole and is the equivalent of the method of reduction to the pole

> 1

Fig. 5.14. The x axis is normal to the strike of the body (azimuth A4). The effective inclination /'
(and If{) is the inclination of the vector component in the x—z plane. N,, is the direction of
magnetic north.
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(see §5.2.1) of Blakely and Cox (1972). However, Petronotis et al. (1992) define
skewness in the opposite sense, that is, by the phase shift O that transforms an
observed anomaly into the shape most similar to that expected for sea floor
formed and observed in a downward vertical magnetic field. The definition of
Schouten and Cande (1976) gives negative values of 6 between 0 and 360°,
whereas that of Petronotis et al. (1992) gives positive values of 8 between 0 and
360°. In the discussion that follows, the definition given by Petronotis et al.
(1992) is followed so that 0 has positive values.
For total intensity magnetic anomalies the skewness 0 is given by

0=180-1'-1I}, (5.2.1)

where /'and Iy are the effective inclinations of the ambient magnetic field and
the remanent magnetization vectors, respectively. The skewness 0 is therefore
independent of depth, layer thickness, or magnetization. The effective inclination
is the vector component in a plane normal to the strike of the body (Fig. 5.14). It
is a useful concept because it reduces the five parameters D, Dy, 4 (the azimuth
of the magnetic lineation at the site), /, and Iy, to the two parameters /' and /g .
A is defined as the strike direction, measured from true north, that is, 90°
clockwise from the direction in which the sea floor becomes younger. The
effective inclinations are then defined by

tanJ'= 0L (5.2.2)
sin(4- D) -
and van ]
an
tan[p =———R 523
R sin(4— Dg) ( )

Since the source is two-dimensional, the component of the magnetic vector in
the plane normal to the strike of the body is the only component that affects the
shape of the anomaly. The amplitude of the anomaly depends on depth, layer
thickness and magnetization, and the relative amplitude factor C given by
Jsnlsinly g cocay. (5.2.4)
sin /'sin I
Figure 5.15 shows how an arbitrary magnetic anomaly profile alters
appearance as 0 is varied from 0 to 360° in 30° increments. When 6 = 0 or 180°,
the anomaly is symmetric and when 6 = 90 or 270° it is antisymmetric. In all
other cases it is asymmetric. Compare the anomalies labeled 1, 2, or 3 for
skewness 0 to 90° with the central anomaly of Fig. 5.11a, in which the magnetic
inclination varies from 0 to 90°.
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Fig. 5.15. Magnetic anomaly profiles produced by the same arbitrary model sea-floor magnetization
but for various values of the skewness 6. Compare anomalies 1, 2, or 3 for skewness 0 to 180° with
the central anomaly of Fig. 5.11a. Modified after Blakely (1995), with the permission of Cambridge
University Press.

Weissel and Hayes (1972) first noticed that on many magnetic anomaly
profiles the observed skewness differs systematically from that predicted from
simple models. Cande (1976) introduced the term arnomalous skewness to
describe these discrepancies. He found that the effective remanent inclination
determined from anomalies on either side of the Pacific—Antarctic Ridge were
not equal but had an observed discrepancy of 20+8°. By attributing equal
amounts of the discrepancy to the anomalies on each side of the ridge, the
anomalous skewness was estimated to be 10+4°. An example of the effect of
anomalous skewness is illustrated in Fig. 5.16 for two synthetic profiles covering
the time interval 0—3 Ma. The amplitude of the sub-horizontal portion of an
individual anomalously skewed anomaly tends to decrease more rapidly (or
increase less rapidly) toward its younger end than do the anomalies with no
anomalous skewness.

An age dependence of anomalous skewness has been established by Petronotis
and Gordon (1989), and a dependence on spreading rate has been shown by
Roest et al. (1992). Anomalous skewness increases as spreading rate decreases.
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Fig. 5.16. The effect of anomalous skewness for two synthetic profiles using the block model shown
covering the time interval 0—3 Ma across a spreading ridge. (a) An ideal anomaly sequence with no
anomalous skewness. (b) The same anomaly sequence assuming 20° of anomalous skewness,
represented here by phase-shifting the anomalies left of the axis of symmetry by —20° and those to
the right of the axis by +20°. The amplitude of a subhorizontal portion of an individual anomalously
skewed anomaly tends to decrease more rapidly (or increase less rapidly) than do the anomalies
with no anomalous skewness. The bold lines above and below some of the wider anomalies show
the differences in the slopes of the anomalies. From Petronotis ef al. (1992).

Dyment et al. (1994) showed that anomalous skewness becomes negligible at
spreading rates above 50 km Myr'l. This dependence on spreading rate has been
explained as being due either to systematic variations of the geomagnetic field
intensity within each polarity interval (Cande, 1978) or to sea-floor spreading
processes causing the magnetic properties of the oceanic lithosphere to depart
significantly from the standard uniformly magnetized rectangular prism model
(Cande and Kent, 1976; Cande, 1978; Verosub and Moores, 1981; Raymond and
LaBrecque, 1987; Arkani—-Hamed, 1989). Dyment et al. (1994) point out that
obviously no geomagnetic field behavior can predict the observation, for the
same time interval, of a significant anomalous skewness at slow-spreading
centers and none at fast spreading centers so that this possible cause can be
eliminated. Therefore, the spreading rate dependence of anomalous skewness
most likely arises from sea-floor spreading processes.
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5.3 Analyzing Older Magnetic Anomalies

5.3.1 The Global Magnetic Anomaly Pattern

In an analysis of profiles across the Pacific—Antarctic ridge, Pitman and Heirtzler
(1966) extended the model as applied to the then known geomagnetic polarity
time scale, GPTS, for the time 0—4 Ma. By constructing a configuration of
blocks of alternating polarity and assuming the constant spreading rate of
45 km Myr!, as observed for the interval 0-4 Ma, they traced the reversals of
the geomagnetic field back to 10 Ma. The model is shown in Fig. 5.17. A
comparison of the profile and its reverse shows the remarkable symmetry
observed over a distance of 1000 km. The agreement between the resulting
computed anomaly profile with that observed convincingly demonstrated the
validity of the extrapolation beyond the known GPTS at that time. When this

Distance (km)
200 0 200 400  East
T 1

T T 1 T T L

Profile Reversed

West 400
— T

Model

1000
nT 4
0_.
O_
km
BRI NI TECT THENT T Y N I -
AN SN SN NN NN (S NN CUN NN N S S SHN N SR SN SR N S S
10 8 6 4 2 0 2 4 6 8 10

Age (Ma)

Fig. 5.17. The observed and reversed magnetic profiles across the Pacific-Antarctic ridge over a
distance of 1000 km. The reversed sequence beyond 4 Ma is inferred from the magnetic anomalies
by assuming a constant spreading rate in the interval 0—4 Ma. Reproduced with permission from
Pitman and Heirtzler (1966). © American Association for the Advancement of Science.
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model was applied to a profile across the Reykjanes Ridge on the opposite side
of the globe (Heirtzler ef al, 1966), a good agreement was obtained if a
spreading rate of 10 km Myr™' was assumed.

By 1968 it was apparent that correlatable sequences of magnetic anomalies
parallel to and bilaterally symmetric about the mid-ocean ridge system are
present over extensive regions of the Pacific (Pitman et al., 1968), Atlantic
(Dickson et al., 1968), and Indian (Le Pichon and Heirtzler, 1968) oceans. The
system of magnetic anomaly numbers was initiated by assigning numbers from 1
(at the mid-ocean ridges) to 32 (for the oldest anomaly) to the most prominent
positive magnetic anomaly peaks in the sequences. In a major review of these
results, Heirtzler et al. (1968) assumed uniform spreading rates in the different
oceans (the South Atlantic, the North and South Pacific, and the South Indian
Oceans.) and extrapolated from the GPTS for the past few million years. Perhaps
not surprisingly, this extrapolation led to different estimates of the polarity time
scale for each of the four regions involved. Based on the then available
information about the age of the sea floor, they took the bold step of resolving
the problem by deciding that the South Atlantic Ocean had spread at a constant
rate since the Late Cretaceous. Assuming a uniform axial spreading rate of
19 km Myr! at mid-latitudes in the South Atlantic, a magnetic reversal
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Fig. 5.18. Comparison of the paleontological ages of basal sediments in deep-sea drill holes with
the basement ages predicted from the magnetic anomalies. The 45° line is that expected for perfect
agreement. After Lowrie and Alvarez (1981), with the permission of the Geological Society of
America.
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chronology extending back to 80 Ma was then obtained. This chronology was
subsequently found to be consistent with ages obtained by paleontological dating
of basement sediments obtained by the DSDP (Maxwell et al., 1970; LaBrecque
et al., 1977). One comparison of paleontological ages of basal sediments with
magnetic anomaly ages is shown in Fig. 5.18.

The first substantial reanalysis of worldwide marine magnetic anomaly data
since that of Heirtzler et al. (1968) was undertaken by Cande and Kent (1992a)
to produce an updated time scale for the Late Cretaceous and Cenozoic. This was
later refined by Cande and Kent (1995), who still used the South Atlantic as a
reference ocean but assumed that its spreading rate had smooth variations that
could be approximated by fitting a spline through a set of calibration points.
Huestis and Acton (1997) argue that this assumption of smooth spreading at a
reference ridge forces more erratic spreading rates at other ridges. To eliminate
this problem, they proposed a formalism that penalizes nonsmooth spreading
behavior equally for all ridges. The method then defines the time scale that has
the best agreement with known chron ages and with anomaly-distance data from
multiple ridges and allows the spreading rate for each ridge to be as nearly
constant as possible. When applied to the data used by Cande and Kent (1992a)
to establish their time scale (which singled out one ridge for the preferential
assumption of smoothness) only modest changes, of <5%, were needed. A
conceptual disadvantage of the Huestis and Acton (1997) approach is that it
makes the unrealistic assumption that if any ridge changes spreading rate then all
other ridges change their spreading rates at the same time.

Since the first major summary and interpretation by Heirtzler et al. (1968) in
terms of the Vine—Matthews model and sea-floor spreading, detailed magnetic
anomaly surveys and analyses have been made over most of the world’s oceans.
In the North Atlantic, analyses in terms of sea-floor spreading include those of
Matthews and Williams (1968), Vogt et al. (1970, 1971), Rona et al. (1970),
Vogt and Johnson (1971), Williams and McKenzie (1971), Pitman et al. (1971),
Pitman and Talwani (1972), and Srivastava (1978). Sea-floor spreading in the
Indian Ocean since the Late Cretaceous has been analyzed by McKenzie and
Sclater (1971), Weissel and Hayes (1972), Sclater and Fisher (1974), and Norton
and Sclater (1979) and reviewed by Schlich (1982). Recent analyses of sea-floor
spreading between Australia and Antarctica include those by Cande and Mutter
(1982), Veevers et al. (1990), and Tikku and Cande (1999). Sea-floor spreading
between Madagascar and Africa has been analyzed by Rabinowitz et al. (1983).
The Pacific Ocean has been investigated in most detail and significant analyses
include those of Hayes and Heirtzler (1968), Pitman and Hayes (1968), Atwater

Fig. 5.19. (a) Isochron map of the ocean floor on a color-shaded relief map illuminated from the
northwest. After Milller et al. (1997).
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(1970), Atwater and Menard (1970), Hayes and Pitman (1970), Larson and
Chase (1972), Larson et al. (1972), Christoffel and Falconer (1972), Molnar et
al. (1975), Larson and Hilde (1975), Hilde er al. (1976), and Weissel et al.
(1977). A summary of the coverage of the Pacific Ocean from shipboard
magnetic surveys is given by Isezaki (1988). Cande er al. (1989) provide a
valuable summary in their map of magnetic lineations of the world’s ocean
basins, together with a comprehensive list of references.

The oldest magnetic anomalies occur in the western Pacific, the western North
Atlantic, and off northwest Africa and are referred to as the M sequence
anomalies (Larson and Chase, 1972; see §5.3.2). Larson and Pitman (1972) were
the first to make a detailed worldwide correlation of these anomalies and
establish their age. They realized that negative anomalies in the Pacific sequence
correlated with positive anomalies in the North Atlantic because the Pacific
anomalies were formed at or below the equator. Their reversal time scale for the
Late Jurassic and Early Cretaceous involved anomalies M1-M22. In later studies
of the western Pacific anomalies, Larson and Hilde (1975) added M0 and M23—
M25 to the time scale and Hilde et al. (1976) recognized M26. However, Cande
et al. (1978) resolved this into M26-M28 and added M29 to the sequence. The
oldest anomalies observed in the oceans are M30-M41; small-amplitude
anomalies in the western Pacific Jurassic quiet zone delineated by
Handschumacher ez al. (1988) initially to M38 and later by Sager et al. (1998) to
M41. The Jurassic quiet zone anomalies are discussed further in §5.3.3.

Using the reversal time scale established from analyzing marine magnetic
anomalies, it is possible to construct detailed maps of the age of the ocean floor
worldwide. One of the most significant developments in our understanding of
the structure of the ocean floor has come from the use of satellite altimetry data.
The surface of the ocean bulges outwards and inwards according to variations in
the topography of the ocean floor. These variations can be measured using
satellite radar altimetry with closely spaced profiles and can then be converted to
grids of vertical gravity gradient and gravity anomalies (Haxby, 1987; Smith and
Sandwell, 1994; Sandwell and Smith, 1997). Maps produced from these
measurements show many tectonic features in the oceans with more detail than
was previously known, especially in areas not well covered by ship surveys. By
combining these data with the latest magnetic anomaly identifications Miiller et
al. (1997) compiled a digital age grid of the ocean floor using a self-consistent
set of global isochrons and associated plate reconstruction poles.

Figure 5.19a shows the isochron map of Miiller et al. (1997) of the ocean floor
and Fig. 5.19b shows the corresponding spreading rates at each age. The

Fig. 5.19. (b) Spreading rate map (kindly provided by D. Miiller) corresponding to the isochron map
of Fig. 19a.
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TABLE 5.2
Estimates of the Timing of Continental Separation from Ages of the Oldest Magnetic Anomalies at
Various Continental Boundaries

Separating continents Oldest magnetic Age of separation
anomaly (Ma)

Greenland — Europe 24+ 60
North America — Greenland 34+ 90
North America — Iberia MO+ 130
North America — Africa M29+ 175
South America — Africa

North section: North of Benue Trough MO 120

South section: Just north of Agulhas FZ MI10 130
Africa — Antarctica (+India) M22-M24+ 160+
Antarctica — India M0O-M10 120-130
Africa — Madagascar 34 85
Australia — Antarctica 34+ 95
Australia — Lord Howe Rise 34+ 90
New Zealand — Antarctica 33+ 85
South America — Antarctica Mi2 135
India — Australia

North section: Argo Basin M25+ 155-160

South section: Perth Basin/Exmouth Plateau M10 130

“A “+” indicates that sea floor older than the anomaly number exists.

isochron map has implications for continental drift and ocean evolution. The age
of the last anomaly observed between previously adjacent continents gives the
age at which the continents started to separate. Table 5.2 gives estimates of the
age of separation of various continents determined from the age of the oldest
anomalies observed in each case. In many cases sea floor still exists beyond the
oldest anomaly that can be identified. In Table 5.2 this is indicated by a “+” after
the anomaly number. In that case an arbitrary 5 Myr has been added to the age of
the oldest identifiable anomaly to give the age of separation. In some cases the
onset of sea-floor spreading anomalies is time transgressive, becoming
progressively younger along the margin.

5.3.2 Magnetic Anomaly Nomenclature

Polarity chrons older than 5 Ma are designated by numbers correlated with the
marine magnetic anomalies. For example polarity chron C26r represents the time
of reverse polarity between the normal polarity chrons correlated with magnetic
anomalies 26 and 27. Using the prefix M for Mesozoic, polarity chrons for the
pre-Aptian sequences are generally described in order of increasing age by the
designation MO through M29. The situation is, however, somewhat confusing
because these M sequence anomalies were mainly (but not exclusively) assigned
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to reverse polarity anomalies. For consistency, Opdyke and Channell (1996)
used the prefix “C” (e.g., CM29) to distinguish polarity chrons as observed in
magnetostratigraphy from the magnetic anomaly numbers.

As additional polarity chrons have been identified the nomenclature has had to
evolve (LaBrecque et al., 1977; Harland et al., 1982, 1990; Cande and Kent,
1992a). The current nomenclature, following Cande and Kent (1992a), enables
every chron and subchron to be identified uniquely. The longest intervals of
predominantly one polarity are referred to by the corresponding anomaly
number followed by the suffix n for normal polarity, or r for the preceding
reverse polarity interval. When these chrons are subdivided into shorter polarity
intervals, they are referred to as subchrons and are identified by appending, from
youngest to oldest, .1, .2, etc., to the polarity chron identifier and adding an n or
r as appropriate. For example, the three normal polarity intervals that make up
anomaly 17 (chron C17n) are called subchrons C17n.1n, C17n.2n, and C17n.3n.
Similarly, the reverse interval preceding (older than) C17n.1n is referred to as
subchron C17n.1r. For more precise correlations, the fractional position within a
chron or subchron can be identified by the equivalent decimal number appended
within parentheses. For example, the younger end of chron C29n is C29n(0.0)
and a level three-tenths from this younger end is designated C29n(0.3).

Cande and Kent (1992a) introduced the term cryptochron (see Table 4.3) to
describe tiny wiggles in magnetic anomaly records that are clearly related to
paleomagnetic field behavior (Cande and Kent, 1992b) but may not be short
polarity subchrons or microchrons since they have not been confirmed in
magnetostratigraphic section. They can be modeled either as short subchrons (or
microchrons) or more likely as being due to longer period (50200 kyr) global
changes in the intensity of the Earth’s magnetic field. This latter interpretation
has been strongly supported by the similarity of ocean surface profiles of the
central anomaly with synthetic profiles based on Brunhes age paleointensity
records derived from deep-sea sediments (Gee ef al., 1996).

5.3.3 The Cretaceous and Jurassic Quiet Zones

Studies of marine magnetic anomalies have identified two quiet or smooth zones
of Cretaceous and Jurassic age in which there appear to be either no anomalies or
anomalies of extremely low amplitude with unclear interpretation. The
Cretaceous Quiet Zone is the best defined and is bounded by magnetic anomalies
MO and M34 corresponding to the Cretaceous Normal (KN) Superchron
originally identified by Helsley and Steiner (1969), as discussed in §4.2.3 and
§4.3.6 and shown in Fig. 4.8. It seems clear that this quiet zone originated
because the geomagnetic field remained in the normal polarity state from 118 to
84 Ma (Kent and Gradstein, 1986) and no magnetic anomalies were produced.
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Larson and Pitman (1972) proposed that the KN Superchron represented a
time during which there was a pulse of rapid spreading at all spreading centers in
both the Atlantic and Pacific oceans. They related this pulse of rapid spreading to
episodes of circum-Pacific intrusive and extrusive activity and orogenesis during
this period. Plutonism on a large scale occurred in eastern Asia, western
Antarctica, New Zealand, the southern Andes, and western North America
during the mid-Cretaceous. This is best documented in western North America,
where more than 50% of the exposed batholiths are dated between 115 and 85
Ma. If the granodiorites and granites that make up these batholiths are derived
from underthrust oceanic lithosphere, then large-scale lithospheric subduction (a
consequence of the rapid spreading in all the oceans during that time) is
required. Although this pulse of rapid spreading was disputed by Berggren et al.
(1975) on the grounds that the age limits of the quiet zone had been incorrectly
assigned, the current state of the polarity time scale shown in Fig. 4.8 apparently
still supports the original proposal (Larson, 1991). However, Heller et al. (1996)
argue that there are sufficient uncertainties in reconstructing plate motions to
question the reality of the rapid pulse in spreading rate.

Sclater et al. (1971) and Parsons and Sclater (1977) have shown that the depth
of the ocean floor is primarily a function of its age, with the most recent age—
depth curve being given by Stein and Stein (1992). This age—depth relation is a
consequence of the fact that the lithosphere formed at a spreading ridge is hot
and therefore elevated. As it moves away from the ridge axis it cools and
subsides (Menard, 1969; McKenzie and Sclater, 1971). As a result there is an
increase in the volume of spreading ridges with increase in spreading rate.
Therefore the volume of any ridge is a function of its spreading rate history.
Changes in the spreading rate cause changes in ridge volume together with
associated rises and falls in sea level. Larson and Pitman (1972) proposed that a
pulse of rapid spreading occurred during the time of the KN Superchron. Hays
and Pitman (1973) demonstrated quantitatively that the worldwide great marine
transgression and subsequent regression that occurred in the mid- to Late
Cretaceous may have been caused by this contemporaneous pulse of rapid
spreading deduced by Larson and Pitman (1972) to have occurred during the KN
Superchron. However, Gurnis (1991) shows that there are problems with this
linkage. Heller et al. (1996) point out that there are many other explanations for
the timing and magnitude of long-term sea level changes, including plate
reorganization with little or no change in spreading rates, such as the formation
of a new ridge, a new ocean, a new continental rift, ridge jumps and
reconfiguration of subduction zones. During the KN Superchron, plate
reorganization in the Pacific shows evidence of ridge jumps, indicating that more
of the ocean floor of this age may be preserved than has been presumed.
Therefore, both the basis of and apparent need for the mid-Cretaceous pulse of
sea-floor spreading is now in question (Heller et al., 1996).
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Fig. 5.20. Decreasing amplitude of magnetic anomalies in the Pacific observed from anomalies M19
to M26 approaching the Jurassic Quiet Zone. Ages are indicated according to the time scale of Kent
and Gradstein (1986). The reduced amplitude from anomalies older than about 159 Ma corresponds
with the minimum in the Mesozoic dipole low determined from paleointensities on land in the time
interval 160~170 Ma. After Cande ef al. (1978), with the permission of Elsevier Science.

The Jurassic Quiet Zone (JQZ) is observed off the east coast of North
America, the northwest coast of Africa, and in the western Pacific. It
corresponds to ocean floor of age older than M29 and is characterized by low-
amplitude anomalies whose interpretation has been controversial. The known
geomagnetic polarity time scale observed from sequences on land (Steiner and
Ogg, 1988; Gradstein et al., 1994; Opdyke and Channell, 1996) shows that,
contrary to previous perception, there is no long period of a single polarity that
could be correlated with this quiet zone. Several explanations have been offered,
by Mascle and Phillips (1972), Poehls et al. (1973), Hayes and Rabinowitz
(1975), Larson and Hilde (1975), Roots (1976), and Cande et al. (1978). The
problem is that many of the quiet zones occur adjacent to continental margins
and one suggestion is that they formed during the initial rifting of continents.
Spreading rates are at first slow, producing narrow magnetic bodies. When these
narrower bodies subside to continental margin depth, their anomalous magnetic
field is then attenuated at the ocean surface.

However, one of the most important results not known until recently is that the
intensity of the geomagnetic field was much reduced between 130 and 170 Ma,
with a minimum of about one-third of its Cenozoic value between 160 and 170
Ma (Prévot et al., 1990; Perrin et al., 1991; Prévot and Perrin, 1992; Kono and
Tanaka, 1995; Perrin and Shcherbakov, 1997; Kosterov ef al., 1997), as was
illustrated in Fig. 1.15. An envelope of decreasing anomaly amplitudes with
increasing age is observed from around anomaly M20 (~150 Ma) in the Pacific
(Larson and Hilde, 1975). Typical amplitudes of 250-500 nT are observed for
anomalies formed after M20, whereas those older than M25 have typical
amplitudes of about 50-70 nT (Fig. 5.20). Hayes and Rabinowitz (1975), Larson
and Hilde (1975) and Cande et al. (1978) suggested that this could be due to a
systematic decrease in field intensity going backwards in time. There is also a
remarkable linearity in the low amplitude magnetic anomalies that are seen in the
JQZ, especially in the faster spreading Pacific regions (Handschumacher ef al.,
1988; Sager et al., 1998).
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The frequency of reversals during the time of the JQZ is not observed to be
remarkably high on land (Gradstein ef al., 1994; Opdyke and Channell, 1996),
with rates of ~3 per Myr. However, Jurassic ocean floor is deep and anomalies
measured at the surface are attenuated. Sager ef al. (1998) investigated these
anomalies using deep-tow profiles over the western Pacific JQZ. The anomalies
show both short- and long-wavelength components. The short-wavelength
components are preferentially attenuated when upward continued to the ocean
surface. Sager et al. inferred that many of the short-wavelength anomalies
represented geomagnetic intensity fluctuations and were therefore cryptochrons
according to Cande and Kent (1992b). The polarity reversal model deduced from
the long-wavelength anomalies then becomes reasonably consistent with that
observed on land. This interpretation, coupled with the known decrease in global
field intensity at that time, appears to be a reasonable explanation of the JQZ
anomalies.

5.4 Paleomagnetic Poles for Oceanic Plates

5.4.1 Skewness of Magnetic Anomalies

The measurement of the skewness of magnetic anomalies as described in §5.2.2
provides a method for calculating paleomagnetic poles. The effective inclination
I' is easily determined from the geomagnetic field direction at the site
(generally calculated using the IGRF, see §1.1.3) and the azimuth A4 of the
source using (5.2.2). Therefore, if the skewness 6 is known, (5.2.1) can be solved
for Iy . Substituting into (5.2.3) the possible combinations of Dy and I,
together with (1.2.9) and (1.2.10), defines a semi-great circle of paleomagnetic
pole positions consistent with the observation 6. To further constrain the solution
to a single pole position instead of a possible pole path, it is necessary to
determine 6 for two sets of contemporaneous anomalies on a plate. The two
semi-great circles should intersect to give the paleomagnetic pole for the plate
for the age of the anomalies (Fig. 5.21a). In practice the estimated value of 6 in
each case can only be determined at a level of confidence A® of +5-10°.
Therefore, the values 6+A0 define a lune of confidence for lineations of the same
age. The intersection of two lunes of confidence for lineations of the same age at
two places on a rigid plate then determines the zone of confidence for the
paleomagnetic poles (Fig. 5.21b).

Schouten and Cande (1976) referred to the above method for determining
paleomagnetic poles as the “theta method”. It was first used by Larson and
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Chase (1972) on three sets of lineations in the Western Pacific. They found 8 by
computing a series of models for their lineations phase-shifted in 10° increments.
They then estimated errors by comparing the observed profiles with the models.
Although this gives a good estimate of O when the profiles are nearly symmetric
(0 near 0°), it is not as effective when the profiles are nearly antisymmetric (6
near 90°). Schouten and Cande (1976) proposed that the skewing effect of © be
removed (deskewed) by inverse phase filtering (Schouten and McCamy, 1972),
similar to the method of reduction to the pole of Blakely and Cox (1972). The
profiles are then inverse phase-filtered in 5° increments of 6. To calculate 6 and
its confidence level AB, suitable individual anomalies are compared with the
model profile. This will then give a range of values of 8 corresponding to the
best fit for each chosen anomaly. These values of 0 are then averaged to give a
mean value for the observed profile and the confidence interval AO can be
calculated.

The presence of anomalous skewness causes a systematic error in the effective
remanent inclination, and this limits the accuracy of paleomagnetic poles
determined from skewness data. Petronotis ef al. (1992) proposed the following
procedure to calculate paleomagnetic poles and to allow for the effect of
anomalous skewness. The anomalous skewness 0, is given by the difference
between the rrue effective remanent inclination I and the apparent effective
remanent inclination 7}y , according to

0y =g —Ihg (64 20). (5.4.1)

If A and ¢ are the latitude and longitude of the site, and A, and ¢, are the
corresponding coordinates of the pole position, then /y and Dy can be calculated
according to (1.2.9) and (1.2.10). Given a trial value for anomalous skewness 6,
and a trial pole position (A,, ¢,), a model apparent effective remanent inclination
can be predicted at each site from (5.4.1) and then compared with the
observations.

In the Schouten and Cande (1976) approach two distinct observations uniquely
define a best fitting paleomagnetic pole (Fig. 5.21) because only two parameters
A, and ¢, were adjusted. To allow for anomalous skewness 6, must also be
estimated; therefore, three distinct observations must be used in this case. For
three or more observed values of skewness, a pole position will rarely fit all the
data perfectly. A pole position is therefore calculated that minimizes the
weighted squared differences between the predicted and observed apparent
effective remanent inclination at each site.

The relative amplitude factor C also contains information about the remanent
magnetization vector from (5.2.4). Since the overall amplitude of the anomalies
also depends on the thickness of the source layer and the remanent
magnetization, C cannot be resolved from the amplitudes of the observed
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Fig. 5.21. Estimating a paleomagnetic pole position from the skewness of magnetic anomalies.
(a) Semi-great circles of possible pole positions, determined from unique values of 8 from two sets
of magnetic lineations located at =, intersect at the pole position. (b) The zone of confidence for the
pole position is determined by the intersection of two lunes of confidence, shown here with
AO = 10° in each case. From Schouten and Cande (1976).

anomalies. It is possible, however, to determine a locus of paleomagnetic poles
from a ratio of C for two regions. Assuming that the thickness of the source layer
is the same for the two regions and its magnetization only varies as a geocentric
axial dipole field, then the ratio of the amplitudes equals the ratio of C times the
ratio of the dipole paleointensity. Although the resolution of the ratio of
amplitudes is far less than the resolution of 8, the locus of paleomagnetic poles
can also be used as an independent source of information (Schouten and Cande,
1976).

5.4.2 Magnetization of Seamounts

Vacquier (1963) showed that if a combined magnetic and bathymetric survey of
a seamount is made, it is possible to calculate the direction of magnetization of
the seamount under the assumption of uniform magnetization. These directions
of magnetization are an equivalent of those determined paleomagnetically by
conventional methods and it is possible to calculate a paleomagnetic Fole for the
seamount. The growth of a small seamount takes place over 10°-10° years.
Secular variation will tend to be averaged out in the computation of its average
direction of magnetization. Larger seamounts may remain volcanically active
over a period of 10*-10’ years, and the problem arises that several polarity
changes may have taken place during this time. The seamount will not then be
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uniformly magnetized as will be found when the computed anomaly fails to
match the observed anomaly.

The original method proposed by Vacquier (1963) used a linear least squares
inversion of the magnetic anomaly constrained by the shape of the seamount.
The seamount is assumed to be uniformly magnetized, to be bounded by an
upper surface equal to its bathymetric surface, and to have a known lower
surface that is usually flat and assumed to be the same depth as the surrounding
ocean floor. This method has been improved or extended using more efficient
algorithms (Talwani, 1965; Plouft, 1976). Vacquier (1963) modeled the shape as
an aggregate of rectangular blocks, whereas Talwani (1965) used a stack of
laminas and Plouff (1976) a stack of layers. Attempts have been made to allow
for non-uniform magnetization in seamounts by dividing the topography into
discrete blocks. For example, McNutt (1986) divided the topographic shape into
two or three blocks, assuming each was uniformly magnetized and used least
squares methods to solve for the direction of magnetization within each block.

In order to allow for nonuniform magnetization the boundaries between the
uniformly magnetized blocks were determined subjectively, usually by
inspection of the residual magnetic anomaly. Parker er al. (1987) proposed an
entirely different approach and developed a method using linear inverse theory
in a Hilbert space. The method is particularly useful where seamounts have
magnetization inhomogeneities. The derived magnetic model maximizes the
uniformly magnetized part and minimizes the inhomogeneities. Hildebrand and
Parker (1987) applied this method to some seamounts in the Pacific Ocean
whose magnetization had previously been determined by the linear least squares
method. In most cases the differences between the results obtained by the two
methods were small. When modeling seamount magnetization it is assumed that
there are no induced or viscous components. This assumption is difficult to
verify because few seamount interiors have been sampled. However, it is
surprising that there is a predominance of seamounts modeled to have normal
polarity magnetization. Gee et al. (1989) sampled an uplifted seamount and
found that one-sixth of the magnetization may arise from induced magnetization.
Despite this, it seems that as long as the induced and viscous components are less
than about 15% (Q 2 7), the calculated paleomagnetic pole will be in error by
<5° (Sager and Pringle, 1988). A useful review of these methods together with
appropriate theory is given by Blakely (1995).

There has been considerable discussion as to the validity of the methods of
modeling seamount magnetization using the methods described above. Parker
(1988) has shown that the standard least squares method is unsatisfactory
because, in the case of nonuniform magnetization, the unfitted field is not due to
random contamination as required. He therefore proposed a statistical theory that
overcame this problem, showing that the paleomagnetic pole derived in this way
can be completely incompatible with that deduced from standard least squares
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inversion. Also, the magnetization of dredged and drilled samples from the
ocean floor shows that both basalts (Lowrie, 1974) and gabbros (Kent et al.,
1984) have log-normal distributions of magnetization. Limited sampling of
seamounts (Kono, 1980a; Gee et al., 1988, 1989) also shows similar log-normal
distributions that vary according to lithology and grain size. This means that the
model of uniform magnetization usually assumed is unrealistic. Parker (1991)
therefore developed a model for seamount magnetization in which the direction
of magnetization is fixed but the intensity of magnetization can vary with no
upper limit on magnitude. Application of this model to several seamounts
suggests that many published results using the assumption of uniform
magnetization may not be as well determined as has previously been thought.

It is useful to calculate some parameter that indicates how well the calculated
magnetic anomaly approximates to the observed anomaly. The most widely used
parameter is the goodness-of-fit ratio (GFR) defined as

GER = Mean observed magnetic anomaly

, 5.4.2
Mean residual anomaly ( )

where the mean residual anomaly is the mean difference between the observed
and calculated anomaly. A GFR <2.0 is usually regarded as an unreliable result
(Sager and Pringle, 1988).

Most seamount magnetizations have been determined from the Pacific plate.
However, to be useful for paleomagnetic studies the ages of the seamounts must
be known. The first attempt at plotting an apparent polar wander path (APWP,
see chapter 6) for the Pacific plate was carried out by Francheteau et al. (1970b).
They showed that the pole position determined from 17 seamounts in the vicinity
of the Hawaiian islands with ages 85-90 Ma lay at 61°N, 16°E with A¢; = 8°. The
Pacific plate has thus drifted approximately 30° northwards since the Cretaceous.
Sager (1987) indicates that there are now more than 90 results with GFR >2.0
from this region. Sager and Pringle (1988) conclude that only 22 of these
seamounts can be used for determining the apparent polar wander path for the
Pacific 0plate. There are 17 that have radiometric ages, with all but 3 of these
being “Ar/*°Ar total fusion or incremental heating ages, which are considered
the most reliable for dating basalts that have undergone submarine alteration.
The other 3 ages are high-quality K-Ar ages. Other means, including fossils
dredged from the reef cap or magnetostratigraphic arguments (Gordon and Cox,
1980a), have been used to date the remaining 5 seamounts.

5.4.3 Calculating Mean Pole Positions From Oceanic Data

Oceanic plates present the following types of data that provide information about
paleomagnetic pole positions.
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(i) Paleomagnetic measurements of inclinations (but not declinations) obtained
from deep-sea drilling cores (see §3.2.3 for analysis of inclination-only
data). This constrains the pole to lie on a small circle, centered on the
sampling site, at a distance given by the paleocolatitude (1.2.5).

(ii) Effective inclinations, calculated from the skewness of marine magnetic
anomalies, which constrain the pole to lie on a specific half great circle
(§54.1).

(iii) Ratio of relative amplitude factors from two sets of magnetic lineations of
the same age but created at different locations on the same plate. This
constrains the pole to lie on a locus defined by the intensity structure of the
geocentric axial dipole field (§5.4.1). Naturally these provide only a low-
resolution result.

(iv) Paleomagnetic poles determined from magnetic anomalies over seamounts
(§5.4.2).

(v) Paleoequators determined from geological analysis of marine sediment
cores (van Andel, 1974). In this case the equatorial zone of upwelling is
also a region of high biological productivity so that this zone is
characterized by high sedimentation rate and higher biogenic content than at
other latitudes. It is possible in some deep-sea cores to identify the age at
which the drill site crossed the equator. A datum from a single site can thus
be considered to be a paleocolatitude of 90°, defining a great circle of
possible pole positions.

Gordon and Cox (1980b) presented a method to yield a best fit pole position and
confidence limits for a combination of data of the types listed above. The two
fundamental assumptions in their method are that (a) each of the observations
arises from a common paleomagnetic pole, and (b) the errors from each datum
are random and mutually independent. It is then a question of identifying the
pole position that is most compatible with all the observations. Gordon and Cox
(1980b) chose maximum likelihood as the appropriate measure of compatibility.
That is, given the probability distribution for each observation, the most
appropriate pole is the one that gives the maximum joint probability (likelihood)
for the actual observations. They further assumed that for small errors the error
distribution for each datum is Gaussian. With this assumption, maximum
likelihood reduces to a weighted least squares estimation. Hence, as their test
parameter they used

2
. =Z(i—] : (5.4.3)

i

where the summation is over all observations, o; is the error in the i
observation, and §; is the deviation of the observation from the calculated value
for the current test position of the pole.
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For example, for inclination-only data, the datum is considered to be the
equivalent paleocolatitude. Thus, for these data

Si — piobs __p;nodel, (5.4.4)

obs

where p;” is the observed paleocolatitude and p™% s the colatitude of the
site for the current test pole position. Seamount poles constrain two degrees of
freedom (the latitude and longitude of the pole) in the analysis. The same
constraint can be achieved by having two great circles intersecting at right angles
at the seamount pole position. Therefore, seamount data with elliptical
confidence limits from one site are computationally equivalent to paleoequator
data from two sites with different errors. However, paleoequators are in effect
just a paleocolatitude with a nominal value of 90°. Therefore, the analyses of
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Fig. 5.22. The 72-Ma paleomagnetic pole for the Pacific plate and the data used in its calculation.
The solid dot is the location of the pole and the ellipse is its 95% confidence region. The stars
indicate paleomagnetic poles from seamounts, solid lines give the locus of possible pole positions
determined from paleocolatitudes, dotted lines show the half great circle locus of paleomagnetic
poles determined from the skewness of magnetic anomalies, and the dashed line represents the locus
of possible pole positions determined from the relative amplitude factor. From Sager and Pringle
(1988).
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seamount poles, inclination-only data, and paleoequator data are all reduced to
the analysis of paleocolatitudes from a computational viewpoint. For anomaly
skewness the datum is the effective inclination and so the difference between
observed and model effective inclination is used for §; in (5.4.4). The best
estimate of the pole position is that which gives the minimum value of xz.

Confidence limits in the estimated pole position are obtained by standard
linear propagation of errors. With these errors it is possible to calculate the
importance of each datum, bearing in mind that a datum such as a seamount pole
provides two constraints and therefore two importances, which should be
summed. Data importances are a measure of the contribution that any particular
datum makes in constraining the final estimate. If the importance of one datum is
substantially greater than that of the others, then there are three possibilities that
should be considered: (a) The uncertainty in that datum may have been grossly
underestimated, (b) the remainder of the data genuinely do not provide a useful
constraint on the result, and (c¢) the datum in question may be incompatible with
the rest of the data. Naturally, (c) is the most serious because it suggests that the
datum with the highest “importance” is in error either because of incorrect
measurement or because the age of the datum has been incorrectly assigned.
Bearing in mind the problems discussed in §5.4.2 regarding the modeling of
seamount magnetization, it is critical that seamount poles be accurately (as
distinct from precisely) determined. It is inevitable that seamount poles will have
the greatest importance since they constrain two dimensions. This is especially
the case if the great circles from the other data are subparallel because then the
result will be controlled entirely by the seamount data.

An example of the application of this method to a 72-Ma paleomagnetic pole
determined for the Pacific plate by Sager and Pringle (1988) is illustrated in
Fig. 5.22. As listed in Table 5.3 the analysis combines data from paleocolatitudes

TABLE 5.3
Paleomagnetic Poles for the Pacific Plate Derived from the Analysis of Various Oceanic Data
Age Methods” Pole Position Major semi-axis  Minor semi- Ref?®
(Ma) Lat(N) Long.(E)  (azimuth)() axis ()
26 I 81.1 24 7.1 (80) 1.2 I
39 LM 77.6 7.6 3501 2.4 2
57 S 77.6 3.6 6.5(91) 4.0 3
65 LS,CME 71.6 79 2.9(75) 1.8 4
72 S,LCM 70.0 36 32091 1.9 5
82 LM 58.4 359.0 2991 2.7 5
88 LM 56.6 3307 3.8(41) 3.1 5
125 ILSM 50.9 322.6 10.0 (60) 3.6 6

“I, inclinations from deep-sea cores; S, skewness of magnetic anomalies; C, relative amplitude
factor from magnetic anomalies; M, seamount magnetization; E, equatorial sediment facies.

#1, Acton and Gordon (1994); 2, Sager (1987); 3, Petronotis ef al. (1994); 4, Acton and Gordon
(1991); 5, Sager and Pringle (1988); 6, Petronotis ef al. (1992).
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Fig. 5.23. Apparent polar wander path for the Pacific plate for the past 125 Myr, based on the data
of Table 5.3. From Petronotis ef al. (1994).

determined from 7 deep-sea sediment cores, 5 analyses of skewness, 1 analysis
of the relative amplitude factor and 5 seamount paleomagnetic poles. These 18
measurements combine to give a paleomagnetic pole at 70.0°N, 3.6°E with
confidence limits having semimajor axis of 3.2° with an orientation of 91° and
semiminor axis of 1.9°.

The most recently determined apparent polar wander path for the Pacific plate
is that given by Petronotis ef al. (1994), based on the data listed in Table 5.3 and
illustrated in Fig. 5.23 (see §6.4.1 for details regarding plotting apparent polar
wander paths). The apparent polar wander path shows that the Pacific plate
drifted northwards from 82 Ma to the present, although not at a steady rate. Prior
to 82 Ma there is little northward motion and the east-west trend of the poles
could have been caused by a rotation of the Pacific plate between 125 and
82 Ma. Most of this period coincides with the Cretaceous Normal Superchron,
following which the plate drifted northwards. Several authors have suggested
from studies of the evolution of the North Pacific that a reorganisation of plate
boundaries occurred near the end of the KN Superchron (Rea and Dixon, 1983;
Sager and Pringle, 1987; Mammerickx and Sharman, 1988).

Unfortunately, analyses as described above have not been applied to plates
other than the Pacific. However, paleomagnetic inclinations have been measured
using the sediments and basalts from the many DSDP cores that have been
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TABLE 5.4

Paleomagnetic Pole Positions for the Indian Plate Derived from DSDP Core Inclinations”
Age range Mean age No. of sites Pole position Ags
(Ma) (Ma) Lat.(°N) Long.(°E) ©)
5-22.5 20 2 78.7 294.7 -
25-35 30 4 72.5 315.8 35
35-45 40 3 67.5 3122 12.0
45-55 50 4 57.7 3013 9.1
55-65 60 5 40.7 299.9 10.7
65-75 70 2 29.0 2914 -

“Declinations are simulated following Klootwijk (1979).
Note. Ay is the radius of the circle of 95% confidence about the mean pole position.

drilled at various sites in the Indian Ocean. Data from the eastern Indian Ocean
have been analyzed by Peirce (1976, 1978). Averaging inclination data alone
consistently underestimates the true mean value and correction must be made for
this effect (Briden and Ward, 1966; Kono, 1980b; McFadden and Reid, 1982;
see §3.2.3 for details). In addition, secular variation is often not averaged out
sufficiently when averages are taken from basalt horizons or from rapidly
deposited sediments. Peirce (1976) proposed a method that takes all these factors
into account and derived mean paleolatitudes as a function of time that described
the northward drift of the Indian plate for the past 70 Myr (Peirce, 1978). His
results were in good agreement with movements derived from sea-floor
spreading data.

Klootwijk (1979) extended the analysis of Peirce (1976, 1978) to include other
data from DSDP cores in the northwest Indian Ocean (see results listed in
Table 5.4 and Fig. 5.24 for the apparent polar wander path). By setting D = 0° at
the present time and using the rotation parameters for the Indian plate as given
by Powell et al. (1980), the paleodeclinations at any site for a given age could be
simulated. The method enabled the calculation of paleomagnetic pole positions
for the past 70 Myr for the Indian plate derived solely from oceanic data. There
is excellent agreement with the corresponding apparent polar wander path
determined from the Indian subcontinent itself (Klootwijk and Peirce, 1979).

5.5 Evolution of Oceanic Plates

5.5.1 The Hotspot Reference Frame

Most of the basaltic volcanism on the Earth’s surface occurs at plate boundaries,
either as mid-ocean ridge basalts or as volcanic arc basalts at subduction zones.
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Fig. 5.24. Apparent polar wander path for the Indian plate for the time interval 70-20 Ma derived
from DSDP cores as listed in Table 5.4.

Basaltic volcanism also occurs within plates on a much smaller scale and is
characterized by linear volcanic chains (hotspot lineaments) that grow older in
the direction of plate motion. The best known of these are the Hawaiian islands
and other island chains in the Pacific Ocean. Wilson (1963) proposed that these
resulted from limited upper mantle zones of melting called hotspots that remain
stationary as the lithospheric plates move over them.

Morgan (1971, 1972) proposed that hotspots were maintained by material
rising from the lower mantle through narrow mantle plumes [see Stacey and
Loper (1983), Loper and Stacey (1983), and Loper (1984) for theoretical work
on plumes] that formed part of the upward flow of a long-lived stable pattern of
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whole-mantle convection. It was supposed that these plumes do not change their
relative positions once they have become established.

The possibility that such hotspots might be fixed with respect to the mantle is
of interest in paleomagnetic studies because it suggests that they might form a
fixed reference frame for plate motions. In plate tectonics all plate boundaries
are in continuous motion with respect to one another and only relative motions
can be measured between plates. Paleomagnetic measurements are only able to
describe motions with respect to the Earth’s spin axis and thus determine
changes in latitude and orientation but not east-west motions (see further
discussion in chapter 7). Any possible motion between hotspots can be measured
by comparing the geometry and age distribution of volcanism along hotspot
tracks with past plate movements reconstructed from relative motion data.
Morgan (1972) first noted that the geometry of the Hawaiian—Emperor,
Tuamoto—Line and Austral-Gilbert-Marshall island and seamount lineaments
can be well matched by rigid plate motions over fixed hotspots presently located
at Hawaii, Easter Island, and Macdonald seamount, respectively. Subsequent
work has confirmed the fixed position of Pacific hotspots over the past 65 Myr.
Morgan (1981) and Duncan (1981) confirmed the fixed position of hotspots on
the African plate in the central and South Atlantic and the western Indian Ocean
over the past 120 Myr. Therefore, there appears to be good evidence that the
motion between hotspots within a given plate can remain fixed over long periods
of time (Duncan and Richards, 1991).

Measuring the possible motion between hotspots on different plates requires
that the relative motions between plates be well determined. Initial analyses by
Minster et al. (1974) and Minster and Jordan (1978) found no detectable motion
between hotspots globally for the past 5-10 Myr. Duncan and Richards (1991)
suggested that the maximum relative motion between hotspots has been only 25
km Myr! over the past 120 Myr. However, the fixed hotspot reference frame has
been seriously questioned by Tarduno and Gee (1995) who determined
paleolatitudes from the paleomagnetism of basalts from seamounts drilled in the
central, western, and northern Pacific Ocean during the Ocean Drilling Program.
Comparison of these direct measurements of paleolatitude with those predicted
from plate reconstructions provides a first-order test of the validity of fixed
hotspots. The data suggest only minor latitude shifts of Pacific hotspots during
the Cretaceous but require relative velocity between Atlantic and Pacific
hotspots of 30 km Myr!. Similarly, Tarduno and Cottrell (1997) measured the
paleolatitude of the Detroit seamount (81 Ma) in the northern part of the
Hawaiian—-Emperor chain. If the hotspot has remained fixed then the
paleolatitudes of any part of the volcanic chain should be equal to that of
present-day Hawaii. The measured paleolatitude of 36.2° is clearly different
from the present-day latitude of Hawaii of 19°. Previous paleomagnetic data
from the Suiko seamount (65 Ma and also part of the Emperor chain) gave a
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paleolatitude of 27° (Kono, 1980a), a value that is significantly different from
that of present-day Hawaii and of the Detroit seamount.

Originally the bend in the Hawaiian—Emperor chain was regarded as the best
example of a change in plate motion recorded in a fixed hotspot reference frame.
An alternative is that the bend merely records differences in motion of the
Hawaiian hotspot relative to the Pacific lithosphere. The paleomagnetic data
from the Detroit and Suiko seamounts now clearly support the latter view.
Tarduno and Cottrell (1997) therefore suggest that the Pacific hotspots may have
moved at rates comparable to those of lithospheric plates (>30 km Myr™') in the
time interval 81-43 Ma. McNutt et al. (1997) also questioned the validity of the
hotspot plume theory to explain the origin of the Cook—Austral chain of
volcanoes. New radiometric dates demonstrate that the southern Austral
volcanoes are actually composed of three distinct volcanic chains with a range of
ages spanning 34 Myr and with inconsistent age progressions; the technique of
cumulative volcano amplitudes (Wessel and Kroenke, 1998) may help resolve
this problem. It is possible that the volcanism in this region is controlled by
stress in the lithosphere rather than the locus of narrow plumes rising from the
deep Earth. A similar situation is apparent in relation to the Joban seamount
chain in the northwestern Pacific (Desiderius et al., 1997).

Results from seismic tomography suggest that much of the return convective
flow that balances plate motions occurs in the lower mantle. However the
hypothesis of a fixed hotspot reference frame assumes that the lower mantle is
almost rigid and thus has minimal internal relative motion. Steinberger and
O’Connell (1998) modeled the advection of plumes in a large-scale mantle flow.
Their results explain how it is possible for plumes under a single plate to show
little relative motion while at the same time moving relative to plumes under a
different plate. Therefore, it seems unlikely that plumes can be firmly anchored
in a convecting mantle and so the idea of a fixed hotspot reference frame can be
dispelled.

5.5.2 Evolution of the Pacific Plate

The Pacific is currently the largest oceanic plate. It contains no continents and
the magnetic anomalies extend back to 180 Ma. It should therefore be possible
by careful analysis to be able to deduce the evolution of the Pacific plate since

Fig. 5.25. Reconstructions of the Pacific basin at 20, 37, and 65 Ma in a fixed hotspot reference
frame after Engebretson ef al. (1985). Double heavy lines are ridge boundaries between oceanic
plates (dashed when inferred). Single heavy lines are transform faults (dashed when inferred).
Arrows show the motion of the plates, with the length of each arrow indicating 10 Myr of motion.
Pattern (x-x-x) indicates the extinct Pacific—Kula ridge. Diagonal shading indicates lithosphere that
could be either Kula (KU) or Farallon (FA) plate.
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that time by using all the information that is still preserved both in the magnetic
anomaly sequence and in the ocean floor features. Grow and Atwater (1970)
deduced, backwards in time, that there were at least two plates present in
addition to the Pacific plate. The present Juan de Fuca and Cocos plates are relics
of the Farallon plate, named after the Farallon islands located off the coast of
central California (McKenzie and Morgan, 1969). There was another plate north
of the Farallon plate, named the Kula plate by Grow and Atwater (1970). The
remnants of the Kula plate (Kula means “all gone” in an Athabascan Indian
dialect) are currently being subducted beneath the Aleutian arc. There was a
Pacific—Kula spreading center that became extinct at about 43 Ma. Other
important early studies include those of Francheteau er al. (1970a), Coney
(1972), and Atwater and Molnar (1973).

Many models have been presented for the former locations of ridges between
oceanic plates in the Pacific basin (Larson and Chase, 1972; Hilde et al., 1976;
Alvarez et al., 1980; Carlson, 1982; Woods and Davies, 1982). Engebretson et
al. (1984) derived relative motion Euler poles describing the displacement
histories between the Pacific plate and other plates that were once adjacent
during the late Mesozoic and Cenozoic (Farallon, Kula, Izanagi, and Phoenix
plates). Mainly using these reconstruction models, Engebretson et al. (1985)
produced a model for the displacement history between western North America,
eastern Eurasia and the adjacent oceanic plates for the past 180 Myr (Fig. 5.25).
The model was based on the assumption that the hotspots in the Atlantic region
have remained fixed relative to the hotspots in the Pacific basin (but not
necessarily relative to the spin axis). Despite the problems that now appear to be
present in sustaining the fixed hotspot assumption (§5.5.1), the model presented
by Engebretson et al. (1985) is based on the only complete analysis that has yet
been made of Pacific basin history over the entire time interval covered by the
Pacific magnetic anomalies.

The color diagrams of Fig. 5.25 show how the Pacific basin has evolved over
time with reconstructions at 20, 37, 65, 80, 110, and 140 Ma. These
reconstructions are shown in a reference frame in which the hotspots are held
fixed. Known plate boundaries based on isochrons and fracture zones now
preserved in the Pacific plate are depicted with solid double lines (ridges) or
solid single lines (transforms). Speculative ridges and transforms in regions
where neither of a plate pair is preserved are depicted with dashed lines drawn
perpendicular -and parallel to tangents of small circles about the appropriate
relative motion Euler pole for the time of the reconstruction. The locations of

Fig. 5.25 continued. Reconstructions of the Pacific basin at 80, 110, and 140 Ma in a fixed hotspot
reference frame after Engebretson er al. (1985). Barbed arcs are inferred island arcs, solid barbs
when active and open barbs when inactive. EU, Eurasia; FA, Farallon; KU, Kula; SA, South
America. Reproduced with the permission of the Geological Society of America.
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these boundaries are regarded as highly uncertain. Engebretson et al. (1985)
have estimated that the combined uncertainty in location for the reconstruction at
100 Ma is about 900 km.

At 20 Ma the reconstruction shows the Farallon plate in two parts, the northern
part being the Juan de Fuca plate of today and a southern part separated from the
Phoenix plate by a ridge system to the south. The location of the extinct Pacific—
Kula spreading center, assumed to have died at 43 Ma, is shown by the (x-x-x-x)
pattern. This extinct ridge arrived at the Aleutian trench at ~10 Ma. At 37 Ma the
Pacific plate first came into contact with North America. At 65 Ma the location
of the Kula—Farallon boundary is based on the interpretation of Woods and
Davies (1982) that the Kula plate broke from the Farallon plate at about 85 Ma.
The shaded areas in the 80- and 65-Ma reconstructions could be either Kula or
Farallon plate. The location of the Kula—Pacific boundary is not constrained by
ocean floor data and here the model proposed by Hilde e al. (1976) has been
followed.

For times older than 85 Ma, Woods and Davies (1982) proposed there was an
older plate to the west that they called the Izanagi plate, and this interpretation is
followed here for the 110-Ma reconstruction. The reconstructions for 110 and 80
Ma show that a major change took place in the plate geometry of the northwest
Pacific during this interval. At 140 Ma the Pacific—Izanagi and Pacific—Farallon
boundaries are known to have been spreading centers because of the presence on
the Pacific plate of magnetic anomalies produced along these ridges. In the
Cretaceous the Pacific Ocean was much more extensive than it is today because
India, Australia, and New Zealand were then joined to Antarctica. Spreading was
occurring from at least five spreading centers joined at two triple junctions
(Larson and Chase, 1972). At 110 and 140 Ma there was another triple junction
to the south and spreading centers to the south of the Pacific and Farallon plates
bordering the Phoenix plate.

As one moves forward in time from 140 Ma to the present, the Pacific plate as
shown in Fig. 5.23 has moved progressively northwards with respect to North
America. This is in total agreement with the northward motion shown by the
apparent polar wander path illustrated in Fig. 5.23.



Chapter Six

Continental Paleomagnetism

6.1 Analyzing Continental Data

For ages younger than about 180 Ma the sea floor provides a wealth of evidence
that can be used to understand the evolution of the Earth’s crust as discussed in
chapter 5. However, in the absence of an oceanic record for earlier times,
recourse must be made to evidence from the continents. This then demands the
application of continental paleomagnetism to plate tectonics, for which this
chapter lays the foundations.

There are four steps that have to be undertaken to establish the necessary
foundation. Techniques for the acquisition and analysis of continental
paleomagnetic data have evolved with time. This has led to the existence of a
large amount of data of highly variable quality, with the quality and quantity
generally improving with time. Despite this general trend, there is no one-to-one
relationship between when the data were acquired and their quality; some of the
earlier data may still be regarded as being of high quality, whereas some more
recently acquired data are of poorer quality. Therefore, the first step is to
establish a set of reliability criteria and then to apply these to the selection of
appropriate data.

The second step is to test the validity, throughout Earth history, of the basic
assumption used in the application of paleomagnetism to tectonics. This
assumption is that the geocentric axial dipole (GAD) model, described in §1.2.3,
is valid and therefore the data can be described in terms of the equivalent
paleomagnetic poles. Even though suitable reliability criteria have been used to
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select an appropriate set of data, the paleomagnetic poles for the same epoch for
a given region will often have been derived from widely varying numbers of
sites, yet they must be combined in a sensible manner. The third step, then, is to
establish a methodology for combining these poles, with the correct weighting,
into composite poles over suitable time intervals and then to apply this
methodology to the selected data. The fourth step is to make use of these
composite paleomagnetic poles to determine the motion of continental blocks
with respect to the geographic pole by determining apparent polar wander paths
as described in §6.4.2.

The results of these analyses provide the foundation at the continental level for
the plate tectonic syntheses that are discussed in chapter 7.

6.2 Data Selection and Reliability Criteria

6.2.1 Selecting Data for Paleomagnetic Analysis

The laboratory and analytical techniques used by paleomagnetists have evolved
and improved substantially with time. Cryogenic magnetometers with their
greater sensitivity and increased speed of measurement have led to larger and
more elaborate field collections. The use of computers has enabled more
sophisticated data analyses (such as principal component analysis) to be carried
out on large data sets. These developments have led to a general improvement in
the quality and quantity of data, which in turn has led to the currently available
data being of highly variable reliability. One cannot therefore merely take all
paleomagnetic measurements and use them indiscriminately as if they were
equally valid representations of the paleomagnetic field at the time a given rock
unit was formed. Thus, it is necessary to set up generic selection criteria that can
be used to eliminate those data that may be suspect. Naturally, these reliability
criteria are not foolproof and additional careful selection may still be required.

6.2.2 Reliability Criteria

With the improving quality of the data several different schemes for judging the
reliability of data have been suggested (see e.g., Irving, 1964; McElhinny,
1973a; Khramov, 1987; Van der Voo, 1993). Some hierarchical schemes have
been proposed (Briden and Duff, 1981; Li et al., 1990) but these have now been
abandoned because results that failed the first hierarchical level were
automatically rejected even though they had other excellent attributes that would
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have survived subsequent levels. The problem that arises in setting up any
selection scheme is that even if some criteria are not satisfied, the pole position
may still be a valid record of the ancient magnetic field, and conversely those
results that satisfy more than the minimum criteria may sometimes turn out to be
seriously in error. In practice it is often easier to know when a pole position has
been well determined than it is to know with any certainty that it is flawed. Van
der Voo (1990a) proposed a useful set of seven reliability criteria that can be
used for the selection of paleomagnetic data for tectonic studies. The selection
criteria are simple to use and overcome the objections to the hierarchical
schemes.

There are three basic criteria for a good paleopole determination: structural
control, age of the pole, and the appropriate laboratory treatment of sufficient
samples. In the scheme proposed by Van der Voo (1990a) one point is scored for
each of the criteria that is judged to have been satisfied in any study. A quality
factor Q in the range 0-7 is then assigned to each study and the data can be
accepted or rejected according to the overall point score. A summary of the
seven criteria is given in Table 6.1.

Van der Voo (1990a) suggests the following standards for the different
criteria. For criterion 1 the age for Phanerozoic rock units should be constrained
to be within a half-period, such as Late Jurassic or Early Silurian, or to be within
a numerical age range of +4%, whichever is larger. For Precambrian rocks the
age limits should be £4% or +40 Myr, whichever is smaller. It is important that
both the minimum number of samples and the minimum precision parameter
and the minimum error be satisfied (No. 2). The demagnetization procedure
must appropriately isolate the various magnetic components (No. 3). Blanket
demagnetization treatment is not sufficient for this criterion to be satisfied. Only
when vector subtraction is performed as illustrated by orthogonal vector
diagrams, by the use of stereonets giving change in direction combined with
M/M, intensity decay plots, or by principal component analysis can one be

TABLE 6.1
Reliability Criteria for Paleomagnetic Data”
No Brief description
1 Well-determined rock age and a presumption that the magnetization is the same age
2 Sufficient number of samples (N > 24), k (or K) = 10, and s (o1 Ags) < 16°
3 Adequate demagnetization that demonstrably includes vector subtraction information
4 Field tests that constrain the age of magnetization
5 Structural control and tectonic coherence with craton or block involved
6 Documented evidence of the presence of reversals

7 No resemblance to paleomagnetic poles of younger age (by more than a period)

“After Van der Voo (1990a).
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assured that the magnetic components are isolated as much as possible. Field
tests may not always be possible as required by (No. 4), but if such tests are
positive they satisfy this criterion. The area studied should clearly belong to the
craton or tectonic block involved (No. S). For orogenic belts, results from
intrusives with ages older than the last tectonic phase, or results from thrust
sheets that may have been rotated, will generally not satisfy this criterion. The
presence of reversals (No. 6) is a powerful test that enough time has elapsed for
secular variation to be averaged. Antipodal reversals also preclude any
systematic bias caused by an overprint. There should be no suspicion of
remagnetization (No. 7), a criterion satisfied when a pole position does not
resemble results from rocks of much younger age. A pole position based on a
remagnetization is only viable if the age of remagnetization is constrained by
independent means.

Few results satisfy all seven criteria; however, Van der Voo (1990a) suggests
that a data set satisfying on average most of the criteria (Q > 4) can be described
as more robust than one with 0 = 2.

6.2.3 The Global Paleomagnetic Database (GPMDB)

The Paleomagnetism Working Group of the International Association of
Geomagnetism and Aeronomy, IAGA, has established various databases in
paleomagnetism. The most important of these from the perspective of this book
is the Global Paleomagnetic Database, GPMDB, which contains details of all
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From McElhinny and Lock (1996), with permission from Kluwer Academic Publishers.
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paleomagnetic pole positions determined worldwide since the work of Chevallier
(1925). The database was first established in 1991 using the Oracle™ relational
database management system for personal computers (McElhinny and Lock,
1990a, b; Lock and McElhinny, 1991; McElhinny and Lock, 1993) and is
updated at least every two years and sometimes more frequently. In 1994 it was
moved to the new Microsoft Access™ relational database system, which was
much better suited to running on a personal computer (McElhinny and Lock,
1996). The database files are available on the internet from World Data Center A
in Boulder, Colorado, U.S.A. (Attp.//'www.ngdc.noaa.gov), or can be queried
directly from the internet site at the Norwegian Geological Survey in Trondheim,
Norway (http://dragon.ngu.no/Palmag/paleomag. htm).

The GPMDB is a fully relational database and it enables researchers to search
for data according to various selection criteria. Its structure is shown in Fig. 6.1.
However, no judgment or opinion is given regarding any individual entry in the
database, except where data are superseded by later studies of the same
formation and at the same localities as previous studies. Therefore, it is
important that, to assist with data selection, careful use be made of the
parameters included in the database.

Most of the important parameters required by the reliability criteria of Van der
Voo (1990a), discussed in §6.2.1, are included in the tables ROCKUNIT and
PMAGRESULT (McElhinny and Lock, 1990b). The rock age and its estimated
error (required for criterion 1) are given in ROCKUNIT. The parameters & (KD
in the database), N, and a5 (ED95 in the database), whose minimum values are
required by criterion 2, are given in PMAGRESULT. In the same table is a
parameter called the Demagcode (DC), which summarizes the demagnetization
procedures carried out and has integer values 0—5 as explained in Table 6.2.
Criterion 3 can only be satisfied when DC > 3. A summary of the various tests
carried out is given in the column TESTS using symbols F (fold test), F* (synfold
test), Fs (fold test with strain removal), G (conglomerate test), G* (intra-
formational conglomerate test), C (baked contact test), C* (inverse contact test),
R (reversals test) and M (rock magnetic tests such as those described in §3.5).
When the symbol for the field test is followed by a + sign this indicates that the
test is positive as required for criterion 4, with a — sign indicating a negative test.

TABLE 6.2
Integer Values of the Demagcode (DC) in the Global Paleomagnetic Database

DC  Description

No demagnetization carried out. Only NRM values reported.

Pilot demagnetizations on some samples suggest stability. Only NRM values reported.
Bulk demagnetization carried out on all samples, but no vector diagrams shown.
Vector diagrams or stereoplots with M/M, justify demagnetization procedures used.
Principal component analysis (PCA) carried out from analysis of Zijderveld diagrams.
Magnetic vectors isolated using two or more demagnetization methods with PCA.

B W — O
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Ra, Rb, and Rc indicate a positive reversal test at levels A, B, and C,
respectively, and Ro indicates the test is indeterminate, as discussed in §3.3.6.
The presence of reversals as required to satisfy criterion 6 is therefore quite
simply indicated by the symbol R. To show that criteria 5 and 7 are satisfied
requires further study by the investigator.

The table ALTRESULT gives details of the calculation for the mean of the
VGPs when available. The FIELDTESTS table provides information and
parameters relating to any field tests indicated under the column TESTS in
PMAGRESULT and CROSSREF gives the cross reference to the result if it has
also been detailed in any of the catalogs of paleomagnetic data (such as the Pole
Lists that used to be summarized in the Geophysical Journal of the Royal
Astronomical Society).

6.3 Testing the Geocentric Axial Dipole Model

6.3.1 The Past 5 Million Years

For many years it was customary to illustrate the validity of the GAD model by
plotting all paleomagnetic poles determined for the past few million years on the
present latitude-longitude grid and showing that they center about the
geographic pole (Cox and Doell, 1960; Irving, 1964; McElhinny, 1973a).
However, the validity of the GAD model is not correctly deduced from the
above observation. Worldwide data from a paleomagnetic field consisting of a
series of zonal harmonics (gl0 , gg , gg , €tc.), when plotted in this way, will always
produce a set of paleomagnetic poles that center about the geographic pole. The
paleomagnetic field is a time-averaged field and when this time averaging is
performed over time intervals much longer than the longest periods of secular
variation it might be supposed that the nonzonal components of the magnetic
potential ¥ of (1.1.4) will be eliminated, leaving only the zonal terms (m = 0) in
the potential. At the Earth’s surface r = a, so (1.1.4) reduces to

V=—a—Zg,°P,0(cose). 6.3.1)
0 =]

Opdyke and Henry (1969) showed that inclinations obtained from deep-sea
sediment cores worldwide were consistent with the GAD model for the past few
million years. However, this was only a first-order solution and showed that the
GAD was the dominant term. Wilson and Ade-Hall (1970) first noted that the
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(a) Normal (b) Reverse

Fig. 6.2. Analysis of global paleomagnetic results for the past 5 Myr by averaging over 45°
longitude sectors: (a) normal and (b) reverse. The paleomagnetic poles tend to plot too far away,
which typically puts them over the geographic pole. The number of spot readings of the field is
indicated for each average. Polar stereographic projection at 76°N. After McElhinny et al. (1996).

paleomagnetic poles from Europe and Asia for the past few million years tended
to plot too far away from the observation site along the great circle joining the
site to the geographic pole. This has been referred to as the far-sided effect.
Successive analyses by Wilson (1970, 1971), McElhinny (1973a), Wilson and
McElhinny (1974), Merrill and McElhinny (1977, 1983), Quidelleur et al.
(1994), Quidelleur and Courtillot (1996) and McElhinny ef al. (1996) confirmed
that this occurs on a global scale. Whereas in tectonic studies the selection
criteria given in Table 6.1 would require DC > 3 (Table 6.2), for data in the time
range 0—5 Ma it has been considered that data with DC > 2 are acceptable. The
far-sided effect is illustrated in Fig. 6.2 from the analysis of McElhinny et al.
(1996) in which global data for the past 5 Myr have been averaged in 45°
longitude sectors. The position of the mean pole is related to the sector in each
case, but the average of all eight sector poles still gives the geographic pole
within a degree. Note that the reverse data tend to plot further over the pole from
the sampling region than do the normal data.

Wilson (1971) introduced the concept of the common-site longitude pole
position as a convenient way to analyze the overall far-sided effect. The method
is to place all observers at zero longitude by replacing the pole longitude with
the common-site longitude given by the difference between the pole and site
longitudes. The data shown in Fig. 6.2 for the past 5 Myr have been analyzed in
this way and the global mean pole positions are summarized in Table 6.3 either
as an overall mean or as a common-site longitude mean. The mean common-site
longitude poles for the normal and reverse global data are shown in Fig. 6.3.
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TABLE 6.3
Mean Paleomagnetic Pole Positions for the Time Interval 0—5 Ma Both as the Overall Mean and as
the Common-Site Longitude Mean”

Common-Site Longitude

Overall Pole Position Pole Position
Data Set Polarity N LatN LongE A4y LatN LongE A
All Data N+R 6943 889 172.8 038 86.4 143.7 0.7
N 4455 89.4 105.4 0.8 87.2 143.9 0.8
R 2488 873 195.7 1.5 85.0 143.6 1.4
Igneous Rocks N+R 4408 89.0 143.4 0.8 874 148.3 14
N 2986 89.4 107.1 0.9 87.6 152.4 09
R 1422 87.7 162.3 1.5 86.8 142.0 1.5

“After McElhinny ef al. (1996). N is the number of sites. Ay is the radius of the circle of 95%
confidence about the mean.

When all the data are used (sedimentary and igneous rocks), the means are
discernibly different at the 95% confidence level (Fig. 6.3a), whereas they are
not when only igneous rocks are considered (Fig. 6.3b). Note that the mean poles
always fall to the right of the line joining the zero common-site longitude to the
geographic pole (particularly for the reverse polarity data). Wilson (1971, 1972)
referred to this as the right-handed effect. Egbert (1992) has shown that, for
simple statistically homogeneous models of secular variation, the distribution of
VGP longitudes peaks 90° away from the sampling locality. The bias is not
large, but it may contribute to the right-handed effect.

Wilson (1970, 1971) modeled the far-sided effect as originating from an axial
dipole source that is displaced northward along the axis of rotation rather than
being geocentric but was unable to explain the right-handed effect satisfactorily.

(a) All Data (b) Igneous Rocks Only
180°E 180°E
(\"—_ /\"—
82 1 821
Reverse
1 248 1
84 8 84 Reverse
1422
86T 86T
88t Normal 881 Normal

Fig. 6.3. Common-site longitude representation of the normal and reverse data shown in Fig. 6.2
and listed in Table 6.3 with circles of 95% confidence about each mean. Polar stereographic
projection at 80°N. After McElhinny et al. (1996).
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However, such modeling of the sources of the geomagnetic field is nonunique
and there are many possible sources that could equally satisfy the data. It is thus
always more appropriate to use spherical harmonics as suggested by (6.3.1).
Following James and Winch (1967), the magnetic potential V' at the Earth’s
surface of a dipole of strength m displaced a distance x along the axis of rotation
is given by

mx

V= (Bcos?0-1)+....... (6.3.2)

508 0+ 3
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If this is related to the expansion of (6.3.1), namely

2 f—
p =9 glcosgs L go 308 011, (6.3.3)
Ko Ko 2
then equating (6.3.2) with (6.3.3) gives
0 _ Mo 0 _ Zomx (6.3.4)
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For a small offset, therefore, Wilson’s offset-dipole model is (nonuniquely)
equivalent to a geocentric axial dipole (gl0 ) plus a geocentric axial quadrupole
(£Y), and the displacement x of the offset dipole can be expressed in terms of
the zonal coefficients (Wilson, 1970) as

0
¥ = _%a ) (6.3.5)
2g

McElhinny et al. (1996) examined in some detail what second-order terms,
beyond the geocentric axial dipole term, can realistically be deduced from
paleomagnetic data for the past 5 Myr (see also Merrill et al., 1996). Their
analysis suggests that there are no discernible nonzonal terms present and that
only a geocentric axial quadrupole term can be distinguished with the present
data set. This conclusion has been confirmed independently by Quidelleur and
Courtillot (1996). However, some authors (Johnson and Constable, 1995; 1997;
Gubbins and Kelly, 1993; Kelly and Gubbins, 1997) have attempted a full
spherical harmonic analysis of the data and claim that significant nonzonal terms
are present. The second-order terms are small in relation to the geocentric axial
dipole term and their determination is sensitive to a variety of artifacts of the
data that can be shown to be present. A significant problem seems to be the
incomplete magnetic cleaning of Brunhes-age overprints in reversely magnetized
rocks (Merrill and McElhinny, 1983; McElhinny et al., 1996). Until a significant
data set becomes available with the demagnetization procedures and directional
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analyses represented by DC = 4 (Table 6.2), it seems unlikely that further
progress can be made. In the absence of such a data set, it seems likely that the
apparent differences between the normal and reverse data given in Table 6.3 and
shown in Figs. 6.2 and 6.3 arise as a consequence of the current data being
inappropriate for the resolution of such second-order problems.

For the time interval 0—5 Ma the best estimate of the geocentric axial
quadrupole term is given by the ratio g5 /g’ = 0.038+0.012 (McElhinny ef al.,
1996). That is, the geocentric axial quadrupole present in the time-averaged
paleomagnetic field is less than 4% of the geocentric axial dipole and has the
same value for the normal and reverse fields. The presence of such a geocentric
axial quadrupole would mean that paleomagnetic poles would be in error by no
more than 3-4° if only a geocentric axial dipole field is assumed. This is much
less than the typical 95% confidence limits determined for paleomagnetic pole
positions. Therefore, the GAD is an acceptable model for paleomagnetic data in
the range 0—5 Ma.

6.3.2 The Past 3000 Million Years

Attempts have been made to measure the ratio gg / glo for epochs older than
5 Ma, but these analyses suffer even more from data artifact problems than the
analysis of data for the time interval 0—-5 Ma discussed in §6.3.1. It is reasonable
to assume that continental drift has been small over the past few million years
and that the relation of present continents to the axis of rotation has remained
unchanged. For older times it is necessary to reconstruct the continents using
sea-floor spreading data and then analyze the paleomagnetic data for each
configuration. For Cretaceous and younger epochs these analyses suggest that it
is unlikely that the geocentric axial quadrupole term has ever been more than a
few percent of the geocentric axial dipole term (Coupland and Van der Voo,
1980; Livermore ef al., 1984).

If paleomagnetic poles for a given geological epoch (e.g., the Permian of
Europe or North America) are consistent for rocks sampled over a large
geologically stable region such as a craton of continental extent, this provides
compelling evidence that the dipole assumption used in calculating the poles is
essentially correct. However, this does not in itself provide any information
about whether the dipole is axial. Testing the axial nature of the field requires
some independent measure of paleolatitude as will be described in §6.3.4.

Evans (1976) suggested a test of the dipolar nature of the geomagnetic field
throughout the past. For any given magnetic field a definite probability
distribution of magnetic inclination, /, exists for measurements made at
geographical sites uniformly distributed around the globe. This is easily obtained
by simply estimating the surface area of the globe corresponding to any set of |/]
classes. For example, the dipole field is horizontal at the equator and has |/] = 10°
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at latitude 5.0°. At the poles the field is vertical and has |/} = 80° at latitude 70.6°.
The surface areas of these two zones imply that if sampling is sufficient and
geographically random the 0° < [/] < 10° band would make up 8.8% of results
and the 80° < |/| < 90° band would make up only 5.7% of results.

The present uneven distribution of land on the Earth’s surface and the
existence of areas of relatively intense study means that in present-day terms a
random geographical sampling of paleomagnetic data has not been undertaken
from this uniform distribution. However, over the past 600 Myr or more,
considerable movement of continents relative to the pole has taken place and it
might be assumed that this has been sufficient to render the paleomagnetic
sampling random in a paleogeographical sense. Evans (1976) therefore
compared the observed frequency distribution of |/] from paleomagnetic data
over the past 600 Myr with that expected for the first four axial multipole fields
using 1271 observations. This analysis was later updated by Piper and Grant
(1989) using 4787 observations covering the past 3000 Myr. Kent and Smethurst
(1998) analyzed 6419 mean inclinations for data covering the past 3500 Ma. The
dependence of [/] on colatitude © for axial multipoles can be obtained from the
relationship

-(1+)HP,

tanl, = ,
(0P,/ 86)

(6.3.6)

where P, is the Legendre polynomial of degree / and /; is the inclination arising
from an axial multipole of degree /. The expected frequency distributions of |/|
for the first three multipoles are illustrated in Fig. 6.4a.

In their analysis of global paleomagnetic data Kent and Smethurst (1998) used
the data listed in the Global Paleomagnetic Database (§6.2.3). They excluded
only those results described by the authors in each case as representing
secondary magnetization. This rather liberal acceptance criterion allowed a large
data inventory, but Kent and Smethurst (1998) argued that any systematic errors
introduced through the selection of data that have been remagnetized can be
modeled and evaluated statistically. To minimize any bias from the
overconcentration of data from any region, the observed values of |]] were
averaged within 10° x 10° latitude/longitude areas for eleven geological periods
in the Phanerozoic (Neogene, Paleogene, Cretaceous,..., Ordovician, and
Cambrian) and in 50-Myr intervals in the Precambrian. This technique results in
fewer but more evenly distributed data points and is similar to that used by
Evans (1976). These data were then grouped to construct frequency distributions
of || for the Cenozoic (253 points), Mesozoic (342 points), Paleozoic (352
points), and Precambrian (531 points), a total of 1478 binned data points, or
about one-quarter of the 6419 discrete inclinations. For the Phanerozoic the 5142
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Fig. 6.4. (a) Comparison of the probabilities of observing magnetic inclination |4 within 10° latitude
bands for the first three axial multipole fields. (b) The observed frequency distribution of [1] for the
Cenozoic, Mesozoic, Paleozoic and Precambrian compared with that expected for the GAD. The
numbers in brackets are the numbers of 10° x 10° latitude/longitude areas averaged in each case.
After Kent and Smethurst (1998), with permission from Elsevier Science.

inclination values analyzed by Kent and Smethurst (1998) are represented by
947 bins, compared with the 1271 values analyzed by Evans (1976) in 430 bins.
The observed frequency distributions of |/] for the Cenozoic, Mesozoic,
Paleozoic, and Precambrian calculated by Kent and Smethurst (1998) are shown
in Fig. 6.4b. Data for the Cenozoic and Mesozoic closely resemble the GAD
model and a x2 test confirms that there is no statistical reason to reject the
hypothesis that these data conform with the predicted GAD distributions.
However, the data for the Paleozoic and Precambrian are decidedly skewed
toward lower values and a x2 test confirms that these distributions differ
significantly from the expectations of the GAD model. Kent and Smethurst
(1998) argue that if the bias to low inclination values for the Paleozoic and
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Precambrian is due to contamination by younger magnetizations then one would
expect such overprinting to produce frequency distributions more like the GAD-
like patterns of the Mesozoic and Cenozoic. They therefore conclude that the
paleomagnetic field in the Paleozoic and Precambrian can best be explained by a
geomagnetic source model which includes a relatively modest (~25%)
contribution to the geocentric axial dipole from a zonal octupole field and an
arbitrary zonal quadrupole contribution. An alternative, and perhaps more likely,
explanation is that the underlying assumption of random sampling of the globe
through continental drift during the Paleozoic and Precambrian is invalid. In this
case, if the GAD model is assumed, the results may reflect a tendency for
continental lithosphere to have been continuously cycled into the equatorial belt.

6.3.3 Global Paleointensity Variations

The intensity of the Earth’s magnetic field varies from the equator to the pole
and for a geocentric axial dipole field has a latitude variation given by (1.2.7).
This variation may be rewritten as

F= :‘0—”’3(1 +3sin? A)% = Fy(1+3sin? 1) (6.3.7)
na

where F is the equatorial value of the intensity of the geocentric axial dipole
field, m is the Earth’s dipole moment and a is the radius of the Earth (see
§1.2.4). If the GAD model is valid in the past, then worldwide paleointensity
measurements should show an equator to pole variation given by (6.3.7), in
which the intensity at the pole is twice the equatorial value. For more details on
the determination of paleointensities in the geological past, readers are referred
to Merrill er al. (1996).

The determination of paleointensities is a much more difficult problem than
the determination of paleomagnetic field directions. This is because the method
that is generally considered most reliable requires that the sample be heated and
cooled in successively higher temperatures up to the Curie temperature and this
can result in chemical changes taking place. Thus often many measurements are
made that produce no reliable result (e.g. Kosterov et al., 1998), and the number
of determinations that have been made globally is relatively few. Also, it has
been found that paleointensities for any epoch can vary quite widely with
standard deviations of ~50% of the mean value to be expected (McElhinny and
Senanayake, 1982; McFadden and McElhinny, 1982; Kono and Tanaka, 1995;
Perrin and Shcherbakov, 1997). Therefore, in order to determine reasonably
well-defined mean values for any latitude, it is necessary to make a large number
of measurements.
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Fig. 6.5. Global paleointensities plotted as a function of paleomagnetic latitude. Paleointensities are
averaged over 20° latitude bands. Vertical bars show the 95% confidence limits. The numbers of
units used in averaging are indicated. Crosses with dashed vertical error bars are for 0—10 Ma, and
solid circles with solid vertical error bars are for 0—400 Ma. The curves represent the best fits for a
geocentric axial dipole field; dashed curve for 0—10 Ma, solid curve for 0—~400 Ma. From Perrin and
Shcherbakov (1997).

The most recent summaries of the latitude variation of paleointensities in the
past are given by Tanaka et al. (1995) for the time interval 0-10 Ma, and by
Perrin and Shcherbakov (1997) for 0-400 Ma. Mean values averaged over 20°
latitude bands given by these authors are summarized in Fig. 6.5 and the best fit
curves to each data set for a geocentric axial dipole field are drawn through the
data. Although all the mean values for each band are shown in Fig. 6.5, it should
be noted that Perrin and Shcherbakov (1997) take the view that when the number
of units being averaged is less than 20 then the calculated mean value cannot be
considered reliable. A chi-square test indicates that the data are consistent with
the latitude variation to be expected from a geocentric axial dipole field, so the
current data set gives no statistical reason to reject the GAD model. This
provides useful confirmation of the acceptability of the GAD model for the past
400 Myr. A subset of the global data set for the time of the Mesozoic dipole low
(120-260 Ma) is also consistent with the GAD model (Perrin and Shcherbakov,
1997). Therefore, it appears that the GAD remains a reasonable first-order model
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irrespective of the variation in the Earth’s mean dipole moment. The best fitting
curves shown m Fig. 6.5 give the mean geocenmc axial dipole moment as
7.8 x 10 Am? for 0~10 Ma and 6.5 x 107 Am for 0—400 Ma. These may be
compared thh the present value of 7. 9 x 10?2 Am? for the best fitting dipole and
7.7 x 10 Am” for the axial dipole ( g, term).

6.3.4 Paleoclimates and Paleolatitudes

At the present time the mean annual equatorial temperature is about +25°C, and
the polar value is about —25°C. Although the range in temperature from the
equator to the pole may have varied in the past, the simplest model used by
paleoclimatologists relates to the fact that the net solar flux reaching the surface
of the Earth has a maximum at the equator and a minimum at the poles.
Temperature therefore can be expected to follow the same pattern. The density
distribution of many climatically sensitive sediments (climatic indicators) at the
present time shows a maximum at the equator and either a polar minimum or a
high-latitude zone from which the indicator is absent (such as reefs, evaporites
and carbonates). A less common distribution, seen today in the distribution of
glacial phenomena and some deciduous tress for example, has a maximum in
polar and intermediate latitudes. Paleoclimatologists have demonstrated over the
past few decades that the distribution of paleoclimatic indicators can be related
to the present-day climatic zones that are roughly parallel with latitude (e.g.
Parrish et al, 1982; Witzke, 1990). Therefore, if the expected latitude
distribution of various paleoclimatic indicators can be generalized, it becomes
possible to use statistical methods to estimate pole positions over geological time
(Scotese and Barrett, 1990).

Irving (1956) first suggested that comparisons between paleomagnetic results
and geological evidence of past climates could provide a test for the GAD
hypothesis over geological time. The essential point is that both paleomagnetic
and paleoclimatic data provide evidence for past latitudes and the factors
controlling climate are quite independent of the Earth’s magnetic field. The
determination of the paleomagnetic pole for any region on the GAD assumption
enables paleolatitude lines to be drawn across the region (§1.2.3). These are then
compared with the occurrences of various paleoclimatic indicators. These
comparisons can be made in four distinct ways.

(i) The time variation of paleolatitude for any single place may be compared
with paleoclimatic evidence from that place (Blackett, 1961; Irving, 1956).

(ii) The space variations of paleolatitude over a given region for a given time
may be represented as maps with the paleolatitudes and the occurrences of
paleoclimatic indicators compared (Runcorn, 1961; Opdyke, 1962; Irving
and Briden, 1962; Drewry et al., 1974).
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Fig. 6.6. Equal angle latitude histogram for organic reefs. (a) Present latitudes of modern reefs.
(b) Paleolatitudes of fossil reefs. After Briden and Irving (1964), with permission from John Wiley
& Sons.

(iii) The latitude (or paleolatitude) range of the main occurrences of
paleoclimatic indicators may be plotted against geological time (Briden and
Irving, 1964).

(iv) The paleolatitude values for a particular occurrence may be compiled in the
form of equal angle or equal area histograms to give the paleolatitude
spectrum of the particular indicator (Irving and Gaskell, 1962; Irving and
Briden, 1962; Briden and Irving, 1964).

Method iv is the most useful approach to adopt. Three of the four examples that

follow are from the compilations of Briden and Irving (1964). Although these

examples are based on paleomagnetic data available at that time, for the
purposes of the comparison they are still reasonably valid because the analyses
are based on averaging over 10° latitude bands.

The distribution of modern coral reefs is symmetrical about the equator
(Fig. 6.6a), the maximum frequency occurring between 10 and 20° latitude with
most occurrences lying within 30° of the equator. The present latitude of fossil
reefs does not show this distribution, but when referred to their paleolatitudes
(Fig. 6.6b) the spectrum is similar to that of modern reefs, with over 95% of the
occurrences falling within 30° of the equator. The deposition of evaporites is
thought to require high temperatures, the most notable deposits being in the
tropical and temperate deserts or semideserts, associated with the dry trade wind
belts and with the arid centers of large continents. There are no occurrences
recorded north of 53°N or south of 43°S (Fig. 6.7a) and there are only two
regions, one in east Africa and the other in Peru, in which evaporite deposition
occurs within 10° of the equator. The present latitudes of fossil evaporites
through the geological column show a spread from over 30°S to over 80°N, but
when referred to their paleolatitudes the distribution condenses into one in which
75% lie within 30° of the paleoequator (Fig. 6.7b).

An example that relates to plant distribution is that of coalfields. Coal deposits
indicate the existence of moist conditions that could arise from either heavy
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Fig. 6.7. Equal-angle latitude histogram for evaporites. (a) Present latitudes of modern evaporites.
(b) Paleolatitudes of fossil evaporites where paleomagnetic data are available. After Briden and
Irving (1964), with permission from John Wiley & Sons.

precipitation in warm environments or modest rainfall in cold climates. Coal
forms where the accumulation of vegetation exceeds its removal or decay. This
occurs either in hot rain forests where, although decay is rapid, growth rates are
high, or in cold environments where, al